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Abstract. A very simple, diffusive energy balance at- 
mosphere is coupled to the GFDL ocean circulation 
model. This provides a useful tool for analyzing cli- 
mate drift in the ocean model after coupling, and may 
be used to assess various schemes for minimizing such 
drift. In the experiment reported here, the atmosphere 
is constructed in such a way that it provides the ocean 
model at the moment of coupling with the same fluxes 
as during spinup. The experiment is therefore equival- 
ent to coupling a perfectly flux-corrected atmosphere 
model, and is used to investigate the response of the 
ocean model under these conditions. In spite of the 
steady, passive, flux-corrected atmosphere, the ocean 
model drifts to a new equilibrium state after coupling. 
The transition takes about 2000 years; the new state is 
characterized by different sites of deep convection and 
resulting changes in high-latitude SST and global deep 
temperatures. The mechanism for the transition is an 
instability of the oceanic convection patterns under the 
new feedback, felt after coupling. A similar state tran- 
sition of the ocean model may be triggered by the cou- 
pling shock in fully coupled GCMs. If this is so, the 
transition would contaminate the results of climate 
scenario experiments, and it would explain part of the 
residual drift observed in coupled models in spite of 
the use of flux corrections. 

1 Introduction 

Coupled general circulation models of the ocean and 
atmosphere are an increasingly important tool used to 
study the climate of our home planet. They have even 
gained political relevance at a time when humanity is 
interfering with the climatic balance in numerous ways, 
and when the capability to understand and forecast the 
long-term effects of this interference has become a 
pressing need (Houghton et al. 1990). Due to the large 
computer power needed, it has only recently become 
feasible to run coupled circulation models for climate 
forecasts. While there is considerable experience with 

atmospheric circulation models and, to a lesser extent, 
with ocean circulation models, only little is known 
about their coupled behaviour. 

It is still too expensive to perform routinely experi- 
ments of several thousand years duration with coupled 
GCMs. Such long model integrations would be re- 
quired, however, for the coupled system to find a qua- 
si-steady equilibrium state~ since the response time of 
the deep ocean circulation is measured in thousands of 
years. To bypass the need for prohibitively expensive 
coupled "spin-up" runs, the ocean and atmosphere 
models are either spun up (i.e. integrated to equili- 
brium) using an asynchronous integration method 
(Manabe and Stouffer 1988), or they are spun up sepa- 
rately and then coupled (Cubasch et al. 1992; Manabe 
and Stouffer 1994). Both approaches have problems. A 
coupled spin-up from rest may lead to an unrealistic 
equilibrium state, e.g. without the oceanic conveyor 
belt circulation (Manabe and Stouffer 1988). A sepa- 
rate spin-up of ocean and atmosphere allows the pre- 
paration of realistic initial states for both subsystems, 
but the equilibria obtained separately do not necessar- 
ily match well, nor are they necessarily stable under 
coupled conditions. 

The latter is particularly true for the ocean model. 
The ocean's deep circulation is a nonlinear system with 
complex behaviour; under realistic surface forcing it 
displays multiple equilibrium states, transitions be- 
tween those and oscillations as well (see Weaver and 
Hughes 1992 for a review). The spin-up is normally 
performed with a physically unrealistic boundary con- 
dition, where surface temperature and salinity are 
strongly restored to some prescribed values (usually 
from observations). This ensures a stable equilibrium 
solution with surface temperature and salinity values 
close to the observed ones. This particular equilibrium 
state may be unstable when a different type of surface 
forcing is applied, for example by coupling an atmos- 
phere model, leading to climate drift in the coupled 
model. Since there are different equilibria of the cou- 
pled system, the one that the model drifts towards may 
not be desirable; for example it may be one without 
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Fig. 1. Topography of the global ocean model. Vertical axis is depth (one tick is 1 km); colour gives the number of model levels 

any North Atlantic deep water formation. A n d  even if 
the new coupled equilibrium is a desirable, realistic cli- 
mate, we cannot afford the integration time to reach it. 
Therefore, one usually attempts to suppress climate 
drift after coupling by introducing a "flux correction" 
(Sausen et al. 1988). This diagnoses the ocean-atmos- 
phere fluxes computed from the ocean and the atmos- 
phere model spin-up, calculates the difference between 
those and the fluxes arising under coupled conditions, 
and subsequently adds this difference as a fixed "cor- 
rection" to the fluxes during the coupled experiment. 
In some cases the spin-up of both models is not done 
completely separately, but a restoring term is added 
during a coupled spin-up. The variable being restored 
to observed data is then essentially decoupled (e.g. sal- 
inity in Manabe and Stouffer 1988, or both salinity and 
temperature in Manabe and Stouffer 1994). The same 
stability considerations that apply for a separate spin- 
up at the moment of coupling apply also here, at the 
moment when the restoring term is switched off. 

The use of flux "correction" is an ad-hoc measure 
not based on an understanding of the cause of the drift. 
Furthermore, in spite of the arguments presented in 
Sausen et al. (1988), flux corrections do not succeed in 
preventing all drift (Santer et al. 1994). A greater un- 
derstanding of the behaviour of the ocean model under 
coupled conditions is urgently needed. Since full-blown 
atmospheric GCMs are so expensive to run, this 
knowledge can only come from coupled experiments 
with simple, 'cheap' atmosphere models, which ap- 
proximate the behaviour of a real GCM (and the real 
atmosphere). Such a study is presented here. The 'at- 
mosphere model' used is extremely crude and simple; 

nevertheless (or because of this) important insights can 
be gained. This study presents results with a perfectly 
matched, or "flux corrected", atmosphere, which at the 
moment of coupling offers the ocean model exactly the 
same fluxes as during spin-up, though with different 
feedback. Future work will examine experiments with 
different types of "mismatched" atmosphere. 

2 An ocean model with simple atmospheric coupling 

2.1 Model  details and spin-up 

In this study I have used the GFDL modular ocean 
model (Pacanowski et al. 1991, 1993) in a coarse reso- 
lution, global configuration with twelve levels in the 
vertical, very similar to the models of England (1993) 
and Manabe and Stouffer (1994). The topography of 
this model is shown in Fig. 1. The model was initially 
spun up from rest by applying wind stress from Heller- 
man and Rosenstein (1983) and restoring the surface 
level to annual mean temperature and salinity data 
from Levitus (1982) (averaged over the top 50 m and 
interpolated to the model grid). Very low salinity val- 
ues from inside the Baltic as well as the fjords of Tierra 
del Fuego, which affected some grid points, were re- 
jected and replaced by typical ocean values from the 
region (Rahmstorf 1995a). The restoring time scales 
were short for this spin-up (30 days for T and 50 days 
for S). The horizontal and vertical viscosities were 
2.5.105 m2/s and 5.10-3 m2/s respectively. Mixing was 
parameterized by depth-dependent diffusivities, vary- 
ing for horizontal mixing from 1.0-103 m2/s at the sur- 
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Fig. 2. Freshwater flux (P-E) field used to force the ocean model. 
Areas of net evaporation are shaded. Contour interval 2 m/y 

ent atmospheric coupling, and will henceforth refer to 
it as the 'spin-up state'. Some values characterizing the 
barotropic flow field in this spin-up state are as follows: 
subtropical gyre in the North Pacific 58 Sv, in the 
South Pacific -49  Sv; in the North Atlantic 39 Sv and 
in the South Atlantic -40  Sv; subpolar gyres in the 
North Pacific - 9  Sv and in the North Atlantic -40  Sv. 
The Drake Passage flow is 200 Sv, and the Indonesian 
throughflow 17 Sv. No depth-integrated flow through 
Bering Strait is allowed in this model. The zonally av- 
eraged meridional flow field has an NADW cell of 18 
Sv and an AABW cell of 7 Sv in the Atlantic, and a 
deep inflow into the Indian and Pacific Oceans (com- 
bined) of 11 Sv. 

2.2 Thermal coupling to the atmosphere 

face to 0.5-103 mZ/s in the deepest level, and for verti- 
cal mixing from 0.3.10-4 m2/s to 1.3.10 4 m2/s. All 
static instability was removed at each time step by a 
fast and complete convection scheme (Rahmstorf 
1993). Split time stepping (Bryan 1984) was used for all 
the experiments (but one), with a tracer time step of 
one day and a momentum time step of one hour. 

After 4800 years of integration the model was near 
equilibrium and the surface flux of freshwater was di- 
agnosed. This flux field, shown in Fig. 2, was used as a 
fixed flux boundary condition in all subsequent experi- 
ments, after the small residual trend (less than 10 .6 
psu/y) had been subtracted. The rationale of using such 
'mixed' boundary conditions (with fixed freshwater 
flux) has often been discussed before (e.g. in the re- 
views of Weaver and Hughes 1992; Marotzke 1994); 
they provide a physically more realistic response which 
is essential for time-dependent experiments and multi- 
ple steady states, while restoring is useful for produc- 
ing a particular steady solution of the model. The diag- 
nosed freshwater flux field shows characteristic region- 
al features such as net rainfall along the equator and 
over the Antarctic Circumpolar Current, and evapora- 
tion in the subtropical gyres. Particularly relevant for 
the stability of North Atlantic Deep Water formation 
is the band of net precipitation across the northern 
North Atlantic at about 60°N. In its broad features this 
field is similar to the one diagnosed from the model of 
Maier-Reimer et al. (1993). 

After the switch to mixed boundary conditions the 
model made a transition to a new equilibrium state; the 
vertical overturning rate in the Atlantic increased from 
21 Sv (the value under restoring boundary conditions) 
to 24 Sv. A brief freshwater perturbation in the con- 
vection region off Greenland (an additional rainfall of 
2 m/y was added for 10 years) caused another transi- 
tion, this time to an equilibrium state with 18 Sv over- 
turning. These multiple equilibria under traditional 
mixed boundary conditions are caused by changes in 
convection patterns (Rahmstorf 1995b), but are not the 
subject of this study. Rather, we will here use this final 
state as our starting point for experiments with a differ- 

The restoring condition on temperature, as on salinity, 
is a useful tool for spinning up an ocean state with the 
desired SST distribution, but does not provide a physi- 
cally realistic response to large-scale changes in circula- 
tion, as it assumes fixed atmospheric temperature (Ha- 
hey 1971). An alternative approach, which is suitable 
for climate experiments, is to determine the atmos- 
pheric temperature from an atmospheric heat budget. 
This simple heat budget can be used to determine the 
response to SST anomalies. A warm anomaly, for ex- 
ample, will lead to increased heat flux from the ocean 
to the atmosphere, and the atmosphere will warm until 
it can balance this heat by increased longwave radia- 
tion to space and by transporting heat laterally; the 
heat capacity of the atmosphere is negligible in this 
context. How effective the lateral dispersion of ano- 
malies is depends on the spatial scale of the anomaly. 
The atmosphere can remove small-scale anomalies 
more easily than large-scale anomalies; a global ano- 
maly can only be damped by longwave radiation. Per- 
haps the most simple way to simulate this fundamental 
balance is a one-layer atmosphere model with horizon- 
tal heat diffusion and a linear parameterization of 
longwave radiation. Based on this approach, we have 
recently proposed the thermal boundary condition 

Q = ?(V* - To) -#VZ(T * - To) (1) 

(Rahmstorf and Willebrand 1995). Q is the heat flux at 
the ocean surface, To the ocean surface temperature, 3, 
a radiative relaxation constant (3 Wm-2K-1) ,  /x a 
constant related to atmospheric heat diffusion, and T* 
defines a climate without oceanic heat transport, 
around which Eq. 1 linearized. The atmospheric tem- 
perature is a diagnostic variable in this model; it is al- 
ready eliminated from Eq. 1 by inserting the atmos- 
pheric heat budget equation. For any SST deviation 
from the 'background' climate T*, caused by oceanic 
heat transport or storage, there is a balance between 
surface heat flux, longwave radiation to space (first 
term on the right) and lateral diffusion in the atmos- 
phere (second term). This equation is in fact a trun- 
cated version of a full diffusive atmosphere model, us- 
ing the additional assumption that air-sea coupling is 
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infinitely strong. This truncation overestimates the 
damping of the smallest scale anomalies (which is lim- 
ited by the effectiveness of air-sea exchange in the full 60° 
model),  but  this poses no serious problem in coarse 
models, which only resolve large scales anyway. The 30 ° 
damping of large-scale anomalies is limited by horizon- 
tal diffusion in the atmosphere and longwave radiation 0 o 
to space, and is approximated well by the truncated 
formula. 

_30 ° Equat ion 1 is sometimes mistaken for the tradition- 
al restoring formula with an added Laplacian t e rm.  
While this may be formally correct,  physically it is not. -60° 
In traditional restoring (Haney 1971), the restoring 
term represents mainly air-sea coupling (for constant 
air temperature) ,  and its sensitivity is of the order  50 
Wm-2K--1 .  In Eq. 1, the term which has the form of a 60 ° 
restoring term is in fact the linearized parameterizat ion 
of longwave radiation, with a sensitivity of only 3 
W m - 2 K - 1 .  The local air-sea coupling limit considered 30° 
by Haney  is assumed to be infinite in our truncated 
model,  or 50 W m - 2 K - 1  in the full model,  and affects 0 ° 
only small-scale tempera ture  anomalies. 

Equat ion 1 provides a simple approximation to the -3o ° 
kind of large-scale thermal  feedback which the ocean 
model  would feel if coupled to a 'real '  a tmosphere _60 o 
model.  Studies with an idealized two-basin ocean mod- 
el have already shown that this feedback is important  
and leads to ra ther  different behaviour  of the ocean 
model  compared to classical mixed boundary  condi- 
tions (Rahmstorf  1994, 1995b; Rahmstorf  and Wille- 60 ° 
brand 1995). The main proper ty  of Eq. 1 is that it does 
not tie down the model  SST as much as the traditional 30 ° 
restoring approach, but  allows SST to respond with a 
realistic amplitude to changes in oceanic heat trans- 0 o 
port. The effective coupling for the global mean tem- 
perature  is 3 W m - 2 K - 1 ,  for thermohaline circulation 
changes it is about  10 W m - 2 K - 1  (Rahmstorf  and Wil- -30° 
lebrand 1995), and for grid scale anomalies it increases 
to 50 W m - a K  -1. The major restrictions are that atmo- -60 ° 
spheric heat transport  is parameter ized as a simple dif- 
fusion law (a choice which is supported by experiments 
with a more  elaborate energy balance model  including 
advection, Kleeman and Power 1995) and that there is 
no heat  exchange across land boundaries.  

The constant /x was chosen to be 2 .10 ~3 W/K, ta- 
pered  in zonal direction in the two nor thernmost  grid 
rows for numerical stability reasons. This number  is re- 
lated to the diffusivity of the atmosphere as discussed 
by Rahmstorf  and Willebrand (1995); our  value c o r r e -  
sponds to a diffusivity of the atmosphere of 2.106 m2/s, 
which is within the range deduced f rom Stone and 
Miller's (1980) empirical relationship between merid- 
ional tempera ture  gradient and heat transport.  

The  forcing field T* (x, y) can be obtained in various 
ways, for example by running an atmosphere model  
with a 'swamp ocean'  of zero heat capacity as lower 
boundary;  T* would be the tempera ture  of the 
'swamp'. For  the present  study, however,  I constructed 
a T* field which perfectly matches the 'spin-up state' of 
the ocean described, by inverting Eq. 1 using Q and To 
from the last t ime step of the spin-up. T* was deter- 

1 2 0 "  1 8 0  ° 2 4 0  ° 3 0 0  ° 0 ° 6 0  ° 

Fig. 3. a Temperature field from Levitus, upper 50 m of the 
ocean, interpolated to the model grid. This field was used as res- 
toring field during spin-up of the ocean model; b field of T* de- 
rived by inverting Eq. 1 with heat flux Q and surface temperature 
To from the spin-up state. This field was used in the experiment 
with the diffusive atmosphere; c final surface temperature after 
5000 years of integration with the diffusive atmosphere; compare 
to a 

mined using a Gauss-Seidel iteration, to an accuracy in 
the heat flux Q of 10-6  W/m 2 at each  grid point. The  
resulting T* field is shown in Fig. 3b; for comparison 
the Levitus SST field used for the spin-up is shown in 
Fig. 3a, and the final model  SST field (see next section) 
in Fig. 3c. 

The inverted T* field is an interesting result in itself. 
If our model  approach was perfect,  then T* should be 
free of all effects of oceanic heat transport,  which are 
an important  part of the observed (Levitus) or mod- 
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Fig. 4a-c. Zonal averages of the three temperature fields shown 
in Fig. 3. Solid line: zonal average of all oceans; dashed line, At- 
lantic ocean; dash-dotted line, Pacific ocean; dotted line, Indian 
Ocean. Note the 4 ° C temperature contrast between North Atlan- 
tic and North Pacific in the observations a and the model SST c, 
which is not prescribed in the forcing field T* b, and the larger 
amplitude of the forcing 

elled SST field. For  example, the tongue of cold water 
spreading from Peru westward into the Pacific is prob- 
ably an advective feature related to the Humboldt  cur- 
rent; alternatively it could be created partly by stratus 
cloud off Peru. If the former  explanation is true, the 
cold tongue should not  be visible in the forcing field 
T*, but ra ther  be generated entirely by the ocean mod- 
el. The fact that it is not then points to a weakness of 

coarse ocean models: swift currents are generally too 
sluggish. In contrast, the western Pacific warm pool is 
generated by the model  by oceanic advection; in the 
forcing field the highest temperatures  are in the central 
Pacific. The very cold forcing temperatures  in the 
South Atlantic (below - 8 ° C) again point to a problem 
in the ocean model: large and probably unrealistic con- 
vective heat loss occurs there in the spin-up state. Of 
particular interest is the SST difference between North 
Pacific and North Atlantic, which is best seen in a zon- 
ally averaged picture (Fig. 4). If this temperature  con- 
trast is caused by the conveyor belt circulation of the 
ocean, then it should not exist in T*. This is indeed the 
case in our model. Figure 4 also shows how the tem- 
perature contrast between low- and high-latitudes is 
larger in T* than in the Levitus data or the final model 
SST (Fig. 4c), because meridional heat transport  by the 
oceans ameliorates this contrast. The longitude-de- 
pendence of T* in the Southern Ocean seen in Fig. 4b 
is a consequence of the distribution of convection men- 
tioned. 

3 Climate drift after coupling 

3.1 Response of  the ocean to coupling 

We will now discuss how the ocean model  responds to 
the switch from classical mixed boundary conditions 
(with restoring on temperature)  to the new thermal 
coupling (Eq. 1). In some respects this corresponds to 
the coupling of an atmosphere model  to an ocean mod- 
el spun up with mixed boundary conditions. The at- 
mosphere model  is perfectly 'flux corrected'  in this ex- 
periment; the freshwater flux remains the same as be- 
fore, and T* was constructed to provide exactly the 
heat flux which the spin-up state wants. It is important  
to realize that this is fully equivalent to starting from 
an arbitrary atmospheric model  climate (i.e. an arbitra- 
ry T* field) to which a fixed flux correction term is ad- 
ded, just as in 'real'  coupling experiments and as de- 
scribed in Sausen et al. (1988). Any fixed additive flux 
correction field AQ (x, y) can be rewritten in the form 
7T'  (x, y ) - / ~ 7 2 T '  (x, y), so that the flux correction 
term can be absorbed in T*. 

All that changes for the ocean at the moment  of 
coupling in this experiment  is that it feels a different 
thermal feedback. The value of this experiment  is that 
it isolates processes which occur in the ocean model  
upon coupling. In a fully coupled model, these are 
clouded by the variability of the atmosphere,  and the 
reason for changes occurring after coupling cannot be 
attributed to a specific cause or process. In our case, 
the 'a tmosphere '  has no internal variability; it just re- 
sponds to changes in the ocean in a simple and predict- 
able manner.  This experiment  should reveal part of the 
variability which arises after coupling an ocean model 
to an atmosphere model; an important  part, as we will 
see. 

Figure 5 shows time series of three indicators of 
deep ocean circulation after coupling at t=0 .  It is im- 
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Fig. 5. Time series of deep circulation indicators just before and 
during the first 2000 years after coupling the diffusive atmos- 
phere. The volume transport of the NADW and AABW cells in 
the Atlantic, and the deep inflow into the Pacific are shown (see 
also Fig. 6) 
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Fig. 6a, b. Meridional stream function of the final model equili- 
brium 5000 years after coupling, a Atlantic Ocean; b Pacific and 
Indian Ocean; maxima of NADW cell (+), AABW cell (A) and 
Indo-Pacific inflow (*) are marked; time series of these maxima 
are displayed in Fig. 5 

mediately clear that the previous model  equilibrium is 
not stable after the switch to a different thermal feed- 
back at the surface. Major changes in the deep circula- 
tion occur; the deep inflow into the Indo-Pacific (see 
Fig. 6 for a definition) increases f rom 11 Sv to over 15 
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Fig. 7. Time series of basin-averaged temperatures at level 10 
(3000 m) during the first 2000 years after coupling 

Sv within the first 60 years, then drops back after 100 
years. Two thousand model years after the 'coupling 
shock' a new equilibrium is approached (see Fig. 6) 
with a circulation similar to the spin-up state except 
that N A D W  formation has dropped from 18 Sv to 16 
Sv. Figure 7 shows, however, that large and permanent  
changes in deep ocean tempera ture  have resulted from 
the coupling. The average tempera ture  in the North  
Atlantic at 3000 m depth has dropped by 1 ° C. 

How important  are these changes for the 'climate' 
of a coupled model? The ocean model  affects the at- 
mosphere  only through the sea surface temperature,  so 
this is the most important  climate variable. Snapshots 
of SST changes at four different times after coupling 
are shown in Fig. 8. We have faith that the magnitude 
of such changes, resulting from changes in oceanic heat 
transport,  is realistic in the simple coupled model, be- 
cause it produces the correct  SST contrast between 
northern Atlantic and Pacific (see earlier). 

The  figure shows that regional SST changes of over 
2°C occur after the 'coupling shock'. These changes 
are concentrated in the deep convection regions of the 
North Atlantic and Southem Ocean. The changes are 
no gradual drift or oscillation; rather  they appear  to be 
"switched on" at different times in different regions. 
The first major  SST change is a 'dipole'  in the South 
Atlantic, which is fully developed 10 years after cou- 
pling, and remains in all subsequent snapshots up to 
the end of the experiment  after 5000 years. A sudden 
warming in the Ross Sea, in contrast, appears only aft- 
er 250 years. 

Figure 9 shows the corresponding tempera ture  
changes at 1600 m depth and Fig. 10 at 3700 m depth. 
At  both levels there is widespread cooling of deep wa- 
ter at the end of the run compared to the spin-up (Figs. 
9, 10b), but  initially, during the first 100 years, some 
basins get warmer  at depth (Figs. 9, 10a). Again it is 
clear that the changes originate in the convection re- 
gions. 

Similar SST changes centred in high-latitude con- 
vection regions occur also in coupled GCMs after cou- 
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pling (e.g. Santer et al. 1994). The Hamburg group has 
produced a 650 year (up to the moment of writing) 
'control climate' experiment with a coupled GCM, 
which is comparable to my experiment except that a 
full atmospheric circulation model is used. This experi- 
ment exhibits variability of similar type, magnitude and 
time scale in the deep ocean circulation and in deep 
and surface temperatures after coupling (Jin-Song von 
Storch, personal communication). The coupled climate 
change scenario experiment of Cubasch et al. (1995) 
shows patches of warming and cooling of about 2°C 
amplitude in the Southern Ocean in the initial decades 
(from 1935 to 1995), which look very similar to the 
ones seen in Fig. 8. Such temperature changes are 
usually attributed to changes in sea ice cover in the 
Southern Ocean, which could be due to the sea ice 
model. The fact that similar changes also arise in the 
simplified model used here, which includes no sea ice, 
suggests an alternative explanation. Sea ice changes in 
the coupled experiments could be triggered by (and 
perhaps amplify) the kind of high-latitude SST changes 
analyzed in this paper. 

For climate predictions with coupled models it is 
important to see whether the global mean surface tem- 
perature is also affected. Our simple atmosphere can 
produce no such changes in itself; the equilibrium glo- 
bal mean SST is fixed by Eq. 1 and is equal to the glo- 
bal mean of T*. Nevertheless the ocean can cause tem- 
porary deviations of mean SST by releasing stored 
heat. The amplitude of such an SST change is gov- 
erned by the global mean of Eq. 1, where the last term 
vanishes, and thus by the 'climate sensitivity' y. This is 
the same for our simple model or a more sophisticated 
atmospheric model; our choice of y is within the range 
given by the IPCC (Houghton et al. 1990; see also 
Rahmstorf and Willebrand 1995). The global mean 
SST changes resulting from the changes in deep circu- 
lation are shown in Fig. 11. The effect is not large (less 
than 0.1 ° C), since the deep temperature changes (Figs. 
9, 10) occur slowly over a long time (Fig. 7). 

3.2 The mechanism causing the drift 

What is the mechanism of the observed transition to a 
new equilibrium, triggered by the act of coupling? The 
main cause is probably a change in convection patterns 
after the switch to the new forcing. Convection pat- 
terns are particularly sensitive to disturbance and can 
give rise to many different equilibrium states of an 
ocean model, because they are partly self-sustaining 
(Lenderink and Haarsma 1994). Using an idealized 
model, Rahmstorf (1995b) has analyzed in detail how 
changes in convection can be triggered by changes in 
surface forcing, and how they affect the circulation and 
deep water properties. Figure 12 shows the convection 
patterns in the model before and after coupling, i.e. for 
the spin-up state, 10 years after coupling and for the 
final state 5000 years after coupling. Large shifts in 
convection sites have occurred particularly in the 
Southern Ocean, which would explain the changes in 
the AABW cell and the deep Indo-Pacific inflow seen 

in Fig. 5. Time series of convection depth at represent- 
ative points (not shown here) show that large changes 
in convection happen immediately after coupling, with- 
in the first year or two. This and the experiments pre- 
sented in Rahmstorf (1995a, b) strongly point at the 
instability of convection as a cause for the observed 
state transition of the ocean model, not just as a side- 
effect of circulation changes caused by other feed- 
backs. Note that convection settles into a stable pattern 
again after the transition (except for minor oscillations 
at a few grid cells, which are also present in the spin-up 
state). 

This interpretation is consistent with the sudden oc- 
currence of regional SST changes seen in Fig. 8. The 
dipole arising in the South Atlantic is caused by a west- 
ward shift of convective heat release and represents 
the largest initial change in convection pattern. As the 
circulation slowly adjusts to the new situation, other 
convection sites become unstable, trigger a chain reac- 
tion as described by Lenderink and Haarsma (1994), 
and go through rapid transitions. 

Further support suggesting this mechanism as the 
cause of the drift comes from a recent study of Power 
(1995), which analyzed climate drift in an OGCM not 
after a change in surface feedback, but after turning on 
noise in the surface forcing. A series of experiments 
revealed that the noise was only effective in causing cli- 
mate drift if (a) it was added in high-latitudes, (b) 
mixed boundary conditions were used (and not restor- 
ing or flux boundary conditions) and (c) the noise was 
in the salinity forcing. These findings are consistent 
with a convective instability, triggered by freshwater 
anomalies, as the cause of the drift. Furthermore, Pow- 
er (1995) showed that in a one-dimensional water co- 
lumn (like a single grid cell of the GCM) climate drift 
can be caused by noise in the forcing only if convective 
adjustment is present. 

It is not surprising that the convection pattern of the 
spin-up state is not stable after switching to a new feed- 
back. Some disturbances which are damped by the res- 
toring boundary condition can grow under the new 
forcing. Convection becomes part of a new feedback: 
vigorous convection at one point tends to suppress 
convection in its vicinity through the diffusive term of 
Eq. 1. This is because convecting points mix up heat 
from below and are therefore warm at the surface; they 
heat neighbouring points at the surface, inhibiting con- 
vection there (see Rahmstorf and Willebrand 1995). 
Indeed we see that the total number of ocean points 
with deep convection (to below 2000 m) from the sur- 
face is reduced almost by half (it is 10 out of 2524 
ocean points at the end of the experiment, compared 
to 18 in the spin-up state). As the deep ocean is now 
ventilated at fewer points, heat flux at these points is 
correspondingly larger, as seen in Fig. 12. This feed- 
back alone is a reason to expect that the convection 
patterns of the spin-up state must change under the 
new forcing, or after coupling to a full atmosphere 
model. 

In a paper introducing the method of flux correc- 
tion, Sausen et al. (1988) have tested this method by 
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Fig. 11. Time series of global surface temperature change during 
the first 2000 years after coupling 

performing a very similar experiment,  namely coupling 
a spun-up ocean model  to an energy balance atmos- 
phere and observing the resulting drift. With flux cor- 
rection, no drift was observed in the coupled model, in 
stark contrast to the results presented here. The crucial 
difference between these two experiments is in the sal- 
inity forcing. While Sausen et al. (1988) used a restor- 
ing boundary condition on salinity throughout  the ex- 
periment,  I have used a fixed freshwater flux condition. 
The positive feedback causing the convective instabili- 
ty, and thus the proposed mechanism for the drift, de- 
pends on this more  realistic freshwater forcing (Len- 
derink and Haarsma 1994). With a salinity restoring 
boundary condition a strong negative feedback is in- 
troduced, which artificially stabilizes the ocean model. 

It is often at tempted to eliminate drift from the cou- 
pling shock effect by subtracting a control run from the 
climate scenario run, and then attributing the differ- 
ence to the forcing scenario. This approach can only 
work if the response to coupling is deterministic, and 
similar in control and scenario run. This is most unlike- 
ly to be the case, as the transitions in convection pat- 
terns appear  to be chaotic. Figure 13a shows a number  
of coupling experiments which differ only by a slight 
change in initial state (produced by integrating the 
spin-up state for another  10 years before each cou- 
pling, exploiting minor residual variability in the spin- 
up state). Each time the model  takes a different trajec- 
tory. In two of the runs a step-like reduction in over- 
turning (to about  15.5 Sv) occurs, in one case immedi- 
ately after coupling, in the other  case after 700 years. 
The short time scale of the overturning change again 
points to a convective instability being the cause 
(Rahmstorf  1995a), possibly affecting the same convec- 
tion region in both cases. 

Figure 13b shows the deep inflow into the Indo-Pa- 
cific from another  set of runs starting from slightly dif- 

Fig. 8a-d. Surface temperature change in °C compared to the 
spiuup state at four different times, a 10 years after coupling; b 
100 years after coupling; c 250 years after coupling; d 5000 years 
after coupling 

Fig. 9a, b. Deep temperature changes in °C compared to the spin- 
up state at level 8 (1600 m) at two different times, a 100 years 
after coupling; b 5000 years after coupling 

Fig. 10a, b. Deep temperature changes in °C compared to the 
spinup state at level 11 (3700 m) at two different times, a 100 
years after coupling; b 5000 years after coupling 
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ferent  initial conditions. In one of these, it was not the 
initial condition that was varied, but the tracer time 
step: it was reduced from one day to one hour  (making 
it synchronous with the momentum time step, i.e. 
dropping the acceleration technique). While trials 
show that this does not affect the transient behaviour 
of 'well-behaved' experiments, in this case it leads to a 
different model trajectory, highlighting again the 
chaotic nature of the reshuffling of convection. Note 
that the trajectory of this synchronous experiment  is 
not different in character to the others; rather, it seems 
to be a different realization within the same ensemble. 
Except  for one very stable experiment  (dashed line), 
the curves all seem to reflect a similar type of convec- 
tive transition, which differs between experiments in 
detail and timing. 

4 Discussion and conclusions 

I have presented results of an experiment where an 
ocean model was coupled to an idealized simple atmos- 
phere, which only has two properties: heat received 
from the ocean is radiated to space according to a pa- 
rameterization of longwave radiation and heat is trans- 
ported laterally according to a simple diffusion law. 
The atmosphere was constructed in such a way that it 
perfectly reproduces the heat flux of the final spin-up 
state of the model (obtained under  mixed boundary  
conditions). Hence at the moment  of coupling the sur- 
face fluxes do not change; only the thermal feedback 
changes. This is equivalent to coupling an atmosphere 
model with flux correction, and the experiment  should 
produce a subset of the variability observed after cou- 
pling a full atmosphere model in this way. The advan- 
tage of this type of experiment is that it is cheap (a 
2000 year experiment  can be run overnight on one 
processor of a Cray C90, with minimal memory  de- 
mands) and that it is simple enough to analyze the 
c a u s e  of the resulting Variability. 

The results show that the switch to the new feed- 
back causes a transition of the model to a new equili- 
brium state. This is apparently caused by shifts in 
oceanic convection patterns, since the former convec- 
tion patterns become unstable under the new feed- 
back. The transition is accompanied by large global 
scale changes in deep water temperatures  and regional 
changes in surface temperatures  in the high-latitude 
convection areas. This state transition takes about  2000 
years to complete. 

A number  of studies have recently demonstrated 
that the convective instability described by Lenderink 
and Haarsma (1994) can act as a trigger mechanism for 
different types of state transitions in ocean models, 
namely transitions following a high-latitude freshwater 
perturbation (Rahmstorf  1994, 1995b), transitions oc- 
curring after a change from restoring to mixed bound- 
ary conditions (Rahmstorf  1995a), or the transition aft- 
er a change in thermal feedback discussed in this study. 
These studies have used different forms of steady forc- 
ing with no noise, leading to almost steady convection 
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Fig. 13a, b. Time series of flow parameters for coupling experi- 
ments starting from slightly different initial conditions, a NADW 
cell during the first 2000 years after coupling; b Indo-Pacific in- 
flow during the first 200 years after coupling. Arrows identify the 
standard experiment shown also in Fig. 5. The dotted line in b is a 
run with synchronous time stepping 

patterns in equilibrium. It is thus natural to ask which 
effect atmospheric variability has on the oceanic con- 
vection patterns, and thus how relevant these results 
are for the fully coupled ocean-atmosphere system. 

Stochastic variability resulting from atmospheric 
forcing may either be small compared to the basin of 
attraction of a particular equilibrium state in phase 
space, so that the model  remains always near the same 
equilibrium with the same basic convection pattern. Or 
it may be so strong that convection patterns change all 
the time, and the underlying equilibria are hardly felt. 
A recent study by Weaver  and Hughes (1994) with an 
ocean model and strong stochastic freshwater forcing 
(standard deviation = 32 mm/month) ,  while not expli- 
citly analyzing convection patterns, is apparently in an 
intermediate range where the model stays near a parti- 
cular equilibrium for up to a thousand years before 
making a transition to a different state. If an atmos- 
phere model  has a weaker stochastic component  than 
this experiment,  convection patterns may be quite sta- 
ble and the results of the steady experiments apply di- 
rectly to the coupled model. If t h e  stochastic compo- 
nent  is much stronger, f requent  transitions may mask 
the underlying multiple equilibria, but Coupling an 
ocean model  to such a noisy atmosphere,  after spin- 
ning it up with steady forcing, would still mean a major 
transition in the ocean state (cf. Power 1995). If the 
ocean model was already spun up with noise, it would 
be interesting to check whether  the new feedback act- 

Fig.  12a-c. Convection patterns of a the spinup state, b 10 years 
after coupling and c 5000 years after coupling. Depth of convec- 
tion (in kin) from the surface is plotted as a vertical bar. The bars 
are colour coded according to the convective heat flux across 
model level 1. A few bars shown in brown colour in b and c are 
far beyond the given scale; the point marked with an arrow has a 
convective heat loss of 1400 Win-2 

ing after coupling leads to a similar reduction in deep 
convection points as found in this paper  (see section 
3.2). We can also expect that some convection states 
are close neighbours in phase space, e.g. the three dif- 
ferent convection clusters southeast of Greenland in 
Fig. 12, while others are well separates, like states with 
or without Labrador  Sea convection (the former did 
not arise in the experiments reported here, but in oth- 
ers conducted by the author with the same model).  

The state transition caused by convective instability 
and analyzed in this paper  has important  implications 
for coupled climate models. From the time series 
shown in Figs. 5 and 7 it is clear that it is not a kind of 
'natural variability' in the coupled system but an arte- 
fact; it is the response to the 'coupling shock', which 
takes several thousand years to die down. This cou- 
pling shock will probably contaminate the results of 
coupled climate change scenario experiments. Luckily 
the effect on global mean temperature  is expected to 
be small; less than 0.1°C in this experiment.  Regional 
effects can be large, however; over 2°C in this experi- 
ment, possibly more in fully coupled models if positive 
feedback effects with ice cover occur. 

The state transition which the ocean model  under- 
goes after coupling casts doubt  on the very concept of 
flux correction. Flux correction is based on the idea 
that the atmosphere model  and ocean model  are mis- 
matched, both being imperfect, and that this mismatch 
is 'corrected'  by the flux correction. This implies that a 
flux correction can be derived for the model;  in reality, 
the flux correction is only valid for the spin-up state of 
the ocean model. The 'coupled'  equilibrium state of 
the ocean model  is necessarily rather  different, due to 
the different feedback, and would call for a different 
flux 'correction'  (if any). For  example, the very cold 
patches south of South Africa in the T* field (Fig. 3b) 
are equivalent to a 'flux correction'  which caters for 
the deep convection occurring there in the spin-up 
state, by allowing large heat losses. In spite of this, con- 
vection shifts away from these sites after coupling, and 
what used to be a flux 'correction'  now becomes an ar- 
tificially introduced error,  leading to an unrealistic 
temperature  drop in this region (Fig. 8). The basic pre- 
mise of flux correction, namely that it maintains a real- 
istic mean model  climate while not affecting the per- 
turbation response, may not be valid in the presence of 
the non-linear convective instability discussed in this 
paper. 

I conclude that there are probably severe and until 
now unrecognized problems with the response of pres- 
ent ocean models after coupling to an atmosphere 
model, unless the state transition described here is 
somehow suppressed when a more active, variable at- 
mosphere is used instead of the simple diffusive one 
tried here. These problems can affect at least the re- 
gional surface temperature  response of coupled cli- 
mate models, as well as the response of the global ther- 
mohaline circulation. Global mean temperature  pre- 
dictions are probably less affected. 

The direct way to avoid these problems would be to 
spin up the cOupled model  together in fully coupled 
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mode for several thousand years, until the coupling 
shock has died down, before starting an experiment. 
This is costly, but may be feasible if the atmosphere 
model is not  run in parallel during the whole time, but 
only updated at intervals, given the large difference in 
response times of atmosphere and ocean. Coupled 
spin-up may lead to different climatic states depending 
on initial conditions; to achieve a desirable state the 
ocean model can initially be 'nudged '  towards a realis- 
tic circulation. When this nudging is suddenly removed 
t he  circulation might collapse; if it is replaced by a 
fixed flux correction a complete collapse may be 
avoided, but the 'coupling shock' problem discussed 
here still arises. Experience with many model  experi- 
ments suggests that convection is easily interrupted 
and instabilities can be triggered by any sudden change 
in surface forcing; therefore a slow and gradual remov- 
al of the initial nudging may be a way to reach a realis- 
tic coupled climate state without flux correction, pro- 
vided that the basic mismatch between ocean and at- 
mosphere model  is not too large. 

Alternatively, ways to minimize the coupling shock 
may be found. One possibility may be to spin up the 
ocean model with a simple atmosphere like the one 
used here, or a cheap 'derivative'  of the atmosphere 
model  to be coupled. Given the chaotic nature of the 
transitions in convection, it is however uncertain 
whether this would bring significant improvement.  
Again, a gentle transition to the fully coupled mode 
may help to avoid disrupting the oceanic convection 
patterns. 

On the other  hand, a large part of the drift origi- 
nates from the widespread convection regions in the 
Southern Ocean, which are clearly an unrealistic fea- 
ture of the ocean model. In reality, convection appears 
to be Confined to small regions near the Antarctic 
coast, particularly in the Ross and Wedell Seas. An  im- 
proved representation of convection sites in ocean 
models, such as the one recently presented by Danaba-  
soglu et al. (1994), may also lead to more  stable con- 
vection patterns which cause less trouble in coupled 
model simulations. This is an open question for future 
research. 
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