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Abstract. We present climatic consequences of the Representative Concentration Pathways (RCPs) using the coupled
climate model CLIMBER-3α, which contains a statisticaldynamical atmosphere and a three-dimensional ocean model.
We compare those with emulations of 19 state-of-the-art
atmosphere-ocean general circulation models (AOGCM) using MAGICC6. The RCPs are designed as standard scenarios
for the forthcoming IPCC Fifth Assessment Report to span
the full range of future greenhouse gas (GHG) concentrations pathways currently discussed. The lowest of the RCP
scenarios, RCP3-PD, is projected in CLIMBER-3α to imply
a maximal warming by the middle of the 21st century slightly
above 1.5◦ C and a slow decline of temperatures thereafter,
approaching today’s level by 2500. We identify two mechanisms that slow down global cooling after GHG concentrations peak: The known inertia induced by mixing-related
oceanic heat uptake; and a change in oceanic convection that
enhances ocean heat loss in high latitudes, reducing the surface cooling rate by almost 50%. Steric sea level rise under the RCP3-PD scenario continues for 200 years after the
peak in surface air temperatures, stabilizing around 2250 at
30 cm. This contrasts with around 1.3 m of steric sea level
rise by 2250, and 2 m by 2500, under the highest scenario,
RCP8.5. Maximum oceanic warming at intermediate depth
(300-800 m) is found to exceed that of the sea surface by
the second half of the 21st century under RCP3-PD. This
intermediate-depth warming persists for centuries even after surface temperatures have returned to present-day values,
with potential consequences for marine ecosystems, oceanic
methane hydrates, and ice-shelf stability. Due to an enhanced
land-ocean temperature contrast, all scenarios yield an intensification of monsoon rainfall under global warming.
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Introduction

In December 2010, the international community agreed,
under the United Nations Framework Convention on Climate Change, to limit global warming to below 2◦ C
(Cancún Agreements, see http://unfccc.int/files/meetings/
cop 16/application/pdf/cop16 lca.pdf). At the same time, it
was agreed that a review, to be concluded by 2015, should
look into a potential tightening of this target to 1.5◦ C – in
part because climate change impacts associated with 2◦ C are
considered to exceed tolerable limits for some regions, e.g.
Small Island States. So far, research into climate system dynamics under strong mitigation scenarios that keep warming below 2◦ C or even 1.5◦ C has been sparse. Individual
AOGCMs were run for scenarios stabilizing at 2◦ C (May,
2008) or below (Washington et al., 2009), or for idealized
CO2 rampdown experiments (Wu et al., 2010).
Here we investigate climate projections for the full range
of Representative Concentration Pathways (RCPs; Moss
et al., 2010) but focus in particular on the lowest scenario
RCP3-PD, which reflects a scenario that will peak global
mean temperatures slightly above, but close to, 1.5◦ C above
pre–industrial levels in our model. The RCPs were recently
developed in order to complement, and in part replace, the
Special Report on Emissions Scenarios (SRES; Nakicenovic and Swart, 2000) scenarios, and will be used in the Climate Model Intercomparison Project’s Phase 5 (CMIP5) that
is to be assessed in the forthcoming Intergovernmental Panel
on Climate Change (IPCC) Fifth Assessment Report (AR5).
The RCP3-PD scenario is characterized by a peak of atmospheric greenhouse gas (GHG) concentrations in 2040 and
a subsequent decline in GHG abundance. After 2070, CO2
emissions turn negative and remain at around -1 Gt CO2 eq/yr after 2100 (Meinshausen et al., submitted). Concentrations in the medium-low RCP4.5 and the medium-high RCP6
stabilize by 2150, while concentrations in the high RCP8.5
continue to rise until 2250.
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In Section 2, we describe the models and their experimental setup for this study. Simulation results are presented in Section 3, in particular for global mean temperature (3.1), and changes in large scale climate components
like oceanic meridional overturning circulation (3.2), monsoon (3.3), global sea level (3.4), and deep ocean temperature (3.5). In Section 4 we provide the physical mechanisms
responsible for an asymmetrically slower cooling than warming under RCP3-PD. Section 5 concludes.
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Models and experiments

Our primary model for investigating key large-scale aspects
of climate change under the RCP scenarios is the Earth system model of intermediate complexity CLIMBER-3α (Montoya et al., 2005). CLIMBER-3α combines a statisticaldynamical atmosphere model (Petoukhov et al., 2000) with
a three-dimensional ocean general circulation model based
on the GFDL MOM-3 code (Pacanowski and Griffies, 1999)
and a dynamic and thermodynamic sea-ice model (Fichefet
and Maqueda, 1997). In this study, CLIMBER-3α is used
without a carbon cycle. The atmosphere model has a coarse
horizontal resolution of 22.5◦ in longitude and 7.5◦ in latitude, and employs parameterized vertical temperature and
humidity profiles. Oceanic wind stress anomalies are computed with respect to the control simulation and added to the
climatology of Trenberth et al. (1989). The oceanic horizontal resolution is 3.75◦ × 3.75◦ with 24 variably spaced
vertical levels. The model’s sensitivity to vertical diffusivity (Mignot et al., 2006) and wind stress forcing (Schewe
and Levermann, 2010) has been investigated as well as the
model’s behaviour under glacial boundary conditions (Montoya and Levermann, 2008) and global warming (Levermann
et al., 2007). When compared to AOGCMs of the third Coupled Model Intercomparison Project (CMIP3) and previous
generations, the model shows qualitatively and quantitatively
similar results with respect to large-scale quantities (Gregory
et al., 2005; Stouffer et al., 2006b). The model version used
here features a low background value of oceanic vertical diffusivity (0.3·10−4 m2 /s) and an improved representation of
the Indonesian throughflow as compared to the version described by Montoya et al. (2005).
We complement our CLIMBER-3α projections of global
mean temperature with emulations of 19 AOGCMs used in
the IPCC Fourth Assessment Report (AR4). These emulations were performed with MAGICC6, a reduced complexity model with an upwelling-diffusion ocean which has been
used in the past three IPCC assessment reports (Wigley and
Raper, 2001). MAGICC6 was shown to be able to closely
emulate the global and hemispheric mean temperature evolution of AOGCMs (Meinshausen et al., 2008). Our AOGCM
emulations use RCPs harmonized emission inputs with default efficacies for the individual forcing agents, identical to
the model’s setup for creating the default RCP GHG con-

centration recommendations for CMIP5 (Meinshausen et al.,
submitted). The only exception is that MAGICC6’s climate
model is calibrated and run for the range of 19 individual
AOGCMs, rather than a single median set of climate module
parameters.
Our CLIMBER-3α experiments focus on the four new
RCPs, namely RCP3-PD (van Vuuren et al., 2007), RCP4.5
(Clarke et al., 2007; Smith and Wigley, 2006; Wise et al.,
2009), RCP6 (Fujino et al., 2006), and RCP8.5 (Riahi et al.,
2007). We use the historical, 21st century and long-term
(until 2500) RCP forcing trajectories as provided on http://
www.pik-potsdam.de/∼mmalte/rcps/ and described in Meinshausen et al. (submitted). These forcings arose from the
process of harmonizing RCP emissions, and producing a single default set of GHG concentrations, which are the basis
for the CMIP5 intercomparison runs that extend from pre–
industrial times to 2300 (CMIP5, http://cmip-pcmdi.llnl.gov/
cmip5/forcing.html). The extension beyond 2300 follows the
same guiding principle as the extension up to 2300, i.e. a
continuation of constant emissions for the RCP3-PD scenario
(and correspondingly dropping forcing levels) and a stabilization of GHG concentrations and forcing levels for the upper three RCPs, RCP4.5, RCP6 and RCP8.5.
For being used in CLIMBER-3α, we group our forcings on
a forcing-equivalence basis, i.e. we aggregate longwave absorbers into a CO2 -equivalence concentration (Fig. 1a and d).
The radiative forcing of agents that scatter or absorb shortwave radiation is aggregated and assumed to modulate the
incoming solar irradiance, taking into account geometry and
albedo (Fig. 1b and e). CLIMBER-3α’s climate sensitivity is
about 3.4◦ C, which is higher than the average climate sensitivity of the transient AOGCM emulations of 2.9◦ C (Meinshausen et al., 2008, Table 4), very close to the average of
the slab–ocean GCMs of 3.26◦ C and still close to the IPCC
AR4 best estimate of 3◦ C (Meehl et al., 2007a, Box 10.2).
The transient climate response is about 1.9◦ C for CLIMBER3α, compared to about 1.8◦ C for the average of IPCC AR4
AOGCMs (Meehl et al., 2007b, Table 8.2).
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3.1

Results
Global mean temperature

Global mean surface air temperatures, normalized to the period 1980-1999, are shown in Fig. 1c and f relative to pre–
industrial (1860-1890) using the median observed temperature increase of 0.52◦ C (Brohan et al., 2006). The warming
projected by CLIMBER-3α lies well within the emulation
of the AOGCMs (Fig. 1c and f). For the highest scenario,
RCP8.5, the simulation yields a temperature increase of up
to 8.5◦ C, while the lowest scenario, RCP3-PD, reaches up
to 1.6◦ C of global warming compared to pre–industrial and
then drops at an average rate of about −0.16◦ C per century.
This is about ten times slower than the currently observed
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temperature rise of 0.16 to 0.18◦ C per decade (Trenberth
et al., 2007, section 3.4). Although the reduction in GHG
concentrations in the RCP3-PD is generally slower than the
increase before the peak, this explains only part of the warming/cooling asymmetry: The average cooling rate during the
first 100 years after the peak is 12% of the warming rate in
the 100 years before the peak; over the same period, the GHG
reduction rate is 35% of the increase rate prior to the peak.
The mechanisms responsible for this asymmetry will be discussed in Section 4.
3.2

Spatial warming pattern and oceanic overturning

The spatial distribution of temperature change in 2100 reflects the pattern of polar amplification (Winton, 2006), i.e.
above-average surface warming in high latitudes (Fig. 2). In
the low RCP3-PD scenario (Fig. 2a), warming in the northern North Atlantic region is offset by the cooling effect of
a 20% reduction of the Atlantic meridional overturning circulation (AMOC; Fig. 3a) and the associated reduction in
oceanic convection and heat release (compare Sec. 4). As
the AMOC recovers over the course of the 22nd and 23rd century, this offsetting effect will disappear. In the RCP8.5 scenario (Fig. 2b), the AMOC reduction is relatively smaller
compared to the warming, and has no large offsetting effect. The recovery of the AMOC beyond 2200 is facilitated
by the retreat of sea ice cover in the North Atlantic (Levermann et al., 2007), which in the case of RCP3-PD even
leaves the AMOC stronger in the long-term than under pre–
industrial conditions. The behaviour of the AMOC under
global warming in CLIMBER-3α is a robust feature of most
CMIP3 AOGCMs (Gregory et al., 2005), and the mechanisms at play are in qualitative agreement across the models (Levermann et al., 2007). Quantitatively, AOGCMs differ significantly in their response. With respect to the pre–
industrial overturning strength, CLIMBER-3α is comparable to the IPCC AR4 model average and consistent with observations (cf. Fig. 10.15 in Meehl et al., 2007a). AMOC
changes in response to global warming in CLIMBER-3α are
dominated by changes in heat flux, as in most other CMIP3
models, while hydrological changes tend to have a minor,
strengthening effect (Gregory et al., 2005). Further possible
AMOC reduction due to Greenland ice sheet melting is not
accounted for in these simulations.
3.3

Monsoon intensification

Directly influenced by atmospheric temperature patterns,
large-scale monsoon circulations are arguably among the
most societally relevant atmospheric systems. Within the
limitations of the statistical-dynamical atmosphere model
and its coarse resolution, CLIMBER-3α simulates the principal patterns of monsoon dynamics and precipitation reasonably well (Fig. 4a), and its seasonal rainfall cycle compares favourably with reanalysis data (Fig. 4b) and IPCC
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AR4 models (cf. Kripalani et al., 2007, Fig. 1). We find that
average monsoon rainfall in Asia and Africa intensifies under global warming (Fig. 5), consistent with many studies using more complex models (e.g. Kripalani et al., 2007). Seasonal (June-August, JJA) mean rainfall associated with the
South Asian summer monsoon (including India and the Bay
of Bengal) strengthens by 10% (RCP3-PD) to 20% (RCP8.5)
until the middle of the 21st century and, for RCP8.5, by up
to 30% during the 22nd century (Fig. 5a). Similar results
are found for the East Asian (including China, Fig. 5b) and
West African (Fig. 5c) monsoon, which both increase by up
to 50% for RCP8.5. In absolute terms, this means increases
in JJA rainfall by up to 3-5 mm/day for RCP8.5. The decline
of the South Asian monsoon for RCP8.5 after 2150 is due
to a shift of the center of maximum precipitation out of the
South Asian region towards South China. While the magnitude and timing of this shift must be viewed in the context
of our intermediate-complexity model, observations suggest
that a displacement of the center of precipitation may be possible under global warming (Wang et al., 2009). In all regions
we find a strong quasi-linear correlation of monsoon rainfall
with the regional temperature difference between land and
ocean (Fig. 5d-f). Note that changes due to direct and indirect aerosol effects are not captured by simulations with
CLIMBER-3α and may have significant influence on monsoon rainfall and circulation which is likely to counter-act
that of global warming (Lau and Kim, 2006; Rosenfeld et al.,
2008).
3.4

Steric sea level rise

Oceanic warming yields a steric sea level rise (SLR) of nearly
0.5 m for RCP8.5 by 2100 compared to the 1980-1999 average (Fig. 6). Thus, thermal oceanic expansion under RCP8.5
in our CLIMBER-3α simulations is about 20% higher than
the upper 95% percentile (0.41 m by 2100) for the highest
SRES scenario A1FI (see Table 10.7 in Meehl et al., 2007a) –
in part because of slightly stronger anthropogenic forcing in
RCP8.5. For RCP4.5 and RCP6, steric SLR is about 0.3 m by
2100 and thereby close to the upper 95% percentile provided
in IPCC AR4 for the similar SRES B1 scenario. While for
the upper three RCPs, steric SLR continues beyond 2500, the
declining temperatures in RCP3-PD lead to a deceleration of
steric SLR, a peaking at ∼0.3 m and a gradual reversal in the
second half of the 23rd century, about 200 years after the peak
in global temperatures. Other contributions to total sea level
rise, in particular from melting of the Greenland and West
Antarctic Ice Sheets, are beyond the scope of this study.
During an initial phase, we find a quasi-linear relationship
between the rate of steric sea level rise and the global mean
surface warming (Fig. 6, inset; cf. Rahmstorf, 2007). However, the quasi-linear relation fails as soon as global warming
starts to decelerate, i.e. around 2100 for RCP8.5, and some
time earlier for the lower scenarios. As suggested by Vermeer and Rahmstorf (2009), validity of semi-empirical pro-
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jections of sea level change based on this relation might be
extended by taking rapid adjustment processes into account.
The horizontal distribution of steric SLR, shown in Fig. 7
for RCP3-PD, is qualitatively similar under different scenarios. By 2100 (Fig. 7a), the weakening of the AMOC maximum (cf. Fig. 3a) and of the North Atlantic current produces a southeast-to-northwest SLR gradient in the North
Atlantic via geostrophic adjustment (Levermann et al., 2005;
Yin et al., 2010). Small shifts in the northern subpolar and
subtropical gyre systems induce smaller-scale variations of
SLR. The interhemispheric sea level pattern found by Levermann et al. (2005) for an AMOC shutdown is not reflected
here because the AMOC change is largely confined to the
North Atlantic; Southern Ocean outflow, i.e. the AMOC flux
across 30◦ S, is only reduced by about 10% (not shown). By
2200, the AMOC has partly recovered, and the most prominent feature in the North Atlantic is a negative SLR anomaly
(Fig. 7b) due to a 60% increase in the subpolar gyre (Fig. 3b;
Häkkinen and Rhines, 2004; Levermann and Born, 2007).
In the Southern Ocean, SLR patterns in 2200 are similar
to those in 2100: A strengthening of the Antarctic Circumpolar Current above the level of no motion by about 4 Sv
leads to below-average SLR around Antarctica (Fig. 7). On
top of that, strengthening of the Ross and Weddell gyres by
5 Sv and 6 Sv, respectively, induces large horizontal SLR
anomalies. Hattermann and Levermann (2010) found that a
strengthening of those gyres may significantly enhance basal
ice shelf melting around Antarctica.
Yin et al. (2010) showed by comparison of simulated and
observed present-day dynamic sea level patterns in twelve
IPCC AR4 AOGCMs that their ensemble mean performs better than any of the individual models. The SLR pattern found
in our analysis is in good qualitative agreement with the ensemble mean projection of those models under the SRES
A1B scenario (Yin et al., 2010).
3.5

Deep ocean warming

In contrast to the sea surface, deep ocean temperatures respond to atmospheric warming on centennial time scales.
Due to its peaking characteristic, the RCP3-PD scenario is
well suited to study the propagation of the warming signal
into the deep ocean. Global average temperatures at 500 m
and 1000 m depth exhibit delayed peaks around the years
2200 and 2300, respectively, compared to a surface warming
peak in the middle of the 21st century (Fig. 8a). In the year
2370, about 300 years after the peak in global surface temperatures, major anomalies of up to 2◦ C are found in the upper
1000 m of the North Atlantic and Southern Ocean (Fig. 8b).
In the North Atlantic, substantial warming is observed even
below 2000 m depth. Despite the weakening of the AMOC
noted earlier, the northern oceanic warming pattern clearly
reflects the structure of the overturning cell.
In general, the strong deep oceanic warming signal results from outcropping of isopycnals (black lines in Fig. 8b)

at high latitudes, i. e. a lack of density stratification,
which is a characteristic and robust feature of the modern
ocean circulation. Mixing along these surfaces of constant
density is strongly enhanced compared to diapycnal mixing
across these surfaces. In combination with the observed polar warming amplification, isopycnal mixing facilitates enhanced heat uptake as also observed in AOGCMs (e.g. Stouffer et al., 2006a) and is the reason for the observed deep
ocean warming. These heat anomalies spread at intermediate
depths around 500 m, with the effect that peak global-average
warming at those depths exceeds that of the ocean surface
(Fig. 8a). After surface temperatures have relaxed, oceanic
heat uptake is reduced and, after 2300, the ocean eventually
becomes a very weak heat source, further damping the decline of surface atmospheric temperatures (compare Fig. 9b).
This weak heat exchange between ocean and atmosphere
eventually cools deeper oceanic layers, but this cooling is so
slow that the intermediate-depth warming persists for centuries even after surface temperatures have reached presentday levels of approximately 0.8◦ C relative to pre–industrial.
Conversely, these oceanic heat anomalies serve as a longterm reservoir that slowly discharges into the atmosphere and
delays surface cooling, as discussed in the following section.
4

Slow cooling under RCP3-PD

As mentioned in sec. 3.1, global cooling after the temperature peak in RCP3-PD is much slower, relative to the rate of
GHG emissions, than the warming before the peak (Fig. 9a,
blue line). We find that two processes are responsible for this
asymmetry.
Generally oceanic heat uptake by vertical mixing creates
thermal inertia that delays any temperature change at the surface (Fig. 9b). In order to identify additional effects, we
isolate this ocean mixing effect with an intentionally simple
energy-balance equation for global mean surface temperature
anomaly T (t), assuming a diffusive ocean (following Allen
et al., 2009; Hansen et al., 1985):
 
Z t
C
dT (t0 ) dt0
dT
√
= a3 log2
− a0 T − a2
(1)
a1
dt
C0
dt0
t − t0
0
where C(t) is CO2 concentration; C0 = 280ppm is the initial
concentration at t = 0; a1 is the heat capacity of the oceanic
mixed layer; a2 is ocean vertical diffusivity; a3 ' 1.3◦ C is
climate sensitivity not accounting for any feedbacks; and
1/a0 is the climate feedback factor, such that a3 /a0 is the full
climate sensitivity, which is ∼ 3.4◦ C for CLIMBER-3α.
This model, with parameters a0−2 calibrated to match
CLIMBER-3α, reproduces the global mean temperature simulated by CLIMBER-3α very well until about 2100 (black
dashed line in Fig. 9a). However, at the beginning of the
22nd century, the CLIMBER-3α result deviates from the simple diffusive ocean heat uptake relationship: While the latter projects a steady cooling trend all the way until 2500,
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CLIMBER-3α projects a substantial slow-down of the cooling around the year 2110 (vertical dashed line in Fig. 9). The
cooling rate thereafter remains almost 50% lower than suggested by eq. (1) for about two centuries, consequently arriving at a significantly higher temperature. Plotted versus
CO2 -equivalent GHG concentration, this is visible as a clear
excursion from the smooth hysteresis projected according to
eq. (1) (Fig. 10).
To test the robustness of this behaviour, we have conducted
additional simulations using a set of scenarios that are identical to RCP3-PD until 2070. Thereafter, we set CO2 emissions in RCP3-PD equal to zero or two, three, four or five
times as large negative emissions as in the original RCP3-PD,
respectively. Using these modified RCP3-PD scenarios, we
then computed radiative forcings following the same process as in generating the recommended CMIP5 GHG concentrations of the RCPs (for details, see Meinshausen et al.,
submitted). Under all these modified RCP3-PD scenarios,
CLIMBER-3α projects a drop in the cooling rate at the same
time, near the year 2110, i.e., some decades after global mean
temperature started to decline (thin grey lines in Fig. 9a). For
zero emissions after 2070 (top grey line), this even leads to
a slow global warming until the early 24th century, despite
the net decrease in radiative forcing. Again, viewed relative to CO2 -equivalent GHG concentration, eq. (1) yields
essentially the same hysteresis for all the scenarios (Fig. 10,
dashed grey lines), while the CLIMBER-3α projections for
the modified scenarios depart from that hysteresis soon after
the peak (solid grey lines).
This result suggests that, on the one hand, the global mean
temperature response of the coupled climate model to a peakand-decline scenario such as RCP3-PD is, up until about 70
years after the peak in GHG concentrations, mainly governed
by the heat capacity of the oceanic mixed layer and heat exchange with the deep ocean due to mixing. The inertia induced by these processes delays the cooling that results from
the decline in GHG concentrations (Stouffer, 2004). On the
other hand, another mechanism comes into play around the
year 2110 that further reduces the cooling rate, over a period
of two centuries, by almost 50%.
We find that a relatively rapid change in oceanic convection is responsible for this reduction. The depth of the wintertime oceanic mixed layer in the North Atlantic is a direct
indicator of the strength of convection associated with the
AMOC. This mixed layer depth shrinks during the warming
phase in the 21st century, but then extends strongly between
the years 2110 and 2150, which coincides with the change
in the surface cooling rate (Fig. 9c). Enhanced convection in
these latitudes results in enhanced heat loss of the ocean to
the atmosphere; thus, globally, net ocean heat uptake is reduced by this effect (Fig. 9b, solid blue line), slowing down
atmospheric cooling.
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Discussion and conclusions

We have presented large-scale climatic consequences of the
new RCP scenarios, which are designed for the forthcoming IPCC AR5 to span the full range of future pathways
of anthropogenic GHG emissions currently discussed in the
literature (Moss et al., 2008, page i). CLIMBER-3α atmospheric temperature projections and AOGCM emulations using MAGICC6 are qualitatively and quantitatively similar
for the 21st century. CLIMBER-3α temperatures tend to be
slightly higher than the median of the AOGCM emulations
(cf. Fig. 1), owing to the difference in climate sensitivity.
While the CLIMBER-3α simulations are based on the standard settings presented in Montoya et al. (2005), the wider
range of possible climate responses is covered by the emulation ensemble with MAGICC6, spanning climate sensitivities from 1.9◦ C (emulation of the NCAR PCM model) to
5.7◦ C (emulation of the MIROC3.2 high resolution model,
see Meinshausen et al., 2008, Table 4). With respect to atmospheric quantities, the coarse resolution of CLIMBER-3α
and the limitations of the statistical-dynamical representation
must be kept in mind. On the other hand, large-scale oceanic
quantities have been shown to be in good agreement with recent AOGCM results.
Our evaluation of the peak-and-decline scenario RCP3-PD
reveals that global maximal temperatures can be expected
close to 1.5◦ C warming relative to pre–industrial levels. Owing to negative CO2 emissions, concentrations under this
scenario are projected to drop markedly after peaking in
2070, and induce a slow cooling. This finding is consistent with recent studies using other models of varying complexity (e.g. Solomon et al., 2009), which showed that under zero-emission scenarios temperatures are projected not
to drop substantially for several centuries. Our work goes
beyond those studies by demonstrating that in a physical climate model, cooling is not only delayed by mixing-related
heat exchange with the ocean, but that dynamical effects can
significantly add to the delay. The abrupt strengthening of
convection in the North Atlantic indicates an important role
of internal dynamical processes in the oceans, especially because the timing of the convection change seems to be independent of the rate of (negative) GHG emissions, once atmospheric temperatures have started to fall. Although the exact
timing will probably differ across models, the onset of strong
convection is likely to be a robust feature, because declining
atmospheric temperatures lead to stronger cooling of surface
waters and thus reduce the stability of the water column.
The projections of steric sea level rise presented here are
generally consistent with previous simulations. The highest scenario, RCP8.5, being warmer than the highest SRES
scenario, yields enhanced steric sea level rise of up to 2 m
by 2500. According to our simulations, thermal oceanic expansion can be halted only for emission trajectories corresponding to, or below, RCP3-PD. In this scenario we observe
an enhanced oceanic warming of intermediate depth due to
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polar amplification in combination with the lack of oceanic
density stratification in high latitudes. The associated heat
content persists for centuries. Thus, these results will allow future studies to quantify the risk of such a mid-ocean
warming for marine ecosystems (Sarmiento et al., 2004) and
environments. For example, prolonged deep ocean warming could be sufficient to trigger the dissociation of shallow
methane hydrates trapped in ocean sediments, and thereby
release additional amounts of greenhouse gases into the atmosphere (Reagan and Moridis, 2008; Archer et al., 2009).
Furthermore, melting of Antarctic ice shelves (Holland et al.,
2008) and the initiation of oceanic anoxic events (Hofmann
and Schellnhuber, 2009; Stramma et al., 2009) could be facilitated.
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Fig. 1. Forcing and global mean temperature response of the CLIMBER-3α climate model under the RCP3-PD (blue), RCP4.5 (yellow),
RCP6 (grey) and RCP8.5 (red) scenarios and their extensions until 2500. The grey vertical band marks the RCP period 2005 to 2100. (a)
CO2 -equivalence concentration (in ppmv) of longwave absorbers (Kyoto and Montreal protocol greenhouse gases as well as tropospheric
ozone). (b) Incoming solar irradiance (W/m2 ), modified by the radiative forcing of agents active in the shortwave range (mainly volcanic
and anthropogenic aerosols) and changes in surface albedo due to land-use change. (c) Global surface air temperature (SAT) difference
in ◦ C compared to pre–industrial (Brohan et al., 2006), for the CLIMBER-3α simulations (solid lines) and 19 AOGCM emulations using
MAGICC6 (the dashed line denotes the median, and dark and light shading denotes the 50% and 80% range, respectively). (d) to (f): As (a)
to (c), but enlarged for the period 1950-2100.

J. Schewe et al.: Climate near 1.5◦ C warming

10

3

80ºN

12

80ºS

0

80ºN

10

0º

10
30

8
b

b
25

6
4

40ºS
80ºS

14

1

40ºS

40ºN

AMOC

2

a

Sv

0º

a

16

Sv

40ºN

18

20

2
100ºW

0º

100ºE

0

10
Fig. 2. (a) Surface air temperature anomaly for the year 2100, in
◦
C, for RCP3-PD. Average warming south of 60◦ S is 1.60 times
higher than the global mean. Average warming north of 60◦ N is
only 0.83 times the global mean (1.4◦ C), because the cooling effect of a reduction in the Atlantic Meridional Overturning Circulation (AMOC) counteracts polar amplification. (b) Same for RCP8.5
(with a global mean of 4.8◦ C). The polar amplification factors are
1.48 in the south and 1.53 in the north.

SPG

15

2000

2200
year

2400

Fig. 3. (a) Maximum AMOC strength of the Atlantic Meridional Overturning Circulation (AMOC) in Sv (106 m3 s−1 ), for
RCP3-PD (blue), RCP4.5 (yellow), RCP6 (grey), and RCP8.5 (red).
(b) North Atlantic subpolar gyre strength, in Sv, computed from
meridional velocities at 55◦ N between 33.8◦ W and the Labrador
coast (62◦ W).

J. Schewe et al.: Climate near 1.5◦ C warming

14

a

10

40ºN

6

-6

40ºS

-10

80ºS
0º

CLIMBER−3α

b

10

-14

100ºE

10
NCEP
5

2

4

6
month

8

10

12

Fig. 4.
(a) Difference between average boreal summer (JJA)
and winter (DJF) precipitation (shading, in mm/day), and average summer (JJA) near-surface winds (vectors) in the control
(pre–industrial) climate of CLIMBER-3α. (b) Seasonal cycle of
monthly average precipitation in the South Asian monsoon region
in CLIMBER-3α’s control climate (solid line) and in the NCEPNCAR reanalysis (Kistler et al., 2001), averaged over the period
1948-2007 (dashed line).

d

b

East Asia

e

c

Africa

f

5
8
6
2000

0

South Asia

14

mm/day

100ºW

mm/day

-2

a
12

2

0º

mm/day

16
mm/day

80ºN

11

2200
year

2400

1 2 3 4
°
C

Fig. 5.
Average seasonal (JJA) precipitation of (a) South
Asian (67.5-112.5◦ E, 15-22.5◦ N), (b) East Asian (90-135◦ E, 22.537.5◦ N), and (c) African (22.5◦ W-22.5◦ E, 0-15◦ N) summer monsoon (mm/day). Panels (d-f) show the respective regional monsoon
precipitation versus the difference in JJA regional surface air temperature over land and the adjacent ocean. Generally this relation
shows a clear linear trend. A shift of precipitation from the south
Asian monsoon region towards the east Asian region leads to deviations for strong warming and does not represent a qualitative change
in this relation.

J. Schewe et al.: Climate near 1.5◦ C warming

12

80ºN

2.5
6

1.5

a=1.66 mm/yr/°C

m

0
1

°

C

a

40ºN

mm/yr

2

69
61
53
45
37
29
21
13
5
-3
-11

0º

0

40ºS

3

80ºS

0.5

80ºN

b

40ºN

0
2000

2200
year

2400

Fig. 6. Globally averaged steric sea level change (in m) relative to 1980-1999, under the RCP3-PD (blue), RCP4.5 (yellow),
RCP6 (grey) and RCP8.5 (red) scenarios and their extensions in
CLIMBER-3α. The inset shows the rate of steric sea level rise
(in mm/yr, smoothed with a 15-year moving average) between
1800 and 2100 as a function of global surface warming above
the 1980-1999 mean (in ◦ C). The slope of the quasi-linear part is
1.66 mm yr−1 ◦ C−1 (black line; cf. Rahmstorf, 2007). Circles mark
the timing of peak GHG emissions.

0º
40ºS
80ºS
100ºW

0º

100ºE

160ºW

86
76
66
56
46
36
26
16
6
-4
-14

Fig. 7. Horizontal pattern of steric sea level change (in cm), relative
to pre–industrial, under RCP3-PD: (a) Year 2100, (b) year 2200.
The shading emphasizes the anomalies relative to the global average
steric SLR (about 29 cm in 2100 and 36 cm in 2200).

J. Schewe et al.: Climate near 1.5◦ C warming

13

°C

1.5 a
1
0.5
0

2

a

W m−2

1
RCP3−PD

0.5

1800

2000

year

2200

b

800
Depth

2.0

2ºC

1.2

1600

0.8

2200

40ºS

250
2000

2200
year

2400

0.4

0.4ºC

80ºS

c

1.6

1200
2000

1

300

2400

2.4
400

b

0

surface
500m
1000m

0

2

m

°C

1.5

0º

40ºN

80ºN

0

Fig. 8. Ocean response to the RCP3-PD scenario: (a) Global average ocean temperature difference relative to pre–industrial levels, at
the ocean surface (black) and at 500 m (dark blue) and 1000 m (light
blue) depth. Due to polar amplification and outcropping oceanic
isopycnals at high latitudes, peak warming is stronger at intermediate depth around 500 m than at the surface. (b) Zonal average ocean
warming in the year 2370, compared to pre–industrial levels (shading, in ◦ C; ocean depth in m). Overlaid are contours of constant
density (isopycnals; in kg/m3 ).

Fig. 9. Slow-down of global cooling under the RCP3-PD scenario: (a) Global surface air temperature anomaly as in Fig. 1c (blue
line), compared to the result of the simple energy-balance equation
(1) that only takes into account diffusive oceanic mixing (dashed
black line). Thin grey lines represent modified scenarios that are
identical to RCP3-PD until 2070, and after that have zero emissions or two, three, four or five times as large negative emissions as
RCP3-PD, respectively. All curves are smoothed with an 11-year
running mean to remove short-term variability from solar and volcanic sources. The vertical dashed line marks the year 2110. (b)
Globally averaged heat flux from atmosphere to ocean. Increasing
GHG concentration results in enhanced oceanic heat uptake which
declines after the peak in atmospheric warming and vanishes around
the year 2300 after which the ocean becomes a source for atmospheric warming. The solid line is the CLIMBER-3α simulation,
while the 19 AOGCM emulations using MAGICC6 are represented
by the dashed line (median) and shading (50% and 80% range). The
onset of convection in the southern North Atlantic appears here as a
distinct drop in ocean heat uptake after 2110 (vertical dashed line).
All curves are smoothed as in (a). (c) Average depth of the North
Atlantic ocean mixed layer in winter (January-April) south of the
latitudes of Iceland (40◦ W-0◦ , 50-65◦ N). Starting around the year
2110 (vertical dashed line), an abrupt increase in mixed layer depth
marks the onset of enhanced convection.
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Fig. 10. As Fig. 9a, but plotted versus CO2 -equivalence concentration (sum of longwave absorbers) instead of time, and with the
results of eq. (1) for the modified scenarios shown as dashed grey
lines. This figure represents the transient “hysteresis” of global
warming in RCP3-PD (blue line, marked every 25 years) and the
modified peak-and-decline scenarios, i.e. how much GHG reduction it takes to cool the surface back to a given temperature that it
had during the warming phase. The dashed lines show the hysteresis
expected from the processes represented by eq. (1), while the solid
lines show the hysteresis behaviour observed in CLIMBER-3α. The
convection-related slow-down of the cooling rate (marked by a blue
circle for the RCP3-PD scenario) translates into a widening of the
hysteresis. The slow-down occurs at the same time under different
scenarios (at the beginning of the 21st century, see thin grey lines in
Fig. 9a), and at different CO2 concentrations.

