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Abstract
In this work, I first present simulations with a coupled climate model of intermediate complexity,
CLIMBER-3α, that project monsoon rainfall around the world to increase quasi–linearly with global
warming in the coming centuries. While this is generally consistent with many other studies, the atmospheric component of CLIMBER-3α is based on a simplified statistical–dynamical approach, and may
not sufficiently represent all processes that are relevant for the response of monsoon circulations to rapid
and intense climate change. Therefore, this study attempts to identify those physical mechanisms that
are of first–order importance for large–scale monsoon dynamics and their response to external changes.
I perform a scaling analysis of the heat and moisture budgets of the Earth’s major monsoon systems,
based on reanalysis data and theoretical considerations. I find that, during the monsoon season, a self–
amplifying feedback involving the advection and release of latent heat is essential for sustaining monsoon
rainfall after the surface land–sea thermal contrast has ceased. I frame this moisture–advection feedback
in a minimal conceptual model and show that it leads to a threshold behaviour with respect to changes in
the system’s energy budget. In particular, when either net radiation over land or specific humidity over
the adjacent ocean region fall short of a critical value, no conventional monsoon circulation can exist.
I thus define a domain of existence for continental monsoon rainfall, and estimate the threshold values
within the restrictions of the conceptual model. I demonstrate the applicability of this concept to abrupt
and persistent monsoon shifts observed in paleoclimatic records.
To understand monsoon failure occurring on shorter timescales and within the domain of existence,
I develop a minimal theory of intraseasonal monsoon dynamics. Supported by observations and by
results from a comprehensive global climate model, the core assumption of this theory is that the positive
moisture–advection feedback and its interaction with the smaller–scale eddy field render the circulation
inherently unstable. I apply this theory to an ensemble of millennial climate simulations and show that
both multi–decadal variability and projected future trends in Indian summer monsoon (ISM) rainfall
can be reproduced with a simple stochastic model of the inherent instability, modulated by ambient
climate conditions only during the onset period. A projected increase in ISM failure in response to a
global warming scenario can thus be readily explained by a shift in central Pacific mean spring–time
climate that persistently alters the initial conditions for internal ISM dynamics. I thereby propose a
novel perspective on monsoon variability as the result of internal instabilities modulated by pre-seasonal
ambient climate conditions.
In summary, the results in this thesis offer a simplified framework for the investigation of both long–
term (permanent) and short–term (seasonal) monsoon failure, including the basic physical mechanisms
that lead to a non–linear response of the monsoon system to external changes.

Zusammenfassung
In dieser Arbeit stelle ich zunächst Zukunftsprojektionen mit dem Erdsystemmodell mittlerer Komplexität CLIMBER-3α vor, die eine weltweite Zunahme des Monsunniederschlags über die nächsten
Jahrhunderte zeigen, welche annähernd proportional zum Anstieg der globalen Mitteltemperatur verläuft.
Zwar legen auch viele andere Studien einen solchen Anstieg nahe, jedoch verwendet CLIMBER-3α
eine vereinfachte, statistisch–dynamische Atmosphärenkomponente und gibt wahrscheinlich nicht alle
Prozesse, die für die Reaktion von Monsunzirkulationen auf rasanten Klimawandel relevant sind, hinreichend wieder.
Um die physikalischen Mechanismen zu identifizieren, die für die großskalige Monsundynamik und
ihre Reaktion auf äußere Veränderungen von zentraler Bedeutung sind, unterziehe ich die Wärmeund Feuchtebilanzen der wichtigsten Monsunsysteme anhand von Reanalysedaten und theoretischen
Überlegungen einer Skalenanalyse. Es zeigt sich, dass der Monsun während der Regenzeit in erster
Linie von einem selbstverstärkenden Rückkopplungsmechanismus angetrieben wird, bei dem die Advektion und Freisetzung latenter Wärme den atmosphärischen Temperaturunterschied zwischen Land
und Ozean aufrechterhält. Ich stelle diese Feuchte–Advektions–Rückkopplung in einem minimalistischen
konzeptionellen Modell dar und zeige, dass sich aus ihr ein nichtlineares Verhalten des Monsunsystems
gegenüber Störungen der Energiebilanz ergibt: Wenn etwa die atmosphärische Strahlungsbilanz über
dem Kontinent oder die Luftfeuchtigkeit über der benachbarten Ozeanregion einen kritischen Wert unterschreiten, kann sich keine konventionelle Monsunzirkulation entwickeln. Durch diesen kritischen Wert
wird entsprechend der Parameterbereich definiert, in dem Monsunniederschlag über Land möglich ist. Ich
nehme eine Abschätzung des kritischen Wertes für verschiedene Monsunregionen vor und zeige, dass sich
das Konzept auf abrupte Monsunveränderungen anwenden lässt, wie sie anhand von in paläoklimatischen
Rekonstruktionen dokumentiert sind.
Des Weiteren entwerfe ich eine minimalistische Theorie intrasaisonaler Monsundynamik mit dem Ziel,
Monsunausfälle zu verstehen, die auf kürzeren Zeitskalen und innerhalb des durch den kritischen Wert
definierten Existenzbereiches auftreten. Die zugrundeliegende Hypothese ist, dass die positive Feuchte–
Advektions–Rückkopplung und ihre Wechselwirkung mit turbulenten Störungen auf synoptischer und
kleinerer Skala zu einer inhärenten Instabilität führen. Ich entwickle ein einfaches stochastisches Modell,
in dem die Monsundynamik von dieser Instabilität bestimmt und lediglich zu Beginn der Monsunsaison
von äußeren klimatischen Einflüssen moduliert wird. Dieses Modell vergleiche ich mit einem Ensemble
von Langzeitsimulationen eines realistischen Klimamodells und zeige, dass sowohl die multidekadische
Variabilität als auch die für die Zukunft projizierten Entwicklungen reproduziert werden können. Eine
Häufung von Monsunausfällen unter einem Klimawandelszenario kann ich auf diese Weise mit einer
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Veränderung des zentralpazifischen Frühjahrsklimas erklären. Die vorgestellte Theorie eröffnet somit eine
neue Sichtweise auf die Variabilität des Monsunniederschlags als das Ergebnis einer instabilen internen
Dynamik, die zu Beginn der Saison durch das umgebende Klima moduliert wird.
Die in dieser Arbeit vorgestellten Ergebnisse bieten einen vereinfachten theoretischen Rahmen für
die Untersuchung von Monsunausfällen auf langen (paläoklimatischen) wie auch kurzen (saisonalen)
Zeitskalen, sowie der grundlegenden physikalischen Prozesse, die zu einer nichtlinearen Reaktion von
Monsunsystemen auf äußere Störungen führen können.
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Introduction

1.1

Motivation

Monsoon systems are among the most prominent large–scale phenomena in the Earth’s atmosphere.
They govern seasonal and year–to–year climate variability in many tropical and subtropical regions,
and the associated rainfall is the dominant natural variable that human economies in those regions are
built around. Changes in monsoon rainfall appear to have affected human societies throughout history,
as illustrated for example by the fate of ancient civilizations in the Indus Valley (Rashid et al., 2011)
or the rise and fall of dynasties and kingdoms in China (Zhang et al., 2008). Also today, agricultural
productivity in South Asia, East Asia, and Africa is closely tied to the magnitude and timing of monsoon
rainfall (Parthasarathy et al., 1988; Kumar et al., 2004; Tao et al., 2004; Haile, 2005; Gregory et al., 2005;
Auffhammer et al., 2006). Present–day monsoon rainfall, as observed over the past century, exhibits
significant intraseasonal and interannual variability (e.g. Webster, 1987b), including catastrophic floods
and droughts that pose risks to large parts of the population in those regions the affected regions (e.g.
Sikka, 2003; Webster et al., 2011).
While decadal–scale average monsoon rainfall has been relatively stable during the past century of
direct observations, rising trends have been observed in the annual number of extreme rain events in
India (Goswami et al., 2006a). The future evolution of the Indian summer monsoon, and other monsoon
systems, under a combination of anthropogenic forcing factors is unclear, according to an intercomparison
of comprehensive climate models (Meehl et al., 2007). Recent projections indicate that the response to
increased greenhouse gas (GHG) concentrations may differ in sign among major monsoon regions, and
reveal large uncertainties about the magnitude of the response (Kripalani et al., 2007a,b; Cherchi et al.,
2010). The effect of increased aerosol abundance is significant and may be counteracting that of GHGs
(Ramanathan et al., 2005; Lau & Kim, 2006), while human-induced vegetation changes feed back on
precipitation (Ganopolski et al., 1998; Claussen, 2009). Observations and modelling studies suggest a
recent regime shift in Asian monsoon convection (Turner & Hannachi, 2010) and its relation to northern
hemisphere thermal gradients (Li et al., 2009; Sun et al., 2010).
At the same time, paleoclimatic records show evidence of abrupt and strong monsoon shifts in India,
the Bay of Bengal, and East Asia, during the last two glacial cycles (Burns et al., 2003; Wang et al.,
2005a, 2008) and the Holocene (Gupta et al., 2003; Hong et al., 2003; Wang et al., 2005b; Rashid et al.,
2011). Some of these abrupt changes have been linked to climatic events in the North Atlantic for the
last glacial period (Overpeck et al., 1996; Burns et al., 2003) as well as for the Holocene (Gupta et al.,
2003; Wang et al., 2005b). A physical mechanism for this teleconnection has been suggested (Goswami
et al., 2006b), but relevant climatic signals of the North Atlantic events in Asia (such as temperature
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and moisture anomalies) are very small (Zhang & Delworth, 2005). East Asian monsoon shifts during
the last two glacial cycles have been roughly in phase with hemispheric insolation changes (Wang et al.,
2008), but the latter are far too slow to explain the rapidity of the transitions between different periods
of relatively stable monsoon strength. These observations indicate that internal feedbacks in monsoon
dynamics may have amplified the weak external forcing.
Both the unclear cause of paleoclimatic monsoon shifts and the uncertain future evolution of monsoon
rainfall in a changing climate call for an improved understanding of possible non–linearities in large–scale
monsoon dynamics. This thesis aims at contributing to such an improvement by identifying the primary
driving mechanisms of continental monsoon rainfall and examining their stability properties and their
implications for the response of the monsoon circulation to external forcing. It does not attempt to
account for all aspects of monsoon dynamics in general, but focuses on the possibility of large–scale
monsoon failure and the associated processes.

1.2

Scope and contents of the thesis

Monsoons are among the most complex components of the climate system, and they interact with various
other components on multiple timescales (Webster et al., 1998; Wang, 2005). Both spatial patterns and
temporal evolution of monsoon rainfall are influenced by a number of physical processes, such as the
El Niño–Southern Oscillation (ENSO) phenomenon (e.g. Krishnamurthy & Goswami, 2000; Goswami &
Xavier, 2005), regional (Clark et al., 2000; Kucharski et al., 2006; Yang et al., 2007) and remote sea
surface temperatures (Goswami et al., 2006b), atmospheric aerosol concentrations (Ramanathan et al.,
2005), or Eurasian snow cover (Hahn & Shukla, 1976; Dash et al., 2005), as well as by characteristics
of vegetation (Meehl, 1994; Claussen, 1997; Robock et al., 2003) and topography (Liu & Yin, 2002).
Direct observational records of monsoon rainfall, available for the last century, exhibit a high variability
on different timescales. For instance, in India (where data availability is highest among the monsoon
regions), seasonal mean rainfall amounts vary from year to year and, though correlated to some degree
with ENSO, are difficult to predict in advance (Goswami et al., 2006). Within the monsoon season,
rainfall does not occur uniformly, but is concentrated in periods of roughly a few weeks length, called
active spells, which are intercepted by drier periods, called break spells (Krishnamurthy & Shukla, 2000;
Rajeevan et al., 2010). These active and break spells vary in number and length from year to year, and
within them, daily rainfall amounts also vary greatly. In addition, there are large inhomogeneities in the
spatial distribution of rainfall over the monsoon regions.
Despite this complexity, however, there is one fundamental driving force behind large–scale continental monsoon rainfall: Namely, the atmospheric temperature contrast between land and ocean (e.g.
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Figure 1.1: Climatological temperature difference ∆T between land and ocean in the
Indian region, derived from NCEP/NCAR reanalysis data (Kistler et al., 2001). At
the surface (solid line), ∆T is largest is spring and then decreases due to cooling of
the land surface by precipitation. Averaged over the atmospheric column (dashed
line), ∆T is maintained throughout the rainy season.

Webster, 1987a). This temperature contrast develops in spring when the continent heats up faster
than the ocean, owing to the large differences in heat capacity; and it is maintained throughout the
rainy season, even when the rains have started to cool the land surface and sensible heating has ceased
(Fig. 1.1). It shapes the anomalous pressure system that draws strong, mainly ageostrophic winds
towards the continent in the lower troposphere, carrying the moisture that is then released in convection.
While this is far from a complete description of monsoon dynamics, it is a central and necessary condition
for monsoon rainfall to develop. Furthermore, the magnitude of the land–sea atmospheric temperature
difference is generally correlated with seasonal rainfall amounts: The stronger the difference during a
given monsoon season, the more rainfall can be expected, irrespective of where and when exactly that
rain falls. That also means that long–term changes in the temperature contrast can be expected to affect
long–term mean monsoon rainfall.

The seasonal development of the land–sea atmospheric temperature contrast, as a driving force of
monsoon rainfall, is captured by linear empirical models (e.g. Srinivasan, 2001) and also by coarse–
resolution climate models that otherwise may not have the spatial resolution and the degree of realism in
atmospheric physics necessary to capture all aspects of monsoon dynamics. Such models can therefore

12

1

INTRODUCTION

be used to make meaningful projections of the direct effect of temperature changes on large–scale
monsoon characteristics. In the first article of this thesis (Schewe et al., 2011a), I have applied the
Earth system model of intermediate complexity, CLIMBER-3α (Montoya et al., 2005), to project
the climatic consequences of the Representative Concentration Pathways, a set of recently developed
GHG concentration scenarios for use in the forthcoming assessment of the Intergovernmental Panel
on Climate Change (IPCC). I find that average monsoon rainfall in South Asia, East Asia and Africa
increases approximately linearly with the regional land–ocean surface temperature contrast, which
in turn is a direct consequence of global surface warming (due to the increase in GHG abundance.)
Depending on the region and the scenario, the projected rainfall increases are substantial; e.g. between
about 25% (South Asia) and 50% (East Asia) until the end of the 21st century under the highest scenario.

As discussed above, paleoclimatic records reveal large and abrupt shifts in monsoon intensity that
obviously cannot be explained as a linear response to external forcing. They therefore require different
concepts than a perturbation analysis around the present–day state. In the second and third articles of
this thesis, I take the approach of a non–linear empirical model to obtain a first–order understanding
of the processes that may have led to such abrupt events. The second article (Levermann et al., 2009)
sets up a minimal conceptual model of a monsoon circulation, comprising only the conservation of heat
and moisture and knowingly neglecting many other important physical processes, in order to distill the
fundamental non–linearity of monsoon dynamics. The model is based on a scaling analysis of the heat
and moisture budgets of major monsoon systems around the world, using present–day reanalysis data.
I find that sensible heating is important in establishing the atmospheric land–sea temperature contrast
prior to the rainy season, but becomes small after the onset of heavy rainfall. During the rainy season,
the temperature gradient is maintained by the release of latent heat over the continent. Thus, the
advection of moist air from the ocean and subsequent condensation of that moisture sustains the driving
force for the monsoon winds, and thereby constitutes a self–amplifying feedback (illustration in Fig. 1.2).
I show in the conceptual model that this moisture–advection feedback implies a threshold behaviour
with respect to quantities that affect the energy budget: E.g., if net radiative flux to the atmospheric
column falls below a critical value, no conventional monsoon circulation can develop. If the system was
close to the threshold, a small variation in external parameters could therefore lead to a transition from
a “normal” monsoon regime into a regime without continental monsoon rainfall.

However, considering the present–day state of the Earth’s monsoon systems, huge changes in net
radiation would be necessary to reach the threshold. In the third article (Schewe et al., 2011b), I
show that the minimal conceptual model also yields a threshold behaviour with respect to atmospheric
humidity over the ocean adjacent to the monsoon region. This quantity is more volatile than net
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Figure 1.2: Geometry of the minimal conceptual monsoon model used in the second
and third articles of the thesis, with wind W, precipitation P, and net radiative flux R.
The tripartite loop illustrates the fundamental moisture–advection feedback; arrows
indicate the amplification of one physical process by another.

radiation, and the thresholds are relatively closer to the present–day situation. Based on reanalysis
data, I estimate the threshold values for four major monsoon regions. I apply this concept to a proxy
record of East Asian monsoon rainfall that exhibits a series of abrupt monsoon transitions during the
penultimate glacial period. Assuming that average humidity over the ocean was altered by orbital–scale
changes in hemispheric solar insolation, I show that the conceptual model can qualitatively explain
these transitions. As evaporation from the ocean surface can also be affected by a number of other
processes (e.g. wind speed, oceanic upwelling) on different timescales, the model could serve to improve
the understanding of other past monsoon events as well.

The basic dynamics captured in the conceptual model thus define a domain of existence for continental
monsoon rainfall; in the sense that a conventional monsoon can only develop within this domain, e.g.
above the humidity threshold. This however does not mean that within the domain of existence, monsoon
rainfall will be at full strength at all times. As I show in the fourth article of this thesis (submitted and
under review at Nature), even under present–day conditions, seasonal–mean Indian summer monsoon
(ISM) rainfall can fall short of its long–term average by 70% and more in individual years, according to
a comprehensive atmosphere–ocean general circulation model (AOGCM). Such dry monsoon years have
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not been observed in the last century, but an ensemble simulation that covers over 6,000 model years
shows a characteristic frequency distribution of seasonal–mean rainfall that continuously extends down
to these extremely low values, though with low frequency of occurrence.
Understanding such temporary monsoon failure again requires looking at the fundamental driving
mechanism of monsoon rainfall. Using AOGCM results and observational data, I show that the moisture–
advection feedback generally acts on a short sub–seasonal timescale (on the order of days rather than
months) and is frequently interrupted because of continuous perturbation by stochastic fluctuations from
the synoptic–scale eddy field. Moreover, during such interruptions, the large-scale monsoon circulation
does not simply slow down or come to a hold, but even tends to reverse, in the sense that convection is
replaced by subsidence of upper–tropospheric air over large parts of the subcontinent and the adjacent
ocean. Since this air is much drier than lower–tropospheric air, the subsidence effectively dries out
the monsoon winds and further inhibits a recommencement of the moisture–advection feedback. Thus,
another self–amplifying feedback is constituted that counteracts the moisture–advection feedback.
In the article, I develop a minimal theory of intraseasonal monsoon dynamics, based on the assumption
that the monsoon season is governed by a permanent interplay of those two counteracting feedbacks: Each
feedback itself tends to persist, and stochastic fluctuations tend to perturb the currently active feedback
and induce a flip into the other one. I frame this assumption in a simple, statistically predictive model of
seasonal–mean monsoon rainfall and show that it can reproduce the characteristic frequency distribution
found in the AOGCM, including the very dry years, or failures.
An important aspect of this simple model is that it is linked to external forcing only during the onset
period; for the rest of the monsoon season, only the idealized internal dynamics are at work and produce
rainy and dry periods that then add up to a seasonal average. I show that the model can reproduce a
large portion of multidecadal monsoon variability when forced by central–Pacific mean sea level pressure
(MSLP) anomalies in May, i.e. at the onset time. The central Pacific is known to have a distinct influence
on Indian monsoon climate, as is evident in the correlation between ISM rainfall and ENSO. Anomalously
low spring-time MSLP in the central Pacific is assumed to induce atmospheric conditions that favor more
subsidence over the Indian region and thus lead to more deficient monsoon onsets.
I then apply the simple model to global warming simulations using the same AOGCM, where ISM
failure is projected to become much more frequent until the end of the 22nd century. At the same time,
a shift towards lower spring-time MSLP in the central Pacific is projected. Again forcing the simple
model with central–Pacific MSLP anomalies in May, it successfully reproduces the projected trend in
average monsoon rainfall. The minimal theory presented in this work thereby offers a novel perspective
on monsoon variability as the result of internal instabilities modulated by pre-seasonal ambient climate
conditions.

1.3

Overview

1.3
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Overview

This thesis is organized around four scientific articles which are either published or under review.
Each article provides their own introductory and concluding remarks, and references; some also carry
supplementary material. Here, a brief overview is given of the titles, contents, and author contributions
of the individual articles. The original manuscripts are included in the following section.

Article 1:
Climate change under a scenario near 1.5◦ C of global warming: monsoon
intensification, ocean warming and steric sea level rise
Jacob Schewe, Anders Levermann, & Malte Meinshausen

The first article, published in Earth System Dynamics, explores the climatic consequences of the latest
set of greenhouse gas concentration scenarios for the coming centuries. The response of the most important large–scale oceanic, atmospheric, and coupled processes is investigated in a coupled climate model of
intermediate complexity. Among other results, monsoon rainfall is projected to increase approximately
linearly with the regional land–sea temperature contrast due to global warming.
Jacob Schewe performed the climate model simulations, analyzed the results, and wrote the paper.
Malte Meinshausen provided the AOGCM emulations. All three authors participated in the interpretation of the results and the improvement of the manuscript.

Article 2:
Basic mechanism for abrupt monsoon transitions
Anders Levermann, Jacob Schewe, Vladimir Petoukhov, & Hermann Held

The second article, published in Proceedings of the National Academy of Sciences of the USA (PNAS),
presents a scaling analysis of the heat and moisture budgets of the Earth’s major monsoon systems, and
develops a minimal conceptual monsoon model capturing the essential moisture–advection feedback. It
shows that this feedback yields a threshold behaviour with respect to changes in net radiation, and
estimates the thresholds from reanalysis data.
Jacob Schewe analyzed the data; Anders Levermann, Vladimir Petoukhov and Jacob Schewe devised
the conceptual model; Hermann Held performed statistical tests of the robustness of the results; Anders
Levermann performed the computations and wrote the paper. All four authors participated in the
interpretation of the results and the improvement of the manuscript. Anders Levermann initiated the
research.

16

1

INTRODUCTION

Supporting information is included following the main manuscript.

Article 3:
A critical humidity threshold for monsoon failure
Jacob Schewe, Anders Levermann, & Hai Cheng

The third article, published in Climate of the Past Discussions, shows that the minimal conceptual
monsoon model implies a threshold behaviour with respect to specific humidity over the ocean, a quantity
which is more volatile than net radiation and exhibits threshold values closer to modern climate. The
threshold values are estimated from reanalysis data for four major monsoon regions, and the model is
applied to a paleoclimatic reconstruction of East Asian summer monsoon rainfall, yielding a series of
abrupt transitions in response to gradual insolation changes which is similar to those observed in the
proxy record.
Jacob Schewe performed the computations, analyzed data, and wrote the paper. Hai Cheng provided
proxy data. Jacob Schewe and Anders Levermann interpreted the results and improved the manuscript.
Anders Levermann initiated the research.

Article 4:
More frequent future monsoon failure due to inherent instability
Jacob Schewe & Anders Levermann

The fourth article (submitted and currently under review) projects Indian summer monsoon failure
to become considerably more frequent under a global warming scenario, using a comprehensive coupled
climate model. It presents a minimal theory of intraseasonal monsoon dynamics, based on an inherent
instability that is modulated by ambient climate merely during the onset period. Forced only by global
mean temperature and central–Pacific sea level pressure anomalies in May, this simple model reproduces
future trends as well as past multidecadal variability of monsoon rainfall as found in the comprehensive
climate model. The study proposes a novel perspective on monsoon variability as the result of internal
instabilities modulated by pre-seasonal ambient climate conditions.
Jacob Schewe analyzed data and climate model results and wrote the paper. Jacob Schewe and Anders
Levermann developed the minimal theory, interpreted the results, and improved the manuscript.
Supplementary Material, and the Matlab R code of the simple “day-to-day model”, are included
following the main manuscript.

2

Original manuscripts

2.1

Climate change under a scenario near 1.5◦ C of global warming

Climate change under a scenario near 1.5◦ C of global warming

2.1

Earth Syst. Dynam., 2, 25–35, 2011
www.earth-syst-dynam.net/2/25/2011/
doi:10.5194/esd-2-25-2011
© Author(s) 2011. CC Attribution 3.0 License.
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Climate change under a scenario near 1.5 ◦C of global warming:
monsoon intensification, ocean warming and steric sea level rise
J. Schewe1,2 , A. Levermann1,2 , and M. Meinshausen1
1 Earth

System Analysis, Potsdam Institute for Climate Impact Research, Potsdam, Germany
Institute, Potsdam University, Potsdam, Germany

2 Physics

Received: 30 September 2010 – Published in Earth Syst. Dynam. Discuss.: 14 October 2010
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Abstract. We present climatic consequences of the Representative Concentration Pathways (RCPs) using the coupled
climate model CLIMBER-3α, which contains a statisticaldynamical atmosphere and a three-dimensional ocean model.
We compare those with emulations of 19 state-of-the-art
atmosphere-ocean general circulation models (AOGCM) using MAGICC6. The RCPs are designed as standard scenarios for the forthcoming IPCC Fifth Assessment Report
to span the full range of future greenhouse gas (GHG) concentrations pathways currently discussed. The lowest of the
RCP scenarios, RCP3-PD, is projected in CLIMBER-3α to
imply a maximal warming by the middle of the 21st century slightly above 1.5 ◦ C and a slow decline of temperatures
thereafter, approaching today’s level by 2500. We identify
two mechanisms that slow down global cooling after GHG
concentrations peak: The known inertia induced by mixingrelated oceanic heat uptake; and a change in oceanic convection that enhances ocean heat loss in high latitudes, reducing
the surface cooling rate by almost 50%. Steric sea level rise
under the RCP3-PD scenario continues for 200 years after
the peak in surface air temperatures, stabilizing around 2250
at 30 cm. This contrasts with around 1.3 m of steric sea level
rise by 2250, and 2 m by 2500, under the highest scenario,
RCP8.5. Maximum oceanic warming at intermediate depth
(300–800 m) is found to exceed that of the sea surface by
the second half of the 21st century under RCP3-PD. This
intermediate-depth warming persists for centuries even after surface temperatures have returned to present-day values,
with potential consequences for marine ecosystems, oceanic
methane hydrates, and ice-shelf stability. Due to an enhanced
land-ocean temperature contrast, all scenarios yield an intensification of monsoon rainfall under global warming.
Correspondence to: J. Schewe
(jacob.schewe@pik-potsdam.de)

1

Introduction

In December 2010, the international community agreed,
under the United Nations Framework Convention on Climate Change, to limit global warming to below 2 ◦ C
(Cancún Agreements, see http://unfccc.int/files/meetings/
cop 16/application/pdf/cop16 lca.pdf). At the same time, it
was agreed that a review, to be concluded by 2015, should
look into a potential tightening of this target to 1.5 ◦ C – in
part because climate change impacts associated with 2 ◦ C
are considered to exceed tolerable limits for some regions,
e.g. Small Island States. So far, research into climate system
dynamics under strong mitigation scenarios that keep warming below 2 ◦ C or even 1.5 ◦ C has been sparse. Individual
AOGCMs were run for scenarios stabilizing at 2 ◦ C (May,
2008) or below (Washington et al., 2009), or for idealized
CO2 rampdown experiments (Wu et al., 2010).
Here we investigate climate projections for the full range
of Representative Concentration Pathways (RCPs; Moss
et al., 2010) but focus in particular on the lowest scenario
RCP3-PD, which reflects a scenario that will peak global
mean temperatures slightly above, but close to, 1.5 ◦ C above
pre-industrial levels in our model. The RCPs were recently
developed in order to complement, and in part replace, the
Special Report on Emissions Scenarios (SRES; Nakicenovic and Swart, 2000) scenarios, and will be used in the Climate Model Intercomparison Project’s Phase 5 (CMIP5) that
is to be assessed in the forthcoming Intergovernmental Panel
on Climate Change (IPCC) Fifth Assessment Report (AR5).
The RCP3-PD scenario is characterized by a peak of atmospheric greenhouse gas (GHG) concentrations in 2040 and
a subsequent decline in GHG abundance. After 2070, CO2
emissions turn negative and remain at around −1 Gt CO2 eq yr−1 after 2100 (Meinshausen et al., 2011). Concentrations in the medium-low RCP4.5 and the medium-high RCP6
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stabilize by 2150, while concentrations in the high RCP8.5
continue to rise until 2250.
In Sect. 2, we describe the models and their experimental setup for this study. Simulation results are presented in
Sect. 3, in particular for global mean temperature (Sect. 3.1),
and changes in large scale climate components like oceanic
meridional overturning circulation (Sect. 3.2), monsoon
(Sect. 3.3), global sea level (Sect. 3.4), and deep ocean temperature (Sect. 3.5). In Sect. 4 we provide the physical
mechanisms responsible for an asymmetrically slower cooling than warming under RCP3-PD. Section 5 concludes.

2 Models and experiments
Our primary model for investigating key large-scale aspects
of climate change under the RCP scenarios is the Earth system model of intermediate complexity CLIMBER-3α (Montoya et al., 2005). CLIMBER-3α combines a statisticaldynamical atmosphere model (Petoukhov et al., 2000) with
a three-dimensional ocean general circulation model based
on the GFDL MOM-3 code (Pacanowski and Griffies, 1999)
and a dynamic and thermodynamic sea-ice model (Fichefet
and Maqueda, 1997). In this study, CLIMBER-3α is used
without a carbon cycle. The atmosphere model has a coarse
horizontal resolution of 22.5◦ in longitude and 7.5◦ in latitude, and employs parameterized vertical temperature and
humidity profiles. Oceanic wind stress anomalies are computed with respect to the control simulation and added to the
climatology of Trenberth et al. (1989). The oceanic horizontal resolution is 3.75◦ × 3.75◦ with 24 variably spaced
vertical levels. The model’s sensitivity to vertical diffusivity (Mignot et al., 2006) and wind stress forcing (Schewe
and Levermann, 2010) has been investigated as well as the
model’s behaviour under glacial boundary conditions (Montoya and Levermann, 2008) and global warming (Levermann
et al., 2007). When compared to AOGCMs of the third Coupled Model Intercomparison Project (CMIP3) and previous
generations, the model shows qualitatively and quantitatively
similar results with respect to large-scale quantities (Gregory
et al., 2005; Stouffer et al., 2006b). The model version used
here features a low background value of oceanic vertical diffusivity (0.3 × 10−4 m2 s−1 ) and an improved representation
of the Indonesian throughflow as compared to the version described by Montoya et al. (2005).
We complement our CLIMBER-3α projections of global
mean temperature with emulations of 19 AOGCMs used in
the IPCC Fourth Assessment Report (AR4). These emulations were performed with MAGICC6, a reduced complexity model with an upwelling-diffusion ocean which has
been used in the past three IPCC assessment reports (Wigley
and Raper, 2001). MAGICC6 was shown to be able to
closely emulate the global and hemispheric mean temperature evolution of AOGCMs (Meinshausen et al., 2008). Our
AOGCM emulations use RCPs harmonized emission inputs
Earth Syst. Dynam., 2, 25–35, 2011
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with default efficacies for the individual forcing agents, identical to the model’s setup for creating the default RCP GHG
concentration recommendations for CMIP5 (Meinshausen
et al., 2011). The only exception is that MAGICC6’s climate
model is calibrated and run for the range of 19 individual
AOGCMs, rather than a single median set of climate module
parameters.
Our CLIMBER-3α experiments focus on the four new
RCPs, namely RCP3-PD (van Vuuren et al., 2007), RCP4.5
(Clarke et al., 2007; Smith and Wigley, 2006; Wise et al.,
2009), RCP6 (Fujino et al., 2006), and RCP8.5 (Riahi et al.,
2007). We use the historical, 21st century and long-term
(until 2500) RCP forcing trajectories as provided on http://
www.pik-potsdam.de/∼mmalte/rcps/ and described in Meinshausen et al. (2011). These forcings arose from the process of harmonizing RCP emissions, and producing a single default set of GHG concentrations, which are the basis
for the CMIP5 intercomparison runs that extend from preindustrial times to 2300 (CMIP5, http://cmip-pcmdi.llnl.gov/
cmip5/forcing.html). The extension beyond 2300 follows the
same guiding principle as the extension up to 2300, i.e. a continuation of constant emissions for the RCP3-PD scenario
(and correspondingly dropping forcing levels) and a stabilization of GHG concentrations and forcing levels for the upper three RCPs, RCP4.5, RCP6 and RCP8.5.
For being used in CLIMBER-3α, we group our forcings on
a forcing-equivalence basis, i.e. we aggregate longwave absorbers into a CO2 -equivalence concentration (Fig. 1a and d).
The radiative forcing of agents that scatter or absorb shortwave radiation is aggregated and assumed to modulate the
incoming solar irradiance, taking into account geometry and
albedo (Fig. 1b and e). CLIMBER-3α’s climate sensitivity
is about 3.4 ◦ C, which is higher than the average climate
sensitivity of the transient AOGCM emulations of 2.9 ◦ C
(Meinshausen et al., 2008, Table 4), very close to the average of the slab–ocean GCMs of 3.26 ◦ C and still close to
the IPCC AR4 best estimate of 3 ◦ C (Meehl et al., 2007a,
Box 10.2). The transient climate response is about 1.9 ◦ C for
CLIMBER-3α, compared to about 1.8 ◦ C for the average of
IPCC AR4 AOGCMs (Meehl et al., 2007b, Table 8.2).

3
3.1

Results
Global mean temperature

Global mean surface air temperatures, normalized to the period 1980–1999, are shown in Fig. 1c and f relative to preindustrial (1860–1890) using the median observed temperature increase of 0.52 ◦ C (Brohan et al., 2006). The warming
projected by CLIMBER-3α lies well within the emulation
of the AOGCMs (Fig. 1c and f). For the highest scenario,
RCP8.5, the simulation yields a temperature increase of up
to 8.5 ◦ C, while the lowest scenario, RCP3-PD, reaches up
to 1.6 ◦ C of global warming compared to pre-industrial and
www.earth-syst-dynam.net/2/25/2011/
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then drops at an average rate of about −0.16 ◦ C per century.
This is about ten times slower than the currently observed
temperature rise of 0.16 to 0.18 ◦ C per decade (Trenberth
et al., 2007, section 3.4). Although the reduction in GHG
concentrations in the RCP3-PD is generally slower than the
increase before the peak, this explains only part of the warming/cooling asymmetry: The average cooling rate during the
first 100 years after the peak is 12% of the warming rate in
the 100 years before the peak; over the same period, the GHG
reduction rate is 35% of the increase rate prior to the peak.
The mechanisms responsible for this asymmetry will be discussed in Sect. 4.
3.2

Spatial warming pattern and oceanic overturning

The spatial distribution of temperature change in 2100 reflects the pattern of polar amplification (Winton, 2006),
i.e. above-average surface warming in high latitudes (Fig. 2).
In the low RCP3-PD scenario (Fig. 2a), warming in the
northern North Atlantic region is offset by the cooling effect
www.earth-syst-dynam.net/2/25/2011/

of a 20% reduction of the Atlantic meridional overturning
circulation (AMOC; Fig. 3a) and the associated reduction
in oceanic convection and heat release (compare Sect. 4).
As the AMOC recovers over the course of the 22nd and
23rd century, this offsetting effect will disappear. In the
RCP8.5 scenario (Fig. 2b), the AMOC reduction is relatively
smaller compared to the warming, and has no large offsetting effect. The recovery of the AMOC beyond 2200 is facilitated by the retreat of sea ice cover in the North Atlantic
(Levermann et al., 2007), which in the case of RCP3-PD
even leaves the AMOC stronger in the long-term than under pre-industrial conditions. The behaviour of the AMOC
under global warming in CLIMBER-3α is a robust feature
of most CMIP3 AOGCMs (Gregory et al., 2005), and the
mechanisms at play are in qualitative agreement across the
models (Levermann et al., 2007). Quantitatively, AOGCMs
differ significantly in their response. With respect to the
pre-industrial overturning strength, CLIMBER-3α is comparable to the IPCC AR4 model average and consistent with
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models, while hydrological changes tend to have a minor,
strengthening effect (Gregory et al., 2005). Further possible
AMOC reduction due to Greenland ice sheet melting is not
accounted for in these simulations.
3.3

Monsoon intensification

Directly influenced by atmospheric temperature patterns,
large-scale monsoon circulations are arguably among the
most societally relevant atmospheric systems. Within the
limitations of the statistical-dynamical atmosphere model
and its coarse resolution, CLIMBER-3α simulates the principal patterns of monsoon dynamics and precipitation reasonably well (Fig. 4a), and its seasonal rainfall cycle compares favourably with reanalysis data (Fig. 4b) and IPCC
AR4 models (cf. Kripalani et al., 2007, Fig. 1). We find that
average monsoon rainfall in Asia and Africa intensifies under global warming (Fig. 5), consistent with many studies using more complex models (e.g. Kripalani et al., 2007). Seasonal (June–August, JJA) mean rainfall associated with the
South Asian summer monsoon (including India and the Bay
of Bengal) strengthens by 10% (RCP3-PD) to 20% (RCP8.5)
until the middle of the 21st century and, for RCP8.5, by up
Earth Syst. Dynam., 2, 25–35, 2011

to 30% during the 22nd century (Fig. 5a). Similar results
are found for the East Asian (including China, Fig. 5b) and
West African (Fig. 5c) monsoon, which both increase by up
to 50% for RCP8.5. In absolute terms, this means increases
in JJA rainfall by up to 3–5 mm day−1 for RCP8.5. The decline of the South Asian monsoon for RCP8.5 after 2150 is
due to a shift of the center of maximum precipitation out of
the South Asian region towards South China. While the magnitude and timing of this shift must be viewed in the context
of our intermediate-complexity model, observations suggest
that a displacement of the center of precipitation may be possible under global warming (Wang et al., 2009). In all regions
we find a strong quasi-linear correlation of monsoon rainfall
with the regional temperature difference between land and
ocean (Fig. 5d–f). Note that changes due to direct and indirect aerosol effects are not captured by simulations with
CLIMBER-3α and may have significant influence on monsoon rainfall and circulation which is likely to counter-act
that of global warming (Lau and Kim, 2006; Rosenfeld et al.,
2008).
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3.4 Steric sea level rise
in
this
relation.
starts to decelerate, i.e. around 2100 for RCP8.5, and some
Oceanic warming yields a steric sea level rise (SLR) of nearly
0.5 m for RCP8.5 by 2100 compared to the 1980–1999 average (Fig. 6). Thus, thermal oceanic expansion under RCP8.5
in our CLIMBER-3α simulations is about 20% higher than
the upper 95% percentile (0.41 m by 2100) for the highest
SRES scenario A1FI (see Table 10.7 in Meehl et al., 2007a)
– in part because of slightly stronger anthropogenic forcing
in RCP8.5. For RCP4.5 and RCP6, steric SLR is about 0.3 m
by 2100 and thereby close to the upper 95% percentile provided in IPCC AR4 for the similar SRES B1 scenario. While
for the upper three RCPs, steric SLR continues beyond 2500,
the declining temperatures in RCP3-PD lead to a deceleration
of steric SLR, a peaking at ∼0.3 m and a gradual reversal in
the second half of the 23rd century, about 200 years after
the peak in global temperatures. Other contributions to total sea level rise, in particular from melting of the Greenland
and West Antarctic Ice Sheets, are beyond the scope of this
study.
During an initial phase, we find a quasi-linear relationship
between the rate of steric sea level rise and the global mean
www.earth-syst-dynam.net/2/25/2011/

time earlier for the lower scenarios. As suggested by Vermeer and Rahmstorf (2009), validity of semi-empirical projections of sea level change based on this relation might be
extended by taking rapid adjustment processes into account.
The horizontal distribution of steric SLR, shown in Fig. 7
for RCP3-PD, is qualitatively similar under different scenarios. By 2100 (Fig. 7a), the weakening of the AMOC maximum (cf. Fig. 3a) and of the North Atlantic current produces a southeast-to-northwest SLR gradient in the North
Atlantic via geostrophic adjustment (Levermann et al., 2005;
Yin et al., 2010). Small shifts in the northern subpolar and
subtropical gyre systems induce smaller-scale variations of
SLR. The interhemispheric sea level pattern found by Levermann et al. (2005) for an AMOC shutdown is not reflected
here because the AMOC change is largely confined to the
North Atlantic; Southern Ocean outflow, i.e. the AMOC flux
across 30 ◦ S, is only reduced by about 10% (not shown). By
2200, the AMOC has partly recovered, and the most prominent feature in the North Atlantic is a negative SLR anomaly
(Fig. 7b) due to a 60% increase in the subpolar gyre (Fig. 3b;
Earth Syst. Dynam., 2, 25–35, 2011
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Häkkinen and Rhines, 2004; Levermann and Born, 2007).
In the Southern Ocean, SLR patterns in 2200 are similar
to those in 2100: A strengthening of the Antarctic Circumpolar Current above the level of no motion by about 4 Sv
leads to below-average SLR around Antarctica (Fig. 7). On
top of that, strengthening of the Ross and Weddell gyres
by 5 Sv and 6 Sv, respectively, induces large horizontal SLR
anomalies. Hattermann and Levermann (2010) found that a
strengthening of those gyres may significantly enhance basal
ice shelf melting around Antarctica.
Yin et al. (2010) showed by comparison of simulated and
observed present-day dynamic sea level patterns in twelve
IPCC AR4 AOGCMs that their ensemble mean performs
better than any of the individual models. The SLR pattern
found in our analysis is in good qualitative agreement with
the ensemble mean projection of those models under the
SRES A1B scenario (Yin et al., 2010).
3.5

ORIGINAL MANUSCRIPTS

Deep ocean warming

In contrast to the sea surface, deep ocean temperatures respond to atmospheric warming on centennial time scales.
Due to its peaking characteristic, the RCP3-PD scenario is
well suited to study the propagation of the warming signal
into the deep ocean. Global average temperatures at 500 m
and 1000 m depth exhibit delayed peaks around the years
2200 and 2300, respectively, compared to a surface warming
peak in the middle of the 21st century (Fig. 8a). In the year
Earth Syst. Dynam., 2, 25–35, 2011
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2370, about 300 years after the peak in global surface temperatures, major anomalies of up to 2 ◦ C are found in the upper
1000 m of the North Atlantic and Southern Ocean (Fig. 8b).
In the North Atlantic, substantial warming is observed even
below 2000 m depth. Despite the weakening of the AMOC
noted earlier, the northern oceanic warming pattern clearly
reflects the structure of the overturning cell.
In general, the strong deep oceanic warming signal results from outcropping of isopycnals (black lines in Fig. 8b)
at high latitudes, i.e. a lack of density stratification, which
is a characteristic and robust feature of the modern ocean
circulation. Mixing along these surfaces of constant density is strongly enhanced compared to diapycnal mixing
across these surfaces. In combination with the observed polar warming amplification, isopycnal mixing facilitates enhanced heat uptake as also observed in AOGCMs (e.g. Stouffer et al., 2006a) and is the reason for the observed deep
ocean warming. These heat anomalies spread at intermediate
depths around 500 m, with the effect that peak global-average
warming at those depths exceeds that of the ocean surface
(Fig. 8a). After surface temperatures have relaxed, oceanic
heat uptake is reduced and, after 2300, the ocean eventually
becomes a very weak heat source, further damping the decline of surface atmospheric temperatures (compare Fig. 9b).
This weak heat exchange between ocean and atmosphere
www.earth-syst-dynam.net/2/25/2011/
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Slow cooling under RCP3-PD

As mentioned in Sect. 3.1, global cooling after the temperature peak in RCP3-PD is much slower, relative to the rate of
GHG emissions, than the warming before the peak (Fig. 9a,
blue line). We find that two processes are responsible for this
asymmetry.
Generally oceanic heat uptake by vertical mixing creates
thermal inertia that delays any temperature change at the surface (Fig. 9b). In order to identify additional effects, we
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isolate this ocean mixing effect with an intentionally simple
energy-balance equation for global mean surface temperature
anomaly T (t), assuming a diffusive ocean (following Allen
et al., 2009; Hansen et al., 1985):


C
C0



Z
− a0 T − a2
0

t

dT (t 0 )
dt 0
(1)
√
dt 0
t − t0

where C(t) is CO2 concentration; C0 = 280 ppm is the initial
concentration at t = 0; a1 is the heat capacity of the oceanic
mixed layer; a2 is ocean vertical diffusivity; a3 ' 1.3◦ C is
climate sensitivity not accounting for any feedbacks; and
1/a0 is the climate feedback factor, such that a3 /a0 is the full
climate sensitivity, which is ∼3.4 ◦ C for CLIMBER-3α.
This model, with parameters a0−2 calibrated to match
CLIMBER-3α, reproduces the global mean temperature simulated by CLIMBER-3α very well until about 2100 (black
dashed line in Fig. 9a). However, at the beginning of the
22nd century, the CLIMBER-3α result deviates from the simple diffusive ocean heat uptake relationship: While the latter projects a steady cooling trend all the way until 2500,
CLIMBER-3α projects a substantial slow-down of the cooling around the year 2110 (vertical dashed line in Fig. 9). The
cooling rate thereafter remains almost 50% lower than suggested by Eq. (1) for about two centuries, consequently arriving at a significantly higher temperature. Plotted versus
CO2 -equivalent GHG concentration, this is visible as a clear
excursion from the smooth hysteresis projected according to
Eq. (1) (Fig. 10).
To test the robustness of this behaviour, we have conducted
additional simulations using a set of scenarios that are identical to RCP3-PD until 2070. Thereafter, we set CO2 emissions in RCP3-PD equal to zero or two, three, four or five
times as large negative emissions as in the original RCP3-PD,
respectively. Using these modified RCP3-PD scenarios, we
then computed radiative forcings following the same process
as in generating the recommended CMIP5 GHG concentrations of the RCPs (for details, see Meinshausen et al., 2011).
Under all these modified RCP3-PD scenarios, CLIMBER3α projects a drop in the cooling rate at the same time, near
the year 2110, i.e., some decades after global mean temperature started to decline (thin grey lines in Fig. 9a). For
zero emissions after 2070 (top grey line), this even leads to
a slow global warming until the early 24th century, despite
the net decrease in radiative forcing. Again, viewed relative to CO2 -equivalent GHG concentration, Eq. (1) yields
essentially the same hysteresis for all the scenarios (Fig. 10,
dashed grey lines), while the CLIMBER-3α projections for
the modified scenarios depart from that hysteresis soon after
the peak (solid grey lines).
This result suggests that, on the one hand, the global mean
temperature response of the coupled climate model to a peakand-decline scenario such as RCP3-PD is, up until about
70 years after the peak in GHG concentrations, mainly governed by the heat capacity of the oceanic mixed layer and
heat exchange with the deep ocean due to mixing. The inertia
Earth Syst. Dynam., 2, 25–35, 2011
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induced by these processes delays the cooling that results
from the decline in GHG concentrations (Stouffer, 2004). On
the other hand, another mechanism comes into play around
the year 2110 that further reduces the cooling rate, over a
period of two centuries, by almost 50%.
We find that a relatively rapid change in oceanic convection is responsible for this reduction. The depth of the wintertime oceanic mixed layer in the North Atlantic is a direct
indicator of the strength of convection associated with the
AMOC. This mixed layer depth shrinks during the warming
phase in the 21st century, but then extends strongly between
the years 2110 and 2150, which coincides with the change
in the surface cooling rate (Fig. 9c). Enhanced convection in
these latitudes results in enhanced heat loss of the ocean to
the atmosphere; thus, globally, net ocean heat uptake is reduced by this effect (Fig. 9b, solid blue line), slowing down
atmospheric cooling.
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5 Discussion and conclusions
We have presented large-scale climatic consequences of the
new RCP scenarios, which are designed for the forthcoming IPCC AR5 to span the full range of future pathways
of anthropogenic GHG emissions currently discussed in the
literature (Moss et al., 2008, page i). CLIMBER-3α atmospheric temperature projections and AOGCM emulations using MAGICC6 are qualitatively and quantitatively similar
for the 21st century. CLIMBER-3α temperatures tend to be
slightly higher than the median of the AOGCM emulations
(cf. Fig. 1), owing to the difference in climate sensitivity.
While the CLIMBER-3α simulations are based on the standard settings presented in Montoya et al. (2005), the wider
range of possible climate responses is covered by the emulation ensemble with MAGICC6, spanning climate sensitivities from 1.9 ◦ C (emulation of the NCAR PCM model) to
5.7 ◦ C (emulation of the MIROC3.2 high resolution model,
see Meinshausen et al., 2008, Table 4). With respect to atmospheric quantities, the coarse resolution of CLIMBER-3α
and the limitations of the statistical-dynamical representation
must be kept in mind. On the other hand, large-scale oceanic
quantities have been shown to be in good agreement with recent AOGCM results.
Our evaluation of the peak-and-decline scenario RCP3-PD
reveals that global maximal temperatures can be expected
close to 1.5 ◦ C warming relative to pre-industrial levels. Owing to negative CO2 emissions, concentrations under this
scenario are projected to drop markedly after peaking in
2070, and induce a slow cooling. This finding is consistent with recent studies using other models of varying complexity (e.g. Solomon et al., 2009), which showed that under zero-emission scenarios temperatures are projected not
to drop substantially for several centuries. Our work goes
beyond those studies by demonstrating that in a physical climate model, cooling is not only delayed by mixing-related
heat exchange with the ocean, but that dynamical effects can
significantly add to the delay. The abrupt strengthening of
convection in the North Atlantic indicates an important role
of internal dynamical processes in the oceans, especially because the timing of the convection change seems to be independent of the rate of (negative) GHG emissions, once atmospheric temperatures have started to fall. Although the exact
timing will probably differ across models, the onset of strong
convection is likely to be a robust feature, because declining
atmospheric temperatures lead to stronger cooling of surface
waters and thus reduce the stability of the water column.
The projections of steric sea level rise presented here are
generally consistent with previous simulations. The highest scenario, RCP8.5, being warmer than the highest SRES
scenario, yields enhanced steric sea level rise of up to 2 m
by 2500. According to our simulations, thermal oceanic expansion can be halted only for emission trajectories corresponding to, or below, RCP3-PD. In this scenario we observe
an enhanced oceanic warming of intermediate depth due to
www.earth-syst-dynam.net/2/25/2011/
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polar amplification in combination with the lack of oceanic
density stratification in high latitudes. The associated heat
content persists for centuries. Thus, these results will allow future studies to quantify the risk of such a mid-ocean
warming for marine ecosystems (Sarmiento et al., 2004) and
environments. For example, prolonged deep ocean warming could be sufficient to trigger the dissociation of shallow
methane hydrates trapped in ocean sediments, and thereby
release additional amounts of greenhouse gases into the atmosphere (Reagan and Moridis, 2008; Archer et al., 2009).
Furthermore, melting of Antarctic ice shelves (Holland et al.,
2008) and the initiation of oceanic anoxic events (Hofmann
and Schellnhuber, 2009; Stramma et al., 2009) could be facilitated.
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Monsoon systems influence the livelihood of hundreds of millions
of people. During the Holocene and last glacial period, rainfall
in India and China has undergone strong and abrupt changes.
Though details of monsoon circulations are complicated, observations reveal a defining moisture-advection feedback that dominates the seasonal heat balance and might act as an internal amplifier, leading to abrupt changes in response to relatively weak external perturbations. Here we present a minimal conceptual model
capturing this positive feedback. The basic equations, motivated by
observed relations, yield a threshold behavior, robust with respect
to addition of other physical processes. Below this threshold in net
radiative influx, Rc , no conventional monsoon can develop; above
Rc , two stable regimes exist. We identify a nondimensional parameter l that defines the threshold and makes monsoon systems
comparable with respect to the character of their abrupt transition.
This dynamic similitude may be helpful in understanding past and
future variations in monsoon circulation. Within the restrictions of
the model, we compute Rc for current monsoon systems in India,
China, the Bay of Bengal, West Africa, North America, and Australia,
where moisture advection is the main driver of the circulation.
Earth system | tipping element | abrupt climate change | atmospheric
circulation | nonlinear dynamics

M

onsoon rainfall shapes regional culture and the livelihoods
of hundreds of millions of people (e.g., 1, 2). The future evolution of monsoon rainfall under increasing levels of atmospheric
CO2 and aerosol pollution is highly uncertain (3). Although greenhouse gas abundance tends to increase monsoon rainfall strength
(4–6), the situation is more complex with changing aerosol distribution (7, 8). Given this large uncertainty in the future forcing of
monsoons, it is crucial to understand internal monsoon dynamics, especially with respect to self-amplifying feedbacks, which
might result in potentially strong responses to small perturbations. Zickfeld et al. (2005) found two stable states in a simple
model of the Indian summer monsoon, which in principle allows
for rapid transition between radically different monsoon circulations (9, 10) and thereby identified the Indian monsoon as a
potential tipping element of the climate system (11). Evidence for
such behavior is found in paleodata that show rapid and strong
variations in Indian and East Asian monsoon rainfall (12, 13).
These abrupt changes have been linked to climatic events in the
North Atlantic for the last glacial period (14, 15) as well as for
the Holocene (16, 17). Though a physical mechanism for this
teleconnection has been suggested (18), relevant climatic signals
of the North Atlantic events in Asia (such as temperature and
moisture anomalies) are very small (19) indicating that internal
feedbacks in monsoon dynamics may have amplified the weak
external forcing.
Both spatial patterns and temporal evolution of monsoon rainfall are influenced by a number of physical processes (7, 18, 20–28)
as well as characteristics of vegetation (29–31) and topography
(32). Though these details are crucial for the specific behavior
of different monsoon systems and their significance will vary from
region to region, there exist defining processes fundamental to any
monsoon dynamics (e.g. 33, 34). These processes are the advection
of heat and moisture during monsoon season and the associated
rainfall and release of latent heat. In accordance with Zickfeld
www.pnas.org / cgi / doi / 10.1073 / pnas.0901414106

et al. (9), we suggest the positive moisture-advection feedback (21)
as a candidate for the main cause of abrupt changes in monsoon
dynamics.
We derive a minimal conceptual model of a monsoon circulation
(Fig. 1A), comprising merely conservation of heat and moisture,
knowingly neglecting a large number of relevant physical processes
in order to distill the fundamental nonlinearity of monsoon circulations. The resulting governing equation exhibits the necessary
solution structure to explain qualitatively both strong, persistent
changes in monsoon rainfall, as observed in paleorecords, and
abrupt variablity within one rainy season. This equation’s dynamic
similitude, expressed through a single dimensionless number l,
which defines the threshold behavior and makes different monsoon systems comparable with respect to their transition, may
serve as a building block for understanding past and future abrupt
changes in monsoon dynamics.
Results
Moisture-Advection Feedback in Monsoon Dynamics. The seasonal

evolution of the continental heat budget for different monsoon
systems (Fig. 2) shows that sensible heat flux from the land surface
increases during spring and heats up the atmospheric column prior
to the rainy season. The onset of heavy rainfall (red vertical lines
in Fig. 2) is associated with a drop in surface temperature on land,
and consequently, sensible heat flux reduces drastically. During
the monsoon season, latent heat release dominates the atmospheric heat content, whereas net radiative fluxes are relatively
constant throughout the year, reflecting the stabilizing long-wave
radiative feedback. In response to the latent heat release, thermal
energy is transported out of the region through large-scale advection and synoptic processes. The main dynamical driver of the
monsoon is therefore the positive moisture-advection feedback
(Fig. 1A): The release of latent heat from precipitation over land
adds to the temperature difference between land and ocean, thus
driving stronger winds from ocean to land and increasing in this
way landward advection of moisture, which leads to enhanced precipitation and associated release of latent heat. In the following,
we seek to capture this feedback in a minimal conceptual model.
Minimal Conceptual Model for Abrupt Monsoon Transitions. For this
purpose, consider the heat-balance equation of the monsoon
season (Fig. 2, for example at blue vertical line).

L · P − Cp W · ΔT + R = 0,

[1]

where latent heat release and net radiation into the atmospheric
column, R, balance heat divergence, and the relatively weak contribution from sensible heat transport from the land surface to the
atmospheric column has been neglected. ΔT is the atmospheric
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some regions, does not alter the model behavior qualitatively. This
offset is discussed together with other possibly relevant processes
in the SI Appendix. Here we seek to capture only processes relevant to the self-amplification feedback. Neglecting the effect of
evaporation over land and associated soil-moisture processes in
the continental moisture budget, precipitation has to be balanced
by the net landward flow of moisture
W · ρ(qO − qL ) − P = 0,

[3]

where qO and qL are specific humidity over ocean and land, and
ρ = 1.3 kg/m3 is mean air density.
Note that evaporation is clearly an important process for the
moisture budget (e.g. (38)) and is omitted in Eq. 3 only for the
sake of clarity. Including evaporation does not change the model
behavior qualitatively (see SI Appendix). It does, however, shift the
value of the critical threshold, as we will show in the next section
when applying our model to data. In the minimalistic spirit of
this section, we omit the effect of evaporation here because it is
not of first order to the problem. Consistent with reanalysis data
(Fig. 4) and theoretical considerations (36, 39), continental rainfall is assumed to be proportional to the mean specific humidity
within the atmospheric column
P = βqL .

[4]

The effect of an offset between these quantities does not change
the model behavior qualitatively (see SI Appendix). This set of
assumptions (Eqs. 1–4) yields the dimensional governing equation
of the model
β
α
αβ
W3 + W2 −
(LqO β + R) · W − 2
· R = 0.
[5]
ρ
Cp
 ρCp
Fig. 1. Basic mechanism of abrupt monsoon transitions. (A) Geometry of
conceptual model and fundamental moisture-advection feedback. The same
notation as in the text is used for wind W , precipitation P, net radiative influx
R, vertical scale H and horizontal scale L. Arrows in the feedback loop indicate the amplification of one physical processes by another. (B) Mechanism
of the abrupt transition. Heating by latent heat release and cooling through
heat advection compensate each other, and both decrease with decreasing
winds (or equivalently, land–ocean temperature difference ΔT ; see Eq. 2).
The resultant heating balances the negative net radiative flux as long as it is
above a threshold RC , below which no conventional monsoon exists.

temperature difference between land and ocean. Latent heat of
condensation is L = 2.6 · 106 J/kg and volumetric heat capacity
of air at constant pressure Cp = 1, 295 J/m3 /K. P is the mean
precipitation over land (in kg/m2 /s). The ratio  = H/L between
vertical extent H of the lower troposphere and the horizontal scale
L of the region of precipitation (Fig. 1) enters because of the balance of the horizontal advective heat transport and the vertical
fluxes of net radiative influx R and precipitation P. A length scale
for the coastline drops out. Note that no annual cycle is included
in the model. Only budgets for the rainy season are considered.
Consequently, this model does not capture any interseasonal or
any interannual dynamics. Equations are only valid for landward
winds, W ≥ 0.
Assuming dominance of ageostrophic flow in low latitudes,
the landward mean wind W is taken to be proportional to the
temperature difference between land and ocean (33, 36, 37):
W = α · ΔT.

[2]

This assumption of a linear relation between the two quantities is supported by National Centers for Environmental Prediction/National Center for Atmospheric Research (NCEP/NCAR)
reanalysis data (Fig. 3) with correlation coefficients above 50% for
all regions. There is significant scatter in some plots, reflecting the
fact that other processes may be relevant for the monsoon dynamics in the corresponding regions. A possible offset, as observed in
2 of 6
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Note that through the linear relation of Eq. 2, this equation can
equally be understood as an expression for the temperature difference beween land and ocean ΔT, which might be more useful
for some applications. Introduction of nondimensional variables
w ≡ W ρ/β and p = P/(qO β) results in the nondimensional
equation
w3 + w2 − (l + r)w − r = 0,

[6]

which depends on two parameters only: The dimensionless net
radiative influx r ≡ R · αρ2 /(Cp β2 ) and a measure for the relative
role of latent and advective heat transport
l ≡ (αρ2 LqO )/(Cp β) = (LqO β)/(Cp β2 /(αρ2 )).

[7]

Large l corresponds to a strong influence of moisture advection (scaling as LqO βp) on the continental heat budget compared
with heat advection by large-scale and synoptic processes (scaling
as Cp β2 w2 /(αρ2 )). The nondimensional precipitation is directly
related to the wind through p = w/(1 + w).
Solutions w(r) of Eq. 6 are determined entirely by a choice of
the only free parameter l, which can be expressed in terms of a
critical threshold of net radiative flux rc , below which no physical
solution exists (Fig. 5). The critical point (rc , wc ) will vary for different monsoon systems. It is directly linked to the only remaining
parameter l, through
wc (wc + 1)2 = l/2.

[8]

and therefore uniquely defines the solution w(r) of the model. The
critical radiation can be computed from
rc = −w2c (2wc + 1)

[9]

Thus for large l (as observed in some monsoon systems) the critical
threshold is well approximated by rc ≈ −l. Note that l is scaling
like qO α/β where α and β have clear-cut physical meaning (39).
α is essentially a function of the near-surface cross-isobar angle and
thereby a function of surface roughness and static stability of the
Levermann et al.
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Fig. 2. Seasonal heat contributions to the atmospheric column over different continental monsoon regions in NCEP/NCAR reanalysis data (35). Radiative
heating of the land surface in spring enhances sensible heat flux from the ground (’Sensible’). During the rainy season, latent heat release dominates the heat
budget (’Latent’). Radiative heat flux comprises all radiative fluxes in and out of the atmospheric column (’Radiative’). The excess heat is transported out of
the continental monsoon region though large-scale advective and synoptic processes (’Convergence’). Error bars give the standard deviation from the 60 years
for which data is available (1948–2007). Regions from which values were taken are defined in the (SI Appendix). The red and blue vertical lines emphasize the
months of maximum sensible heat flux and latent heat flux, respectively.

planetary boundary layer (PBL). β is governed by the characteristic turnover (recycling) time of liquid water in the atmosphere and
thereby determined by static stability and vertical velocity in the
PBL. Any physical solution for r > rc is characterized by landward
winds w > 0 and positive precipitation p > 0.
Let us now try to understand the physical mechanism behind
the threshold behavior observed in Fig. 5. In the tropics net
radiative influx is negative, i.e. radiation cools the atmospheric
column. During monsoon season the same is true for the advection of heat by the winds because winds blow predominantly
from the colder oceanic surrounding. The release of latent heat
compensates for both of these heat-loss processes. If monsoon
winds get weaker, condensation and therefore latent heat release
through precipitation are reduced (moisture-advection feedback,
Fig. 1A). The abruptness of the transition emerges through an
additional stabilizing effect of the direct heat advection which is
cooling the atmospheric column and is also reduced for reduced
monsoon winds. Thus both advection-related processes, precipitative warming and thermal cooling, are simultaneously reduced
and partly compensate until a threshold is reached at which
condensation/precipitation cannot provide the necessary latent
heat to sustain a circulation. As a consequence, land-ocean
Levermann et al.

temperature difference ΔT and therewith monsoon winds break
down (Fig. 1B).
Estimate of Critical Threshold for Current Monsoon Systems. In order
to estimate the critical threshold of different monsoon systems
within the limitation of this very simple model, we use time series
of precipitation P, radiation R, temperature difference ΔT, and
specific humidity qO from the NCEP/NCAR reanalysis data (35)
to compute time series for α(t) = (LP + R)/(Cp ΔT 2 ) and
β(t) = ((LP +R)·ρP)/((LP +R)qO ρ−Cp ΔTP), assuming applicability of the model and stationary statistics within the observational
period (1948-2007). Via α(t) and β(t), the parameter l(t) is known
and the system is estimated for each year. As a simple test for the
model, we calculate the remaining quantity that is not used for the
computation of α(t) and β(t), the specific humidity over land

qL (t) = qO (t) −

CP ΔT(t)P(t)
.
ρ(LP(t) + R(t))

[10]

The resulting model estimate of the specific humidity qL compares
reasonably well (Fig. S2 in the SI Appendix) with the independently observed qL that was used in Fig. 4 to motivate the relation
between specific humidity and precipitation (Eq. 4).
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Fig. 3. Landward zonal wind versus temperature difference between land
and ocean during monsoon season [NCEP/NCAR reanalysis data (35)]. The lines
show best linear regression with correlation r.

Via the definition of l, we compute Rc from the time series
α(t) and β(t) for each year between 1948-2007. Note that the only
quantity that is not constrained by data in this computation is
the parameter , which defines the ratio of vertical and horizontal scale. However, the critical threshold RC is independent of ,
and thus the calculation depends only on relatively robust averaged values of precipitation, net radiation, average temperature
difference between land and ocean, specific humidity over ocean,
and the natural constants ρ, L, and Cp . We interpret the resulting
distribution of the critical threshold Rc (Fig. 6, blue) as a noisy
estimate of a stationary critical threshold.
Within the limitations of the model, the observed net radiation
is higher than the critical threshold in the Bay of Bengal, West
Africa, and China. In India, North America, and Australia, the distributions have significant overlap. Incorporating evaporation into
the model shifts the distribution toward lower thresholds (Fig. 6,
red), while at the same time increasing the precipitation threshold Pc . Standard bootstrapping (see SI Appendix) reveals that the
estimates in Fig. 6 are already relative robust distributions, in view
of the simplicity of the model approach.
Discussion
A minimal conceptual model for monsoon circulations that captures the moisture-advection feedback is presented. The model is
unlikely to describe details of monsoon circulations quantitatively,
nor is it meant to capture all dynamical processes of a monsoon
circulation. Following a minimalistic philosophy, the model comprises the necessary processes for a positive feedback and thereby
demonstrates the possibility of an abrupt transition of monsoon
circulations from a state with strong rainfall to a weak precipitation state. All model equations are backed by relations found
in NCEP/NCAR reanalysis data. For India, it has been shown
that this data-set properly represents the statistics of precipitation when compared with regional observations with higher spatial
resolution (40).
4 of 6
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Because the processes represented in our model are fundamental to monsoon systems, we believe that the results strongly suggest
the possibility of abrupt monsoon transitions. Because the dominant driving process is captured, it is not impossible that the model
can provide a reasonable estimate for the critical threshold, Rc ,
once all necessary processes are incorporated. The bifurcation
structure of the model is robust with respect to incorporation of
other physical processes (see SI Appendix) and only changes qualitatively when either of these perturbations dominate the dynamics.
Thus, the applicability of our model is based on the assumption
that moisture advection is the dominant process in the heat budget
of a monsoon system.
The possibility of abrupt transition is due to the competition
of the main heat transport processes during the rainy season.
Although latent heat release through precipitation warms the
atmospheric column, direct advection of heat is cooling it. Both
processes decrease with decreasing monsoon winds and thereby
compensate each other with respect to the net heat injection into
the atmospheric column. The threshold of this stabilizing effect is
set by the radiative cooling, which is characteristic to low-latitudes
and is strongly influenced by aerosol distribution in the region.
According to our model, abrupt transitions may occur in two different ways. For net radiation above the critical threshold R > RC ,
the system is bistable. Because the model only describes the rainy
season and does not capture the annual monsoon cycle, abrupt
transitions in the bistable regime can only be interpreted intraseasonally, e.g., a month of heavy rain followed by a month of extraordinarily weak precipitation. An example could be the extremely
weak rainfall in July and September observed in India in the year
2002, in which the rest of the season exhibited average rainfall (41).
Our model does not capture the dynamics of a decline or
increase in monsoon strength over several years. Thus, paleodata in which strong variation in monsoon rainfall have been
recorded cannot be explained by the bistable regime because these
recordings show monsoon changes over several years, decades, or

Fig. 4. Precipitation versus specific humidity over land during monsoon season [NCEP/NCAR reanalysis data (35)]. The lines show best linear regression
with correlation r.
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Fig. 6. State of current monsoon systems with respect to the critical
point computed from the conceptual model. The black distribution reflects
observed fluctuations in net radiation in the different monsoon systems. The
blue distribution provides the computed critical threshold from the conceptual model. The red distribution includes the effect of evaporation. Lines
give a Gaussian function with the same mean and standard deviation as the
corresponding discrete distribution.
Fig. 5. Solution of the nondimensional governing Eq. 6. (Top) Nondimensional landward wind for two values of the only parameter l = 0 and l = 1.
(Middle) Corresponding nondimensional precipitation. (Bottom) Nondimensional precipitation for higher values of l as observed in some monsoon
systems. The functional form of the solution is not changed qualitatively.
The critical threshold (wc (l), pc (l)) is given as the black curve in each frame.

even centuries. Such behavior would correspond to a shift of the
system across the critical threshold into the monostable regime
R < RC without a conventional monsoon. If persistent, such a
shift would be visible in paleorecords.
The reduction of the full set of model parameters to a single scaling number l, which determines the system and thereby
the critical threshold, testifies to a remarkable dynamic similitude
with respect to the atmospheric quantities α, β, and q0 . Different monsoon systems with the same l will have the same transition
behavior. As illustrated in Fig. 5, l provides a measure for the position and the sharpness of the transition, i.e., for the point (rc , wc ) in
state space. This means, in particular, that a decrease in inflowing
humidity q0 associated with, e.g., colder climate conditions (which
would decrease the threshold Rc and shift the system closer to a
collapse) could be compensated by decreasing β, representing a
lower turnover (recycling) time of moisture in the atmosphere,
which is influenced by, e.g., aerosols.
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The parameter q0 in our model can be interpreted in a rather
broad sense as a specific humidity of the vicinity influencing a
monsoon region. As an example, the years with anomalously high
snow cover over the Tibetan Plateau in spring and early summer
(20, 26) could be characterized by a decrease in q0 during midsummer, which would shift the threshold value Rc for the Indian
monsoon closer to the observed precipitation over the region, thus
increasing a possibility of monsoon breakdown in those years. Similarly, a colder climate with generally decreased humidity qO could
be closer to the critical threshold, which might be the reason for
less-stable monsoon circulations during glacial periods.
In the future, net radiation may be reduced through aerosol pollution, which will push the system qualitatively closer to the critical
threshold (7). On the Indian subcontinent, in China, and in parts
of sub-Saharan Africa, agricultural productivity is closely linked to
and limited by monsoon rainfall. Food security in these regions is
particularly sensitive to monsoon variability (42–45). Studies with
comprehensive models are necessary to confirm or reject the idea
of the existence of a threshold as well as its position.
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Addition of evaporation. To our understanding, the strongest miss-

ing process is the effect of evaporation over land. In order to estimate
Monsoon regions and definitions
the critical threshold of different monsoon systems we generalize the
NCEP/NCAR reanalysis data was obtained from http://www.cdc.noaa.gov/model by adding evaporation to the moisture budget (equation [3]). In
the reanalysis data evaporation provides a very weak feedback within
as 60-year monthly mean time series, starting January 1948. Heat flux
the dynamics and is well approximated by P − E ≈ γP − EO , with
and precipitation data are averaged over land in each monsoon region.
region-specific constants E0 and γ which is close to unity (figure S4).
∆T is the difference between the average temperatures over land and
For this purpose we replace equation [S2] by w (1 − p) − (γp − e)
ocean. Humidities qL and qO refer to the same land and ocean rewith e ≡ E0 / (βqO ). This equation can also be derived from the apgions, respectively. The near-surface, landward zonal wind velocity
proach by Hansen et al. [1] and an additional assumption of constant
W is averaged over a third region. All three regions are given in
total soil moisture within a rainy season. We obtain
table 1 and illustrated in figures S1 and S2, together with the respecw+e
tive definitions of the monsoon season that are used for the temporal
[ S3 ]
p=
averages shown in figures 3 and 4. W is averaged vertically between
w+γ
850hPa and 1000hPa. qO is averaged vertically between 600hPa and
Accordingly, the governing equation transforms to
1000hPa. All other vertical averages are over the entire atmospheric
w3 + γw2 − (l + r) w − (el + γr) = 0
[ S4 ]
column.
Robustness of Rc estimate
In order to determine the statistical stability of the estimate of the
distribution of RC , we proceeded in two steps. (1) From the time
series’ autocorrelation we decided to treat the time series of α and β
as containing virtually no memory, i.e. values from different years
can be treated as statistically independent. Note that this assumption
does not contradict the existence of interannual to decadal variability
that is forced externally. (2) Via bootstrapping we generated surrogate time series of length 60. From this time series ensemble we
found that the standard deviation of mean and standard deviation of
the RC -distribution are one order of magnitude below the standard
deviation of the shown distribution of RC -estimates. Hence the red
curves in figure 6 are already relatively robust estimates, in view of
the simplicity of the model approach.
Structural sensitivity of conceptual model
In order to analyse the structural robustness of the governing equation [6] to inclusion of further physical processes we start from the
non-dimensional forms of the unperturbed equations [1] and [3]
lp − w2 + r
w (1 − p) − p

=
=

0
0

[ S1 ]
[ S2 ]

using the same definitions of parameters l and r and non-dimensional
variables w and p as in the main text. Note that the parameter l as
computed from observations is of the order 104 . Its qualitative influence on the solution structure can, however, already been seen for
l = 1. Since 1 is the only other scale in the non-dimensional governing equation, we will use l = 1 as an example. Similarly we will
show the qualitative influence of other paramters by setting them to
0.5 without claiming this to be an observed value. Note that for some
cases the critical precipitation reduces and could in principle become
zero or negative. This would change the model behaviour qualitatively. However this can only be the case when the corresponding
process dominates the dynamics and is not merely a perturbation to
the dynamics described in the core model. Non of the processes included eliminates the bifurcation for small parameter values. In this
sense the model behaviour is robust.
www.pnas.org/cgi/doi/10.1073/pnas.0709640104

Both constant and precipitaton-dependent evaporation shift critical
radiation to lower and critical precipitation towards higher values (figure S5). As in the minimal model set-up, the critical threshold can be
computed analytically from
wc (wc + γ)2 = (γ − e) l/2

[ S5 ]

rc = 3wc2 + 2γwc − l

By additional use of the evaporation time series E(t) from
NCEP/NCAR reanalysis, the parameter e can be computed.
e = E(t)/ (βqO (t))

[ S6 ]

By assuming γ to be constant (taken from the regression in figure S4),
the critical threshold of this generalized model can be computed (figure 6).
Addition of cloud-albedo feedback. Assuming that cloud-albedo

over land increases with the atmospheric moisture content we add
a term −a′ qL to equation [1] where a′ is a constant. Consequently
the nondimensional heat equation is transformed into
(l − a) p − w2 + r = 0
`
´
where a ≡ a qO ǫα/ Cp β 2 . The governing equation

[ S7 ]

′

w3 + w2 − (l + r − a) w − r = 0

[ S8 ]

shows the same functional form with an effective shift of the original l-parameter towards lower values (figure S6). This reduces the
significance of the moisture-advection feedback for the monsoon circulation by lowering the threshold precipitation value. On the other
hand the threshold is reached at higher net radiation rc .
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Tab. S1: Regional definitions used for data analysis
Monsoon system
Land region
Ocean region
Wind region
Monsoon season

INDIA

BAY OF BENGAL

CHINA

W.AFRICA

N.AMERICA

AUSTRALIA

70 − 90◦ E
5 − 30◦ N
65 − 78◦ E
5 − 30◦ N
65 − 78◦ E
5 − 30◦ N

80 − 100◦ E
15 − 30◦ N
80 − 100◦ E
10 − 20◦ N
80 − 100◦ E
15 − 30◦ N

100 − 110◦ E
25 − 30◦ N
80 − 100◦ E
10 − 20◦ N
90 − 105◦ E
15 − 25◦ N

15◦ W − 10◦ E
2 − 14◦ N
28◦ W − 10◦ E
5◦ S − 14◦ N
15◦ W − 10◦ E
2 − 9◦ N

110 − 100◦ W
20 − 30◦ N
120 − 110◦ W
20 − 30◦ N
111 − 109◦ W
20 − 30◦ N

120 − 150◦ E
18 − 10◦ S
100 − 130◦ E
10 − 0◦ S
100 − 130◦ E
10◦ S − 0◦

JJA

JJA

Addition of constant equatorial easterlies. The effect of a constant
inflow of moist air leads to an addition of a constant wt to the winds
in the heat balance and moisture balance equations
lp − w (w + wt ) + r = 0
[ S9 ]
(w + wt ) (1 − p) − p = 0
[ S10 ]
yielding the governing equation

JJA

JAS

JJA

JFM

where σ ≡ σ ′ / (Cp β) and tO ≡ TO αǫ/β is the nondimensional
atmospheric temperature over the ocean. The resulting governing
equation
w3 +(σ + 1) w2 −(l + r − σ (σ + 1)) w −(r + σtO ) = 0 [ S13 ]

w3 +(2wt + 1) w2 −(l + r − wt (wt + 1)) w−((1 + wt ) r + lwt ) = 0 resembles the corresponding relation with additional trade winds (figure S8).
[ S11 ]
and a shift of the critical threshold towards lower radiation and precipitation values (figure S7).
Addition of threshold for precipitation. Adding a threshold moisAddition of stabilizing radiative feedback. Adding a negative conture value qth to equation [4] above which precipitation is initi′
tribution −σ TL to the heat balance may be used to parameterize a
ated does not change the governing equation after redefining p ≡
stabilizing temperature feedback due to changes in long wave radiaP/ ((qO − qth ) β). It however changes the physical quantities. Crittion. This addition transforms the non-dimensional heat balance into
ical precipitation then reduces to zero when the threshold value approaches qO .
lp − (w + σ) w − σtO + r = 0
[ S12 ]

1. Hansen J, et al. (1983) Efficient three-dimensional global models for climate studies:
Models I and II. Monthly Weather Review 111:609–662.
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Fig. S1. Difference in precipitation between seasons (JJA-DJF) and the different
monsoon regions studied (black boxes).

Fig. S2. Different ocean (blue), land (dark gray) and wind (red box) regions for
the different monsoon systems as used for computation of the different quantities used to motivate the conceptual model. Flow lines represent summer winds
connecting the ocean with the land region.
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Fig. S4. Scaling of precipitation minus evaporation with precipitation in NCEPNCAR reanalysis data.
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Fig. S5. Change in solution structure due to inclusion of evaporation. Left: constant offset e = 0.2 without linear dependence on precipitation γ = 1 (equation [S4]). Right: linearly dependent evaporation γ = 0.9 without constant offset
e = 0.
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Fig. S6. Change in solution structure due to inclusion of the cloud-albedo feedback
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Fig. S7. Change in solution structure due to inclusion of an inflow of moisture
and heat by constant trade winds
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Abstract
Monsoon systems around the world are governed by the so–called moisture–advection
feedback. Here we show that, in a minimal conceptual model, this feedback implies a
critical threshold with respect to the atmospheric specific humidity qo over the ocean
adjacent to the monsoon region. If qo falls short of this critical value qoc , monsoon rainfall
over land cannot be sustained. Such a case could occur if evaporation from the ocean
was reduced, e. g. due to low sea surface temperatures. Within the restrictions of
the conceptual model, we estimate qoc from present–day reanalysis data for four major
monsoon systems, and demonstrate how this concept can help understand abrupt
variations in monsoon strength on orbital timescales as found in proxy records.
1
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Introduction

Monsoon rainfall is the major prerequisite of agricultural productivity in many tropical
and subtropical regions of the world, and its variability has been affecting the livelihoods
of a large share of the world’s population from ancient civilizations until today (e.g.
Parthasarathy et al., 1988; Kumar et al., 2004; Auffhammer et al., 2006; Zhang et al.,
2008; Rashid et al., 2011). Proxy records show evidence of abrupt and strong monsoon
shifts during the last two glacial cycles (Burns et al., 2003; Wang et al., 2005a, 2008)
and the Holocene (Gupta et al., 2003; Hong et al., 2003; Wang et al., 2005b; Rashid
et al., 2011) in India, the Bay of Bengal, and East Asia. In many instances in the
past, periods of strong monsoon rainfall thus appear to have alternated with periods of
prolonged drought, with comparatively rapid transitions between the two.
Both spatial patterns and temporal evolution of continental monsoon rainfall are influenced by a number of physical processes (Hahn and Shukla, 1976; Webster et al.,
1998; Krishnamurthy and Goswami, 2000; Clark et al., 2000; Kucharski et al., 2006;
Goswami et al., 2006; Goswami and Xavier, 2005; Dash et al., 2005; Ramanathan
et al., 2005; Wang, 2005; Yang et al., 2007) as well as characteristics of vegetation
(Meehl, 1994; Claussen, 1997; Robock et al., 2003) and topography (Liu and Yin,
2002). Though these details are crucial for the specific behavior of different monsoon systems, and their significance will vary from region to region, there exist defining
processes fundamental to any monsoon dynamics (e.g. Webster, 1987a,b). These
are the advection of heat and moisture during the monsoon season and the associated rainfall and release of latent heat. While differential heating of land and ocean
in spring is important for the initiation of the monsoon season, land surface temperatures drop substantially after the onset of heavy precipitation, diminishing the surface
temperature gradient. The monsoon circulation over the continent is thereafter predominantly sustained by the release of latent heat and subsequent warming of the
atmospheric column over land (Webster et al., 1998). Using a complex conceptual
model, Zickfeld et al. (2005) found that a monsoon circulation that is sustained by the
2

2.3

A critical humidity threshold for monsoon failure

53

moisture-advection feedback can undergo abrupt changes in response to changes in
the land surface albedo. Knopf et al. (2006) however showed that the threshold albedo
in this model is very far away from modern conditions and is highly uncertain due to
the dependence on various model parameters.
Here we apply a minimal conceptual model that comprises the heat and moisture
budgets of an idealized monsoon circulation. It reflects the dominant role of the self–
amplifying moisture–advection feedback during the monsoon season, which is supported by observations Levermann et al. (2009). We find that the model yields a
threshold behaviour with respect to the atmospheric humidity over the ocean adjacent to the monsoon region. Below the threshold, the advection and release of latent
heat is not sufficient to sustain monsoon rainfall over land. It is important to note that
globally, rainfall associated with the intertropical convergence zone will naturally be
sustained even without continental monsoon rainfall. Furthermore the seasonal reversal of cross-equatorial winds, driven by the seasonal change in hemispheric insolation,
is not affected by our analysis. The question addressed here is which conditions are
necessary in order to sustain a rainy season over land which goes beyond the zonal–
mean dynamics of the intertropical convergence zone. The basic dynamics captured
in our model thus form a necessary condition for continental monsoon rainfall to exist.
We describe the conceptual model in section 2 and analyze its implications in section
3. In section 4, the critical threshold is estimated for four major monsoon regions.
In section 5, we apply the model to abrupt monsoon changes on orbital timescales.
Section 6 concludes.
2

Conceptual model

We use the minimal conceptual model presented by Levermann et al. (2009) (see
illustration in Fig. 1). It is based on the observation that, during the rainy season, the
regional-scale moist static energy balance of the atmospheric column is dominated by
latent heating due to precipitation, which is balanced by advective as well as radiative
3
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cooling. According to NCEP/NCAR reanalysis data (1948-2007; Kistler et al., 2001),
this holds for all major monsoon regions (Levermann et al., 2009). The moist static
energy balance can thus be approximated by
L · P − Cp W · ∆T + R = 0,

(1)

W = α · ∆T.

(2)

W · (qo − qL ) − P = 0,

(3)

where ∆T is the atmospheric temperature difference between land and ocean, and
P is the mean precipitation over land (in kg/m2 s). Latent heat of condensation is
L =2.6·106 J/kg and volumetric heat capacity of air Cp =1,295 J/m3 /K. The ratio
 = H/L between vertical extent H of the lower troposphere and the horizontal scale L
of the region of precipitation enters due to the balance of the horizontal advective heat
transport and the vertical fluxes of net radiative forcing R and precipitation P . Note that
this is a model of the monsoon season only, and includes no annual cycle. The above
balance therefore neglects the contribution from sensible heating, which is important
at the onset stage but relatively weak once heavy rainfall has started to cool the land
surface (Fig. 2). Consequently, this model does not capture any interseasonal or interannual dynamics. Equations are only valid for landward winds, W ≥ 0. That means
that situations in which no solution of the model with positive W can be found will be
considered as parameter and forcing combinations for which no monsoon rainfall can
be sustained.
Assuming dominance of ageostrophic flow in low latitudes, the landward mean wind
W is taken to be proportional to the temperature difference between land and ocean
(Petoukhov, 1982; Webster, 1987a; Brovkin et al., 1998):

Reanalysis data confirm that this is a valid first–order approximation (Fig. 3). Neglecting the effect of evaporation over land (which will be discussed below) and associated
soil moisture processes, precipitation has to be balanced by the net landward flow of
moisture
4
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where qo and qL are specific humidity over ocean and over land, respectively. Consistent with reanalysis data (Fig. 4) and theoretical considerations (Petoukhov, 1982;
Petoukhov et al., 2000), continental rainfall is assumed to be proportional to the mean
specific humidity within the atmospheric column:
P = βqL .

(4)

Note that the proportionality constants α and β have explicit physical interpretations. α
is essentially a function of the near-surface cross-isobar angle and thereby a function of
surface roughness and static stability of the planetary boundary layer (PBL); β is governed by the characteristic turnover (recycling) time of liquid water in the atmosphere
and thereby determined by static stability and vertical velocity in the PBL (Petoukhov
et al., 2000). While equations (1) to (4) are the basic relations necessary to capture
the moisture–advection feedback, eq. (4) can be made more realistic by considering
an offsets in qL , which will be discussed further below.
3

Critical qo threshold for monsoon existence

From equations (1), (3) and (4) it follows that




β
β
Lβ qo = 1 +
Cp W · ∆T − 1 +
·R
ρW
ρW

(5)

This equation represents the heat budget of the conceptual monsoon circulation in
terms of latent heat. The two terms on the r. h. s. represent the loss of heat from the
land region by advection of warm air and by radiation, respectively (note that R < 0).
Their sum must be balanced by latent heat as provided by the inflow of humid air from
the ocean, namely Lβ qo . The term (1 + β/ρW ) incorporates the fact that the latent
heat has to be transported from ocean to land by means of advection; the lower the
advective velocity W , the higher the specific humidity qo that is necessary to provide
the required amount of latent heat to the atmospheric column over land.
5
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Using equation
(2) and the relations w ≡ W ρ/β; r ≡ R · αρ/(Cp β 2 ),

l ≡ αρ2 Lqo /(Cp β), the non-dimensional form of eq. (5) is obtained:


l = 1 + w−1 · w2 − 1 + w−1 · r

and
(6)

where l is proportional to qo . This is the governing equation of the conceptual model.
Its solution is determined entirely by the only free parameter r. The physical part (l ≥ 0,
w ≥ 0) of the solution of eq. (6) is shown in Fig. 5 for the case r = −0.05, where the thick
red line denotes a stable solution and the thin red line an unstable one. The advective
(dashed line) and radiative (dotted line) terms are also plotted separately to show how
the solution is obtained as the sum of these two contributions (to illustrate this, the
figure is organized with the control parameter l on the y-axis). In the case r ≡ 0, only
the advective part of the solution remains (i. e. the red line would collapse onto the
dashed line). The y-axis in Fig. 5 can be interpreted as the demand in latent heating
that results from the loss of heat from the land region due to radiation and advection.
It turns out that no physical solution exists below a critical threshold lc (horizontal
line in Fig. 5), which corresponds to a critical value of specific humidity over the ocean,
qoc . When qo falls short of this value, the supply of moisture is not sufficient to maintain
the monsoon circulation driven by the moisture–advection feedback. No conventional
monsoon circulation can thus develop in a climate where qo < qoc .
Equation (6) can also be expressed in terms of non–dimensional precipitation p ≡
P/(qo β), which is directly related to the wind through
(7)

p = w/(1 + w).

The solution in terms of p has a similar shape as in terms of w (Fig. 6), while dimensional precipitation P scales approximately linearly with l as long as l is sufficiently
above the threshold lc (Fig. 7). While we do not expect to find this quasi-linear relation
perfectly reflected in observations, NCEP/NCAR reanalysis data show that seasonal
mean precipitation and specific humidity over ocean are correlated to some extent
(Fig. 8).
6
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Estimation of the critical threshold qoc

The critical point [lc , wc ] (or [qoc , wc ]) will vary for different monsoon systems. It is
determined by the non–dimensional radiation r via
−wc2 (2wc + 1) = r.

(8)

lc = 2wc (wc + 1)2 ,

(9)

The critical l can then be computed from

and the critical humidity threshold qoc via the definition of l. Within the limitations of this
minimal conceptual model, we estimate qoc for four different monsoon regions. We use
seasonal mean precipitation P , radiation R, land–ocean temperature difference ∆T ,
and specific humidity over ocean qo from the NCEP/NCAR reanalysis to compute time
2
series for α(t) = (LP + R)/ C
p ∆T , β(t) = ((LP + R) · ρP )/((LP + R)qo ρ − Cp ∆T P ),

and r(t) = R·α(t)/ Cp β(t)2 , assuming applicability of the model and stationary statistics within the observational period (1948-2007). Because the observational period is
subject to significant anthropogenic global warming, we remove a linear trend from all
reanalysis data to get a closer approximation of a stationary climate. From α(t), β(t)
and r(t), qoc can then be obtained for each year via equations (8), (9) and the definition of l. Note that qoc is independent of , the only quantity that is not constrained by
data. The resulting qoc distribution (Fig. 9, blue) is much lower than the observed distribution of qo (black) in the Bay of Bengal, West Africa and China, while in India the
distributions are closer. The blue pin marks the qoc estimate that is obtained from the
time–mean values α(t), β(t) and R(t).
The spread in the distribution of qoc is due to substantial variability in α(t), β(t) and
r(t) throughout the reanalysis period. The interannual variability in the dimensional net
radiation R is about 15–20% during the reanalysis period, depending on the region. On
longer timescales, R can be expected to be rather stable because of the negative long–
wave radiation feedback according to the Stefan–Boltzmann law. However, the factors
α and β may also vary over time. Moreover, in reality the basic relations of eq. (2) and
7
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eq. (4) are blurred by higher–order physical processes that are not represented in our
idealized model, limiting our ability to determine α and β (cf. Fig. 3 and 4). Depending
on the relative importance of actual variability and observational uncertainty, the distribution of qoc can be interpreted either (i) as a noisy estimate of a stationary critical
threshold, or (ii) as a probability distribution of an interannually varying threshold.
In order to obtain more realistic estimates of qoc , we extend eq. (4) by an offset qLo that
terrestrial humidity qL needs to exceed before precipitation is initiated (as suggested
by the correlation in Fig. 4):
P = β (qL − qLo ).

(10)

After replacing qo by (qo − qLo ) in the definitions of l and p, the non–dimensional equations (6)–(9) remain unchanged.
As above, we estimate qoc for this refined version of the model, obtaining the parameter qLo from linear regression of the corresponding reanalysis data (Fig. 4). Note that,
due to eq. (10), qoc now also depends on . Since we have no direct observation of ,
we choose  such that α(t) matches the α that we observe as the slope of the linear
regression between W and ∆T (Fig. 3). The results for qoc are shown in Fig. 9 (red),
where again the pin marks the estimate from mean quantities. The consideration of the
offset qLo generally yields a distribution of qoc which is narrower and closer to, while still
clearly seperate from, the present-day range of qo . Only for the Indian region, the distribution of qoc overlaps with that of the observed qo ; however, when considered pointwise,
qoc (t) is still lower than qo (t) for all years.
5

Application to past abrupt monsoon changes

Wang et al. (2008) presented a speleothem δ 18 O record from central China that testifies to several large and persistent changes in the strength of the East Asian summer
monsoon (EASM) during the penultimate glacial period. These changes are in phase
8
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with, but much more abrupt than, precession–dominated oscillations in northern hemisphere summer insolation (NHSI): While the latter follow a quasi-sinusoidal cycle, the
form of the monsoon changes rather resembles that of a step–function, with variations
around either a strong or a weak mean state, followed by a comparatively rapid transition into the other state (cf. Fig. 2b in Wang et al. (2008)). This behaviour is especially
apparent before about 160 kyr BP (Fig. 10, grey line) and suggests that non–linear
processes inherent to the monsoon system might have amplified changes in external
forcing. In particular, the abrupt transitions might have been triggered by the mean insolation crossing a certain threshold that separated two different states of the monsoon
circulation.
Our conceptual monsoon model offers a simplified but robust mechanism to explain
such sort of behaviour. It shows that the moisture–advection feedback implies a threshold qoc that seperates two regimes: One where a conventional monsoon circulation can
exist, and one where it cannot. We therefore speculate that orbital–timescale variations in NHSI and the associated surface temperature changes might have affected
evaporation at the ocean surface such that average humidity over the ocean persistently crossed the threshold, thus critically altering the moisture supply for the adjacent
monsoon region and triggering a transition between the two regimes. In the following
we apply our model to demonstrate how such variations in qo could have led to monsoon variations consistent with those observed in the proxy record. In doing so, we
assume that the values of α, β, , and qLo estimated for modern climate from reanalysis
data also hold for the penultimate glacial period; and that R was also comparable during that period to its modern value. In reality, R might have also varied in phase with
NHSI, however this variation would have been damped by the stabilizing long–wave radiation feedback. Moreover, a variation of R along with NHSI would act to exacerbate
the threshold effect, moving the threshold towards higher values when insolation, and
thus the inferred qo , is low (cf. Fig. 11). Therefore, neglecting variations in R yields a
conservative result with respect to the volatility of the system.
The solution of the conceptual model depends on the non-dimensional net radiation
9
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r. We choose r = r(t) − σ/2 = -106.5, where σ denotes a standard deviation (Fig. 11).
This corresponds to a critical threshold qoc = 8.0 g/kg, which is in the upper part of the
estimated qoc distribution for the China region (cf. Fig. 9). We further assume qo to vary
linearly with NHSI (Fig. 12). The linear relation is chosen such that the maximum qo
is close to the range of present–day observations. Finally, we assume that when the
threshold qoc is crossed from below (i. e., coming from a no–monsoon regime), it takes
an additional increase ∆q to trigger the transition into the monsoon regime (Fig. 11).
The EASM precipitation thus resulting from the conceptual model is shown in Fig. 10
(red line). We set P to zero during periods when the model yields no physical solution,
to illustrate the idea that no conventional monsoon circulation can exist during those
periods, and no rainfall associated with that circulation would occur. However we would
expect sources of rainfall other than the large–scale monsoon circulation to play a role,
too, so that actual rainfall would not completely cease during such periods. Note that
neither the hysteresis width ∆q nor the second degree of freedom in the relation qo ∝
NHSI are constrained by data; instead they are chosen such that the result of the
conceptual model matches the transition behaviour found in the proxy record, taking
into account dating errors in the latter (grey bars in Fig. 10).
6

Discussion and conclusions

We have shown that, in a minimal conceptual model of large–scale monsoon circulation, a critical threshold qoc exists with respect to specific humidity over the ocean region
upwind of the continental monsoon region. This threshold follows from the central role
of the self–amplifying moisture–advection feedback, which governs the atmospheric
MSE balance during the monsoon season. If qo falls short of the threshold qoc , no conventional monsoon circulation can exist over land. The model neglects any processes
that are not crucial to the moisture–advection feedback, in order to isolate the consequences of this feedback. The basic dynamics captured in the model therefore form
a necessary condition for the existence of continental monsoon rainfall beyond what
10
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is accounted for by the zonal-mean dynamics of the intertropical convergence zone.
Our results complement those of Levermann et al. (2009), who found a threshold with
respect to the net radiation R. While qo can generally be expected to be more volatile
than R, the model allows for a superposition of changes in both quantities, with the
one either damping or amplifying the effect of the other, depending on the direction of
change.
As the model contains the physical feedback that causes the threshold behaviour,
it can be used to produce meaningful first–order estimates of the threshold values.
Within the framework of the minimal model, we have estimated the critical threshold qoc
for four major monsoon regions, using seasonally averaged reanalyses of regional precipitation, net radiation, specific humidity, and temperature for the past sixty years. The
resulting distribution of qoc can be interpreted either as a noisy estimate of a stationary
critical threshold, or as a probability distribution of an interannually varying threshold.
The degree to which either of these interpretations is valid depends chiefly on the relative importance of actual variability and observational uncertainty in the parameters
α and β (see equations (2) and (4)), the assessment of which is beyond the scope
of this study. However we have seen that the consideration of an offset in terrestrial
specific humidity in eq. (4) leads to a qoc distribution which is significantly narrower than
with the basic version of the model, suggesting that at least some of the spread in qoc
can be eliminated by making the model more realistic, and thus does not reflect actual
year–to–year variability in qoc .
Consequently, relevant second–order physical processes would have to be included
into the model in order to obtain more robust results for qoc . Probably one of the most
important missing processes is evaporation over land (e. g. Eltahir, 1998). Its effect
on the heat budget would be mainly to reduce sensible heat flux to the atmosphere,
which we have already neglected (eq. (1)) because it is comparatively small during the
rainy season; on the other hand, its effect on the moisture budget (eq. (3)) would be
to stabilize the monsoon regime by recycling a part of the atmospheric humidity that is
lost by precipitation. Therefore considering evaporation would tend to move the critical
11
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threshold towards lower values of qo .
While the estimation of qoc could profit from a refinement of the model, the aim of
this study is to demonstrate how the simple concept that the model is based on can
help understanding past monsoon variations. The non–linear solution structure of the
model can lead to abrupt changes in the modelled monsoon rainfall in response to
smooth changes in the control parameter, qo . Changes in qo could be brought about
by various factors acting on different timescales. For instance, as wind speed over the
oceans increases due to global warming (Young et al., 2011), evaporation e.g. in the
Arabian Sea could be affected both directly and via the amount of upwelling of cold
waters at the continental margins, and thereby alter the moisture supply for the Indian
summer monsoon. For the East Asian summer monsoon (EASM), we have shown
that, assuming variations in qo along orbital–timescale insolation changes, the model
yields a series of abrupt monsoon transitions similar to that observed in a proxy record
of the penultimate glacial period. While the additional assumption of a hysteresis is not
crucial for the transition behaviour, it changes the timing of the individual transitions
such that they are all consistent, within dating errors, with those found in the proxy
record (physically, a hysteresis might be induced by inert climate components such
as e.g. large–scale oceanic circulation or Himalayan glaciation, rather than by atmospheric processes). The idea of a threshold behaviour in monsoon circulations due to
the defining mechanism of the moisture–advection feedback may thus be a useful first–
order concept for understanding past large–scale monsoon changes. The conceptual
model investigated here may also serve as a basic building block that can be made
more realistic by the inclusion of other relevant processes and by a more detailed estimation of the model parameters. For a complete understanding of monsoon variations
on multiple timescales, of course, more complex models will have to be invoked.
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Appendix A
Methods
NCEP/NCAR reanalysis data has been obtained as monthly–mean time series (January 1948 – December 2007), and regionally aggregated as indicated in Table 1. W is
averaged vertically between 850hPa and 1000hPa; qo between 600hPa and 1000hPa;
qL between 400hPa and 1000hPa; and ∆T over the entire atmospheric column, as
represented in the reanalysis data.
Acknowledgements. This work was funded by the Heinrich Böll Foundation, the German National Academic Foundation, and the BMBF PROGRESS project (support code 03IS2191B).
NCEP Reanalysis Derived data was provided by the NOAA/OAR/ESRL PSD, Boulder, Colorado, USA, from their Web site at http://www.esrl.noaa.gov/psd/.
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Fig. 1. Geometry of the conceptual model, illustrating wind W , precipitation P , net radiative
flux R, and atmospheric specific humidity over land (qL ) and ocean (qo ).
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Fig. 2. Seasonal heat flux contributions to the atmospheric column over four major continental
monsoon regions in NCEP/NCAR reanalysis data (Kistler et al., 2001). Radiative heating of
the land surface in spring enhances sensible heat flux from the ground (’Sensible’). During
the rainy season, latent heat release dominates the heat budget (’Latent’). Radiative heat flux
comprises all radiative fluxes in and out of the atmospheric column (’Radiative’). The excess
heat is transported out of the continental monsoon region through large–scale advective and
synoptic processes (’Convergence’). Error bars give the standard deviation from the reanalysis
period (1948-2007). See Table 1 for the geographical definitions of the monsoon regions. The
red and blue vertical lines emphasize the months of maximum sensible heat flux and latent
heat flux, respectively.
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Africa, and China (East Asia; see Table 1). The correlation coefficient r is indicated, as well as
the slope α of a linear fit through the origin (black line).
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Fig. 10. Grey: Speleothem δ 18 O record from central China, used as EASM proxy for the
penultimate glacial period, where more negative values indicate stronger rainfall (Wang et al.,
2008). The record is smoothed with a 5–point running average, and dating errors (± 2σ)
are shown for selected dates (grey horizontal bars). Red: Result of the conceptual model
for EASM precipitation P in response to qo variations driven by northern hemisphere (65◦ N)
summer insolation, assuming a hysteresis of 0.5 g/kg width. For illustration, we set P to zero
during periods when no monsoon circulation exists according to the model.
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Table 1. Regional definitions used for data analysis. Monthly–mean NCEP/NCAR reanalysis
data has been averaged over the indicated regions and seasons; Land and Ocean indicate that
only terrestrial or oceanic grid points have been considered, respectively; and ∆T = TL − To .
The bottom row lists the values for the dimensionless parameter  that have been used in the
estimation of the critical threshold (see section 4).
Quantity
P , R, qL , TL (Land)
qo , To (Ocean)
W
Monsoon season


INDIA
70-90◦ E
5-30◦ N
65-78◦ E
5-30◦ N
65-78◦ E
5-30◦ N
June–Aug.
4.5·10−3

BAY OF BENGAL
80-100◦ E
15-30◦ N
80-100◦ E
10-20◦ N
80-100◦ E
15-30◦ N
June–Aug.
2.3·10−2

29

W.AFRICA
15◦ W-10◦ E
2-14◦ N
35-15◦ W
2-14◦ N
15◦ W-10◦ E
2-9◦ N
July–Sep.
2.0·10−1

CHINA (EASM)
100-120◦ E
20-32◦ N
105-115◦ E
15-25◦ N
100-120◦ E
20-32◦ N
June–Aug.
6.7·10−2
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Indian summer monsoon rainfall is vital for a large share of the world’s population. Both
reliably projecting India’s future rainfall and unraveling abrupt monsoon shifts found in
paleo–records require improved understanding of its stability properties. Here we project
monsoon failure to become considerably more frequent due to global warming, and provide
a simple dynamical explanation for this trend as well as for multi–decadal rainfall variability.
Based on fundamental properties of observed monsoon dynamics and an associated inherent
instability that is modulated by ambient climate merely during the onset period, we develop
a statistically predictive model of seasonal rainfall. Forced only by global mean temperature
and central-Pacific sea level pressure anomalies in May, this simple model reproduces past
and future monsoon trends as found in a comprehensive climate model. We thereby propose
a novel perspective on monsoon variability as the result of internal instabilities modulated by
pre–seasonal ambient climate conditions.
Indian summer monsoon (ISM) rainfall is the major prerequisite of agricultural productivity in the region, and its variability severely affects the livelihoods of a large share of the world’s
population1, 2 . While average ISM rainfall has been relatively stable during the past century of di1
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rect observations, rising trends have been observed in the annual number of extreme rain events3 .
The future evolution of the ISM, and other monsoon systems, under a combination of anthropogenic forcing factors is unclear4 : Recent projections indicate that the response to increased
greenhouse gas (GHG) concentrations may differ in sign among major monsoon regions, and reveal large uncertainties about the magnitude of the response5–7 . The effect of increased aerosol
abundance is significant and may be counteracting that of GHGs8, 9 , while human-induced vegetation changes feed back on precipitation10, 11 . Observations and modelling studies suggest a
recent regime shift in Asian monsoon convection12 and its relation to northern hemisphere thermal
gradients13, 14 . At the same time, paleodata testify to abrupt and strong shifts in both the Indian and
the East Asian monsoon during the last two glacial cycles15–17 and the Holocene18, 19 .

Fundamental monsoon dynamics: Persistence and self-amplification

These uncertainties call for an understanding of the internal monsoon dynamics to project their
apparently non-linear response to external perturbations. In order to assess large-scale failure of
seasonal rainfall, we focus here on fundamental monsoon dynamics which are universal across the
different regions: The onset of monsoon precipitation in spring is initiated by the development of
a tropospheric temperature contrast between land and ocean, and associated convergence of moist
air over the continent. During the rainy season, the atmospheric heat budget in the monsoon region
(cf. Supplementary Fig. S1) is then dominated by the so-called moisture-advection feedback: The
release of latent heat by precipitation enhances the sea-level pressure gradient between land and
ocean, thereby stabilizing the circulation that brings in more moist air from the ocean, which in
2
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turn maintains precipitation (Fig. 1A and B, top). In conceptual models, this self-amplification
yields a threshold behaviour which can lead to a permanent cessation of the monsoon circulation
in response to shifts in external forcing20, 21 .

Unless the threshold is crossed, however, the moisture-advection feedback stabilizes the
monsoon circulation by adding inertia to the system: Rainfall over a certain period within the
rainy season releases latent heat, thereby reinforces the circulation and increases the probability
for rainfall in subsequent days. This “memory effect”, or persistence, can be seen in direct observations, where it is reflected as a quasi-proportionality between the expectation value of daily
rainfall and the amount of latent heating accumulated during some period prior to the specific day.
Here we use daily rainfall data for 1951-2003 on a 1◦ grid from India Meteorological Department
(IMD)22 , averaged over all available data within 5-30◦ N, 70-90◦ E. For the summer months (MaySeptember), we plot each day’s precipitation against the normalized average rainfall p̃ during a
memory period τ prior to that day, such that at day t,
hP it−1
t−τ − P−
,
p̃t ≡
P+ − P−

(1)

where P is the daily precipitation rate; h...i indicate temporal averaging; and P+ and P− are maximum and minimum precipitation rates, respectively (see Methods section). The memory effect is
reflected in the correlation between Pt and p̃t for all days within the season, shown in Fig. 2A for
τ = 17 days. The correlation depends on the choice of τ , and a sensitivity test (Supplementary
Fig. S2) reveals that the rainfall memory is effective on a timescale of 2-3 weeks; after that time,
the information on the rainfall history is lost from the system. In particular, the signal-to-noise
ratio of the correlation is greater than 1 for τ ≤ 18 days. We interpret p̃ as a probability for daily
3
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precipitation.

Although the memory effect can be seen clearly in the IMD data, the observational period is
not long enough to probe the full influence of this effect on the statistics of seasonal mean precipitation, especially with respect to extreme events. Instead, we use an ensemble of five millennial
climate simulations performed with the comprehensive Earth system model COSMOS developed
at MPI-M Hamburg23 . The model comprises the atmospheric general circulation model (GCM)
ECHAM5 at T31 (∼ 3.75◦ ) horizontal resolution, as well as an oceanic GCM, MPI-OM, and modules for terrestrial vegetation and ocean biogeochemistry. Comparison with other GCMs and with
observational data shows that ECHAM5 reproduces the Indian summer monsoon realistically24, 25 .
The five simulations each span the period 800-2005 CE and do not differ in forcing. While they
include the past century of anthropogenic GHG emissions, we consider the total of 1206 years
sufficiently homogenous to be treated as belonging to the same climate state. Using the same value
τ = 17 days as above, and averaging daily rainfall over 5-30◦ N, 70-90◦ E, we find the memory effect well represented in the COSMOS output (Fig. 2B, inset). This confirms not only the presence
of the moisture-advection feedback in the model, but also the approximate timescale on which the
feedback operates.

Additional feedback mechanism for sustained dry–state

At the same time, seasonal (June-August) mean rainfall over the total of 6030 model years shows a
characteristic frequency distribution (Fig. 2B, gray bars) which extends far towards the lower end
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of the spectrum, featuring very weak monsoon years with seasonal mean rainfall below 2 mm/day.
Latent–classes analysis suggests that this characteristic distribution represents a superposition of
two monsoon modes (Supplementary Fig. S3). While the rainy mode is dominated by the moistureadvection feedback, the dry mode is determined by a second dynamical feedback. In order to
identify this second feedback, we investigate year 1158 of the first ensemble member as one of the
driest monsoon years within the entire simulation ensemble (due to significant internal variability
in this class of climate models, this year cannot be expected to coincide with any specific historical
year, and will henceforth be referred to as the ‘dry year’). Average seasonal precipitation over India
in this year is ∼ 70% below the long-term mean of 5.7 mm/day (Fig. 3A, circles). The dynamical
South Asian monsoon index26 indicates an exceptionally large deviation of the zonal tropospheric
wind shear from the long-term mean (Fig. 3A, bars).

The dry year’s rainfall cycle (Fig. 3B) shows that large-scale monsoon precipitation is erratic
and largely suppressed during the entire summer, caused by a qualitatively different circulation
pattern compared to normal monsoon years: The initial lack of latent heating over India leaves
the regional-scale sea level pressure anomalously high throughout the summer (Fig. 3C and map
in Supplementary Fig. S4). This causes subsidence of upper-tropospheric air both over the subcontinent and over the Arabian sea (Fig. 3D and map in Supplementary Fig. S5). Since specific
humidity is lower in the upper troposphere, this large-scale subsidence effectively dries out the
monsoon region: Specific humidity in the lower troposphere (i.e. in the lower, landward branch
of the ISM circulation, Fig. 1A) substantially decreases over India and the eastern Arabian Sea,
and remains exceptionally low through June-August (Fig. 3E and map in Supplementary Fig. S6;
5

87

88

2

ORIGINAL MANUSCRIPTS

also note the spatial congruence of subsidence and moisture anomalies in Fig. S6). This acts to
further suppress precipitation and sustain the dry state, as illustrated in Fig. 1A (bottom). Note that
the dry regime is associated with a qualitatively different circulation pattern compared to the wet
regime: Instead of convective upwelling, the monsoon region is characterized by subsidence of
dry air from the upper troposphere; also, the flow direction in the upper troposphere changes from
generally westward to northward or even eastward, which is consistent with an anomalously low
zonal wind shear as reflected by the dynamical monsoon index (Fig. 3A, bars). Once initiated, this
self-amplifying feedback sustains the dry state in a similar way as the wet state is sustained by the
moisture-advection feedback (Fig. 1B).

A model of inherent instability

The dry year examined here is an extreme case in the sense that the dry feedback is dominant
throughout the season. Most years in the spectrum of the climate model (Fig. 2B, gray bars) are
less extreme, i.e. their seasonal precipitation averages somewhere between the dry state and an
upper limit of about 9 mm/day. We propose a simple statistically predictive model for seasonal
mean monsoon precipitation that explains this characteristic spectrum by an interplay between
the wet moisture-advection feedback and the dry subsidence feedback on a quasi-daily timescale.
This “day-to-day” model (illustration Fig. 1C) is based only on the two feedbacks and the memory
effect. It employs the idealized assumption of two discrete circulation states: One with weak
precipitation (we choose P− ≡ 0 mm/day in our example, Supplementary Table S1), corresponding
to the dry feedback loop in Fig. 1B, and one with maximum precipitation (P+ , here chosen to be 9
6
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mm/day), corresponding to the wet feedback loop in Fig. 1B. It is further assumed that the system
can flip between these two states on a daily timescale, and that the probability pt for ending up
in the wet state at time step (day) t depends on the ratio of dry and rainy days during a certain
period τ prior to t - this corresponds to the precipitation probability p̃ of equation (1): That is, the
more rainy days there were in the period τ before t, the more likely it is to have rainfall at time
t. Thus here the memory effect is represented by an exact proportionality between rainfall and
rainfall history. It acts to impede a flip between the two circulation states. Still, a flip can always
be triggered by stochastic atmospheric fluctuations, e.g. regional and local weather, that perturb
the large-scale dynamical flows comprised in the two feedback mechanisms. In the day-to-day
model, these perturbations are represented by an unbiased random process that, together with pt ,
ultimately determines the system state at each time step.

This very basic auto-regression model of internal monsoon dynamics needs to be complemented by information on the onset of the rainy season, prior to the dominance of the two positive
feedback loops. During the period of length τ at the beginning of the season, a constant initial
probability for rainfall, pinit , replaces the dynamical rainfall probability p̃. pinit represents external
factors that crucially influence the development of the monsoon circulation at a time when it is
most sensitive to external perturbations26 . In the case of India this could for example comprise the
role of El Niño/Southern Oscillation (ENSO), Indian Ocean sea surface temperatures, or Eurasian
snow cover27 , as well as the current phase of the Madden-Julian Oscillation (MJO)28 . Finally,
we introduce a maximum probability pm , such that pt cannot be greater than pm or smaller than
(1 − pm ). This prevents locking into either P− or P+ when pt becomes zero or one, which oth7
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erwise could occur as an artifact of the discrete nature of the model. In this form, the day-to-day
model can reproduce the spectrum of the comprehensive climate model (Fig. 2B, blue line). The
Matlab R code is provided as Supplementary Information.

Monsoon failure under global warming

The COSMOS climate model simulations of the past, as used above, have been complemented
with IPCC SRES A1B scenario29 simulations until 2100, followed by constant CO2 concentrations
until 220030 . This results in an increase in global mean surface air temperature of 4.6◦ C relative to
pre–industrial by the end of the 22nd century (Fig. 4A, black line). We find that in the warm climate
of 2151-2200 CE, the frequency distribution of seasonal mean ISM rainfall is completely inverted,
in the sense that now dry years are much more frequent than wet years (Fig. 2C, gray bars). This
inversion occurs gradually over the course of the warming scenario and involves a sign change in
the distribution’s skewness at the end of the 21st century (Fig. 4B, red line). The associated change
in the expected seasonal mean rainfall, however, is not monotonic: An increase throughout much
of the 21st century is followed by a rapid decrease, falling short of the pre–industrial long–term
mean roughly by the turn of the 22nd century (Fig. 4C, red line).

These changes can be understood in the simple framework of the day-to-day model. A
warmer tropical troposphere can hold more water vapor, which tends to enhance rainfall in the
absence of counter–acting processes31 . We translate this into a linear shift of the precipitation
range [P− , P+ ] towards higher values with increasing global mean temperature. In addition to this
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thermodynamical effect, dynamical changes that affect the monsoon development during the onset
period can be represented by the day-to-day model via the parameter pinit . In order to understand
which process dominates the initiation of monsoon rainfall in the comprehensive climate model,
consider the dry year investigated above. Both during April and May, mean sea level pressure
(MSLP) was extremely low over the central Pacific Nino3.4 region (170-120◦ W, 5◦ S-5◦ N; Supplementary Fig. S7), which tends to suppress the development of the low pressure system over India,
represented by a low pinit value in the day-to-day-model. This relation can be found throughout
the 6030 years of historical climate simulations: There is a clear correlation between the two monsoon modes present in the distribution of seasonal mean rainfall and anomalous spring–time (May)
Nino3.4 MSLP (Fig. 2B, red bars; see also Supplementary Fig. S8). As a simple approximation,
we scale pinit linearly with May Nino3.4 MSLP.

Forced with decadal averages of global mean temperature and May Nino3.4 MSLP, the dayto-day model reproduces the long–term trends in mean and skewness of the ISM rainfall frequency
distribution observed in COSMOS (Fig. 4B and C, gray lines and shading). The non–trivial peak–
and–decline response in ISM rainfall is captured due to the delay in the Pacific MSLP signal
compared to the warming signal (Fig. 4A). Moreover, a significant portion of multidecadal rainfall
variability is reproduced (Fig. 4C). Similar to the historical period, the model can explain the
frequency distribution of the future period 2151-2200 CE (Fig. 2C). Note that the variation of pinit
along with decadally–averaged spring–time Nino3.4 MSLP represents the influence of a slowly
varying central Pacific mean climate on the ISM onset, rather than a direct forcing of the ISM
season by ENSO.
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Discussion and conclusions

We conclude that major characteristics of seasonal–mean monsoon rainfall can be explained on the
basis of only two fundamental assumptions: (i) An inherent instability of the monsoon circulation
on a daily timescale, in the form of a competition between two different circulation regimes, each
of which is associated with a self-amplifying feedback. (ii) A memory effect that is induced by
those feedbacks, and determines, in a probabilistic manner, the transition between the wet and
the dry periods. Both assumptions are backed by observations and comprehensive climate model
results. The subsidence feedback not only complements the picture of the atmospheric circulation
in the temporary absence of monsoon rainfall, but constitutes an active antagonist of the moistureadvection feedback due to its self-amplifying nature. The memory effect is a logical consequence
of the dominant role of these two feedbacks, and is found in observational data as well as in climate
model results.

Monsoon rainfall exhibits intraseasonal variability on various time scales which influences
the seasonal mean. While some of this variability, in particular its slower components, is related to
interaction with larger-scale atmospheric phenomena such as the MJO28 , internally generated variability is an equally important factor in shaping the monsoon cycle and determining the seasonal
mean rainfall32, 33 . The notion of an internal instability of the large-scale monsoon circulation on
a quasi–daily timescale, incorporated here in a slim and fundamental framework, offers a first–
order explanation for the driving mechanism of internally generated intraseasonal variability. We
have demonstrated that this mechanism alone can explain the non–trivial, long–term frequency
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distribution of seasonal mean monsoon rainfall in a complex climate model.

Moreover, it can explain ISM changes on decadal to centennial time scales with a minimal
amount of external information. We have shown that the “day-to-day model” can reproduce past
ISM multidecadal variability as well as projected future changes, including a substantial increase
in monsoon failure, when driven by the decadal changes in global mean temperature and tropical
Pacific MSLP in May. While global warming is assumed to elevate the baseline of monsoon rainfall due to increased atmospheric moisture content, a shift towards lower spring–time MSLP in
the tropical Pacific is assumed to induce atmospheric conditions that favor more subsidence over
the Indian region and thus lead to more deficient monsoon onsets. In the day-to-day model, this
translates into a lower initial probability pinit . This parameter summarizes the influence of ambient
climatic factors that, to some extent, predispose the monsoon system during the onset season34 . It
does not determine the rainfall amount of an individual monsoon season, but it has strong influence on the probability distribution of seasonal mean rainfall. While in the comprehensive climate
model applied here, pinit is dominated by the influence of central Pacific climate variations, other
factors such as changing spring–time Indian Ocean sea surface temperatures might play a significant role, too35 , and could be translated into monsoon statistics using the statistically predictive
day-to-day model.
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Methods summary

We used a gridded observational data set of daily ISM rainfall to demonstrate the memory effect. Seasonal mean rainfall statistics as well as the feedback mechanism sustaining a dry circulation regime were established using millennial historical simulations with a comprehensive climate
model. Based on those results, we developed a simple, statistically predictive model for seasonal
mean monsoon rainfall and applied it to the characteristics and trends found in the complex climate
model, including future projections under a global warming scenario.
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Figure 1: Illustration of idealized ISM circulation regimes (A), associated positive feedback mechanisms (B), and the simple ‘day-to-day model’ (C). In the wet regime, latent heating due to precipitation (P) creates a regional sea level pressure (SLP) low, which leads to atmospheric upwelling
and associated inflow of moist air towards the ISM region. In turn, a lack of latent heating causes a
regional positive SLP anomaly, which leads to subsidence of dry upper-troposphere air and lowers
the humidity of the monsoon winds, thereby inhibiting precipitation and sustaining a dry regime.
In the ‘day-to-day model’, the probability for a wet or dry day depends on the amount of latent
heating accumulated during some previous period, except during the onset when it is determined
by an initial probability pinit .
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Figure 2: ISM rainfall statistics. (A) IMD observed daily rainfall during May-September versus
precipitation probability p̃ (see main text). The thick line connects the mean values for each of
50 bins on the p̃-axis; shading denotes ±1 standard deviation. Days with p̃ < 0.2 stem mainly
from before the monsoon onset. (B) Distribution of seasonal (JJA) mean ISM precipitation from
the COSMOS ensemble over the period 800–2005 CE (gray bars; 5 simulations, 1206 years each)
and from 6030 runs of the stochastic day-to-day model (blue line shows mean value, and error
bars show ±1 standard deviation, from 100 realizations of the model). Dark red (light red) bars
show the distribution of those COSMOS years where the Nino3.4 mean sea level pressure in May
exceeds (falls short of) the long-term mean by more than one standard deviation. Inset: As A, but
with P and p̃ diagnosed from one of the COSMOS simulations. (C) Gray bars as in B, but over the
period 2151–2200 CE in a global warming scenario (see main text). Blue line and errorbars as in
B, but from 250 runs and with a different set of model parameters (see Supplementary Table S1).
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Figure 4: Application of the ‘day-to-day model’ to past and future ISM variability. (A) Global
mean surface temperature (black, in ◦ C relative to the 1980-1999 mean) and May MSLP over the
Nino3.4 region (blue, in mb) over the full period of the millennial COSMOS simulations and their
continuations under a global warming scenario. Data have been averaged decadally (801–810, etc.)
and over the 5 ensemble members, such that each point represents an average over 50 model years.
(B) Skewness of the decadal frequency distribution of seasonal mean ISM rainfall in COSMOS
(red). Each point is computed from a set of 50 model years (10 years, 5 ensemble members). The
skewness computed from 50 runs each of the day-to-day model, with parameters set according to
global mean temperature and May Nino3.4 MSLP as in A, is shown in gray (thin line shows mean
value, and shading shows ±1 standard deviation, from 100 realizations of the model). (C) As B,
but for the mean of the frequency distribution (in mm/day).
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Methods

Memory effect in observations. For demonstrating the memory effect in the IMD observational
data set, we choose P+ = 12 mm/day and P− = 0 mm/day. P+ is chosen to approximate the
maximum observed 17-day average daily precipitation. We test the sensitivity of the memory effect
to the length of the memory period τ by computing the ‘signal-to-noise ratio’ of the correlation
for a range of τ values (Fig. S2): A linear regression of the mean values between p̃ = 0.4 and 0.6
is evaluated at p̃ = 0.2 and p̃ = 0.8, and the difference in P is divided by the average standard
deviation over the same interval. As the maximum observed average daily precipitation is higher
for shorter averaging periods and vice versa, we have varied P+ along with τ – namely, between
14 and 10 mm/day – in producing Fig. S2. This variation however only has a minor effect on the
signal-to-noise ratio, which is much more sensitive to the choice of τ .

Climate model analysis. The climate model simulations used in this study belong to the
“Millennium” simulation ensemble23 . They were performed with the comprehensive MPI-M Earth
System Model COSMOS, comprising the atmospheric GCM ECHAM536, 37 Version 5.4.01 at
T31L19 resolution; the land surface scheme JSBACH38 at T31 resolution, one soil layer, 13 vegetation types and four vegetation tiles per grid box; and the oceanic GCM MPI-OM39 Version 1.3.0,
including the ocean biogeochemistry module HAMOCC40 , at GR3.0L40 resolution. The model
is run for the years 800 to 2005 CE with time-dependent external forcing including the effects of
volcanic stratospheric sulphate aerosols41 , variation of total solar irradiance42 , land-use change43 ,
and changes in orbital parameters. Following the historical period, the simulations are continued
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with forcing according to the IPCC SRES A1B scenario29 until 2100, and with CO2 emissions corresponding to constant CO2 concentrations from 2101 until 220030 . Further details can be found
on the MPI-M website44 .

In analyzing the climate model results, precipitation is averaged over the land area in 530◦ N, 70-90◦ E. The dynamical monsoon index26 is computed as the zonal wind shear difference
over 0-20◦ N, 60-100◦ E according to (Ū850hP a − hŪ850hP a i) − (Ū200hP a − hŪ200hP a i), where Ū is
the seasonal (May-September) average zonal wind speed, and angle brackets indicate the long term
mean over the historical simulation period. Sea level pressure is averaged over 0-25◦ N, 60-80◦ E;
vertical velocity ω in pressure coordinates is averaged over 5-30◦ N, 55-80◦ E; and specific humidity
over 5-25◦ N, 60-80◦ E. For demonstrating the memory effect in COSMOS, the same procedure is
applied as for the IMD observational data, except that we now choose P+ = 9 mm/day, which
is closer to the maximum 17-day average daily precipitation observed in the climate model. The
latent–classes analysis is performed using the flexmix routine45 , fitting a model of one, two or three
superposed Gaussian distributions to the data. According to the Bayesian Information Criterion46
(BIC), the assumption of two Gaussians improves the model substantially (from a BIC value of
21364 to 20034) as compared to only one Gaussian, while a third Gaussian yields no significant
improvement, and is not physically motivated.

Statistically predictive model. The precipitation probability used in the simple day-to-day
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model is defined as






pm
if p̃t ≥ pm ,





pt = (1 − pm ) if p̃t ≤ (1 − pm ),








p̃t
else,

107

(2)

where pm is a maximum probability, and p̃t is defined according to equation (1) in the main text;
except that t is now the index of model time steps, not days. However, the length of the season is
chosen such that a time step corresponds approximately to one day (see Supplementary Table S1).
During an initial period of length τ in the beginning of the season, pt is not (and cannot be)
determined by equation (2). Instead, we introduce an initial probability pinit which is treated as
a model parameter. This day-to-day model is integrated over l time steps, corresponding to the
length of the model season, and the seasonal mean precipitation P̄ , P− ≤ P̄ ≤ P+ , is saved. See
Supplementary Table S1 for sets of parameters used in the model integration, and the attached
Matlab R script for the model code.

For reproducing multidecadal trends in the historical as well as the future climate simulations
(Fig. 4 in the main paper), we run the day-to-day model for each decade, varying the parameter
pinit according to pinit = p0 · (m − m0 ) + p0 , where m is the decadally-averaged May Nino3.4
MSLP in mb; m0 = 1008.9 mb; p0 = 0.39 mb−1 ; and p0 = 0.2. The parameters P+ and P− are
varied according to P± = P 0 · ∆T + P0± , where ∆T is the decadally-averaged global mean surface
temperature anomaly in ◦ C; P 0 = 0.42 mm day−1 ◦ C−1 ; P0+ = 9 mm day−1 ; and P0− = 0 mm
day−1 .
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Figure S1: Net contributions (climatology) to the annual moist static energy budget of the atmospheric column over India (5-30◦ N, 70-90◦ E), from NCEP/NCAR reanalysis data1 (1948-2007;
errorbars denote one standard deviation): Radiative fluxes (black solid line), sensible heat flux
from the ground (red), latent heat flux due to precipitation (blue), and convergence of heat due to
advection by the large-scale time-mean circulation and eddies (black dashed line). Sensible heat
flux is strongest just before the monsoon onset, but during the rainy season, latent heat release
dominates the energy budget, balanced by advective processes that transport the excess heat out of
the region. This dominance is found in all major monsoon regions2 .
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Figure S4: (A) Monthly mean sea level pressure (in hPa) in May of the dry year; (B) same for June;
(C) as (A), but averaged over the 17 previous years; (D) same for June. Contour spacing is 4 hPa.
Due to the absence of convection and associated latent heat release, the Eurasian surface Low is
diminished over India in the dry year, which favors a northward expansion of the Indian Ocean
surface High and subsequent subsidence over India and the northwestern Indian ocean region (cf.
Fig. S5).
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Figure S5: (A) Monthly mean vertical velocity ω (in Pa/s) at 500hPa in May of the dry year; (B)
same for June; (C) as (A), but averaged over the 17 previous years; (D) same for June. Positive
ω (red shading) indicates downward motion of air. Contour spacing is 0.02 Pa/s. In the dry year,
central India and the Arabian Sea are characterized by subsidence instead of upwelling.
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Figure S6: (A) Anomaly of monthly mean vertical velocity ω (in Pa/s, contour spacing 0.02) at
500hPa in May of the dry year, with respect to the average over the 17 previous years; (B) same
for June; (C) anomaly of monthly mean lower troposphere (500-1000hPa) specific humidity (g/kg,
contour spacing 1 g/kg) in May of the dry year, with respect to the average over the 17 previous
years; (D) same for June. Anomalous subsidence of dry air over India and the Northern Indian
Ocean leads to moisture depletion in the monsoon region.
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Figure S7: Mean sea level pressure (MSLP) over the Nino3.4 region (170-120◦ W, 5◦ S-5◦ N) during
spring in the COSMOS simulation, for the dry year (thick line) and averaged over the previous 17
years (thin line; shading denotes ± 1 standard deviation).
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Figure S8: Coefficient of the correlation between seasonal (JJA) mean ISM rainfall and monthlyaveraged mean sea level pressure (MSLP) over the Nino3.4 region (170-120◦ W, 5◦ S-5◦ N) in the
COSMOS simulation. The correlation is strongest when MSLP is taken in May just before the
monsoon season (indicated by the gray shading).
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Figure S9: Annual cycle of daily precipitation over India as a long-term mean over the first 1206year COSMOS simulation (thin line; shading denotes the 16% and 84% quantiles), and averaged
over all dry years within this simulation (JJA mean precipitation lower than 2.5 mm/day, thick
line).
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Table S1: Parameters of the day-to-day model
Parameter

Symbol

Value used for

Value used for

Fig. 2B

Fig. 2C

length of season

l

135 time steps

length of memory period

τ

17 time steps

precipitation in wet state

P+

9 mm/day

10.9 mm/day

Value used for Fig. 4

varying linearly with
global

temperature,

see Methods text
precipitation in dry state

P−

0 mm/day

1.9 mm/day

varying linearly with
global

temperature,

see Methods text
initial probability

pinit

0.75

0.2

varying linearly with
Nino3.4 MSLP, see
Methods text

maximum probability

pm

0.8

0.82

12

0.82
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Discussion and Conclusions

In this thesis, I have offered a novel perspective on the possibility of large–scale monsoon failure, motivated
by the observation of two different types of events: The dry regimes, observed in paleoclimatic proxy
records, that persist on millennial and longer timescales; and individual years of extremely deficient
monsoon rainfall as found in present–day climate simulations with a comprehensive global climate model.
Previous studies have linked paleoclimatic monsoon failure to external influences such as remote forcing
from the North Atlantic region (Burns et al., 2003; Wang et al., 2005b), or orbital–scale changes in solar
insolation (Wang et al., 2008), but no consistent theory has been developed so far that can explain the
strong and abrupt response of monsoon rainfall to these either weak or gradual external perturbations.
Seasonal monsoon failure under present–day climate conditions, on the other hand, has been investigated
here in a realistic climate model, as a possible scenario that goes far beyond the interannual variability
found in direct observations.
In the first part of the thesis (section 2.1), I have presented simulations with a coupled climate
model of intermediate complexity, CLIMBER-3α, that project monsoon rainfall around the world to
increase quasi–linearly with global warming in the coming centuries. While this is generally consistent
with many other studies (e.g. Kripalani et al., 2007a), the atmospheric component of CLIMBER-3α is
based on a simplified statistical–dynamical approach, and may not sufficiently represent all processes that
are relevant for the response of monsoon circulations to rapid and intense climate change. Therefore,
in the subsequent work I have attempted to identify those physical mechanisms that are of first–order
importance for large–scale monsoon dynamics and their response to external changes.
The second and third part of my work (sections 2.2 and 2.3) have focused on the conditions that
are necessary in order to sustain a rainy season over land. It is important to note that globally, the
seasonal reversal of cross-equatorial winds is driven by the seasonal change in hemispheric insolation,
and in general the rainfall associated with the intertropical convergence zone will naturally be sustained
even without continental monsoon rainfall. However, the excursion of the tropical rain belt towards
high latitudes and the intense continental precipitation in monsoon regions goes beyond the zonal-mean
dynamics of the intertropical convergence zone.
I have identified the so–called moisture–advection feedback as the primary driving force of large–scale
continental monsoon rainfall (section 2.2). While differential heating of the land and ocean surfaces
is important in establishing the atmospheric land–sea thermal contrast during the onset period, the
moisture–advection feedback is crucial in maintaining this contrast after the rainy season has started.
From an energetic point of view, the advection of latent heat in the form of moisture from the ocean
to the continent is the main source of energy that keeps the monsoon circulation going during the rainy
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season.
I have shown in a minimal conceptual model that the self–amplifying nature of the moisture–advection
feedback implies a threshold behaviour with respect to changes in the energy budget of the monsoon system. In particular, if specific humidity over the ocean falls below a critical value, no conventional monsoon
circulation can develop according to the basic dynamics captured in the minimal model (section 2.3).
These basic dynamics thus define a domain of existence for continental monsoon rainfall, which allows
for abrupt transitions between wet and dry regimes when the threshold is crossed. Physically, the possibility for abrupt transition arises from the competition among the main heat transport processes during
the rainy season. Although latent heat release through precipitation warms the atmospheric column,
direct advection of heat is cooling it. Both processes become weaker when monsoon winds decrease, and
thereby compensate each other with respect to the net heat injection into the atmospheric column. The
threshold of this stabilizing effect is set by the net radiative cooling, which is a characteristic feature of
low latitudes.
I have demonstrated that this concept is qualitatively consistent with a series of abrupt monsoon
transitions found in a proxy record of the East Asian summer monsoon for the penultimate glacial
period. In this application, I have assumed a hysteresis that occurs when the threshold is crossed from
different directions. While this assumption is not crucial for the transition behaviour, it changes the
timing of the individual transitions such that they are all consistent, within dating errors, with those
found in the proxy record. Physically, a hysteresis on these paleoclimatic timescales might be induced
by inert climate components such as e.g. large-scale oceanic circulation or Himalayan glaciation, rather
than by atmospheric processes. While it is thus not inconsistent with the underlying physics, it remains
a hypothesis at this stage and should be further investigated in future research.
My findings suggest that the moisture–advection feedback could indeed be the main physical
mechanism within the dynamics of monsoon circulations that facilitates abrupt and persistent monsoon
failure on long timescales. Beyond these qualitative results, I have estimated the threshold humidity
values for major monsoon regions, using present–day reanalysis data. The resulting distribution of
threshold values can be interpreted either as an uncertain estimate of a stationary critical threshold, or as
a probability distribution of an interannually varying threshold. I have shown that the estimates become
more robust when further relevant processes are incorporated in the conceptual model. However, it must
be kept in mind that the conceptual model is designed in a minimalistic spirit, comprising only those
physical processes that are essential for the moisture–advection feedback, and neglecting many other
processes that are nevertheless important for a quantitative assessment. Therefore my estimates of the
critical threshold need to be considered a first attempt of quantification. For a more accurate estimation,
more complex models would be necessary that, for instance, take into account evaporation over land
and associated soil moisture processes, and regionally specific features such as orography. An extended

127

analysis of paleoclimatic reconstructions as well as detailed present–day observations could also be useful
to further constrain the results. However, the example of the Atlantic thermohaline circulation suggests
that it might be generally very difficult to quantify thresholds in the climate system with the accuracy
that would be necessary for future projection of a transition (Rahmstorf et al., 2005; Drijfhout et al., 2010).

I have also suggested a basic physical mechanism for seasonal monsoon failure under modern climate
conditions, which is again based on the moisture–advection feedback (section 2.4). Within the rainy
season, rainfall over a certain period tends to reinforce the circulation by adding heat to the continental
atmosphere, and thereby increases the probability for rainfall in subsequent days, as I have shown for
India in observational data as well as in a comprehensive AOGCM. On the other hand, the AOGCM
simulations feature years where average Indian summer monsoon rainfall is up to ∼70% below the long–
term mean; this is much lower than any drought year observed within the past century. Examining one
such dry year, I have identified a second self–amplifying feedback that counteracts the moisture–advection
feedback: Subsidence of dry air from the upper troposphere dries out the monsoon winds and thereby
further inhibits the onset of convection, leading to more subsidence, and so on. While this dry feedback is
most dominant and visible in those years with very weak rainfall, I suggest that it is a general dynamical
feature that, to a lesser extent, is also present in regular monsoon years. I have developed a minimal
theory of intraseasonal monsoon dynamics that is based on the idea of a permanent interplay between
these two, antagonistic feedbacks, where each of them tends to persist, while synoptic–scale weather
events can perturb the currently active feedback and induce a flip into the other one. The timescale
of this interplay is on the order of days, and follows from the timescale of synoptic and smaller–scale
tropospheric features and the time that the heating anomaly induced by the moisture–advection feedback
can persist in the atmosphere.
I have framed this minimal theory in a simple, statistically predictive model for seasonal mean monsoon
rainfall. The inherently dynamics of the two counteracting feedbacks produces a series of alternating
wet and dry periods of varying length and frequency, which finally add up to a total seasonal rainfall
amount. While this is a highly idealized representation of internally generated intraseasonal variability,
the fact that real monsoon systems also exhibit variability on similar timescales supports the idea that
an instability similar to the one captured in the simple model may indeed be at work in reality. This
would offer an explanation for some of the observed intraseasonal variability, on the basis of internal
monsoon dynamics. Note that these results do not contradict other sources of monsoon variability on
various timescales. For example, the Madden–Julian Oscillation (Wheeler & Hendon, 2004) plays an
important role for intraseasonal monsoon variability on a monthly timescale. A corresponding external
forcing could in principle be added to the statistically predictive model without qualitatively altering its
characteristics. On the other hand, it is a robust assumption that a major part of intraseasonal variability
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is generated by internal monsoon dynamics and not by external forcing (Krishnamurthy & Shukla, 2000;
Goswami et al., 2006).
I have shown that this simple conceptual model explains the characteristic, bimodal frequency
distribution of seasonal–mean Indian summer monsoon rainfall found in the AOGCM. Moreover, it can
also reproduce a large portion of multidecadal monsoon variability when forced with central–Pacific
mean sea level pressure (MSLP) anomalies in May, i.e. at the onset time; no external forcing is applied
during the rest of the rainy season. Anomalous spring-time conditions in the central Pacific are assumed
to induce atmospheric conditions that favor either convection or subsidence over the Indian region, thus
leading to either intense or deficient monsoon onsets. This initial condition is then propagated into
the seasonal–mean rainfall in a probabilistic sense; in principle however, even after a deficient onset an
overall strong monsoon season can develop according to the basic internal dynamics.

We can now delineate a common perspective for both seasonal and long–term monsoon failure. Under
present–day climate conditions, the monsoon season is governed by the inherent instability induced by
the self–amplifying moisture–advection feedback and the counteracting dry subsidence feedback. The
seasonal–mean rainfall is therefore determined mainly by stochastic internal dynamics, in conjunction with
an initial condition set by external forcing during the onset period. The resulting statistics of seasonal–
mean rainfall include very dry years, or monsoon failure, albeit with a low frequency of occurrence (or
low probability, if the frequency distribution is interpreted as a probability distribution). If however
overall climatic conditions change substantially, the system can shift into a regime where the moisture–
advection feedback cannot be established, and thus continental monsoon rainfall cannot be sustained.
Such a regime shift would go along with crossing a threshold that is associated with non–zero values of
expected seasonal–mean precipitation; in this sense, the regime shift would be abrupt, i.e. from “rain”
to “no rain”.
Of course, this is a highly simplified perspective. It cannot, and is not meant to, explain all relevant
aspects of monsoon circulations, nor to make quantitatively accurate assessments or predictions of monsoon characteristics. I have taken this simplified approach because for understanding large–scale monsoon
failure, whether seasonally or permanently, it might be a useful intermediate step to consider only the
most fundamental physical processes that are essential for the non–linearity which is dominant for large
temporal and spatial scales. My results are qualitatively consistent with abrupt monsoon transitions
found in paleo–records, as well as with monsoon variability under present–day conditions as observed in
a realistic climate model; and they offer a simple and readily understood explanation for both. This may
be seen as supporting the simplified approach.
It is important to note that, besides the quantitative weaknesses that result from the many simplifications, some of my conclusions may also depend on regional specifics. While in the first three articles
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I have considered several major monsoon regions and set up a conceptual model that can be expected
to hold for all those regions to a similar degree, the fourth study has focused especially on India. There
is reason to believe that much of the fundamental dynamics I have extracted from the analysis of the
Indian summer monsoon are universal across different monsoon regions, but detailed analysis of those
other regions is needed to confirm this hypothesis.

The final part of this thesis lends further support to my conceptual results, and it also sheds light on a
possible risk associated with the response of unstable monsoon dynamics to future anthropogenic climate
change. Simulations with a realistic climate model project seasonal failure of Indian summer monsoon
rainfall to become much more frequent in response to global warming. The minimal, statistically predictive model closely reproduces this trend, with spring-time MSLP in the central Pacific again determining
the initial condition at the monsoon onset. Within this simplified framework, the increase in monsoon
failure is thus caused by a strong but delayed response of spring–time central Pacific MSLP to global
warming. While in my analysis these central Pacific climate variations seem to be the dominant influence
on the initial condition, other factors such as changing springtime Indian Ocean sea surface temperatures
might play a significant role, too (Li et al., 2001), and could be translated into monsoon statistics using
the statistically predictive model.
Note that I have only considered climate simulations with a single AOGCM. Comparison with other
comprehensive models is needed to test the robustness of the projected trends in Indian summer monsoon
and central Pacific climate. The interrelation between the two needs to be investigated in detail using
complex models as well as observations, in order to confirm the link suggested by my results. Considering
the potential consequences of frequent large–scale monsoon failure in the near future, such research efforts
appear worthwhile.
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