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ABSTRACT
Using the coupled climate model of intermediate complexity, CLIMBER-3␣, changes in the vertical
thermal structure associated with a shutdown of the Atlantic meridional overturning circulation (AMOC)
are investigated. When North Atlantic Deep Water formation is inhibited by anomalous freshwater forcing,
intermediate depth ventilation can remain active and cool the subsurface water masses (i.e., the “cold
case”). However, if intermediate ventilation is completely suppressed, relatively warm water coming from
the south penetrates to a high northern latitude beneath the halocline and induces a strong vertical temperature inversion between the surface and intermediate depth (i.e., the “warm case”). Both types of
temperature anomalies emerge within the first decade after the beginning of the freshwater perturbation.
The sign of subsurface temperature anomaly has a strong implication for the recovery of the AMOC once
the anomalous freshwater forcing is removed. While the AMOC recovers from the cold case on centennial
time scales, the recovery is much more rapid (decadal time scales) when ventilation is completely suppressed and intermediate depths are anomalously warm. This is explained by a more rapid destabilization
of the water column after cessation of the anomalous flux due to a strong vertical temperature inversion.
A suite of sensitivity experiments with varying strength and duration of the freshwater perturbation and a
larger value of background vertical diffusivity demonstrate robustness of the phenomenon. Implications of
the simulated subsurface temperature response to the shutdown of the AMOC for future climate and abrupt
climate changes of the past are discussed.

1. Introduction
Because of its importance for the climate system, the
Atlantic meridional overturning circulation (AMOC)
has received considerable attention in recent years
(e.g., Vellinga and Wood 2002; Winton 2003; Herweijer
et al. 2005). The AMOC is responsible for a large part
of meridional heat transport in the Atlantic Ocean
(e.g., Ganachaud and Wunsch 2000; Trenberth and Caron 2001) and numerous modeling experiments have
shown that changes in its strength and spatial structure
can considerably affect regional and global climate
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(Crowley 1992; Stocker 1998; Vellinga and Wood 2002;
Timmermann et al. 2005; Levermann et al. 2005). Rapid
reorganizations of the AMOC are considered as the
prime candidates for explaining abrupt climate changes
recorded during glacial times (Clarke et al. 2002;
Rahmstorf 2002). The possibility of an AMOC shutdown in the future in response to global warming has
been demonstrated with a number of climate models
(Manabe and Stouffer 1993; Rahmstorf and Ganopolski 1999; Houghton et al. 2001).
So-called water hosing experiments, where anomalous freshwater flux (or equivalent negative salinity
flux) is applied to some regions of the ocean are widely
used to study the stability of the AMOC and its impact
on climate (e.g., Stocker and Wright 1991; Manabe and
Stouffer 1995; Rahmstorf 1996; Fanning and Weaver
1997; Schiller et al. 1997; Rind et al. 2001; Rahmstorf et
al. 2005; Stouffer et al. 2006). These idealized experiments are motivated by the necessity to understand
past abrupt changes of the ocean circulation, as well as
its response to future climate change. A large discharge
of freshwater into the North Atlantic during glacial
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time and deglaciation is believed to be responsible for
major shifts in the ocean circulation recorded by various paleoclimate proxies (e.g., Bond et al. 1992; McManus et al. 2004). Concerning future climate change,
model simulations suggest that global warming would
intensify the freshwater input into the North Atlantic,
as a consequence of an intensification of northward atmospheric moisture transport, increase of river discharge into the Arctic Ocean, and melting of the
Greenland ice sheet (Church et al. 2001). Recent observations give consistent indications (Peterson et al.
2002; Dickson et al. 2002).
In most hosing experiments, anomalous freshwater
flux has been applied to the North Atlantic and, in spite
of differences in models, areas and magnitudes of the
applied freshwater flux, a number of robust features of
the models’ response emerged. In particular, it has been
shown that a sufficiently large anomalous freshwater
flux [typically 0.1–1 Sv (1 Sv ⫽ 106 m3 s⫺1), this value
being strongly model dependent] can shut down the
AMOC completely on decadal to centennial time scales
(e.g., Rahmstorf et al. 2005; Stouffer et al. 2006). This
leads to a strong surface oceanic and atmospheric cooling in the North Atlantic realm (order of 10 K) and a
pronounced cooling over most of the Northern Hemisphere. At the same time, in the southern Atlantic, surface and subsurface warming occurs on decadal time
scales (i.e., the Atlantic seesaw; Crowley 1992) after the
shutdown of the AMOC. These warm anomalies gradually propagate into high latitudes of the Southern
Hemisphere. This process occurs on multicentennial
time scales and is thus not clearly seen in short-term
water hosing experiments (e.g., Rind et al. 2001). Apart
from a direct atmospheric temperature response, the
shutdown of AMOC leads to a pronounced reorganization of atmospheric circulation, in particular to a
southward shift of the intertropical convergence zone,
which results in large changes in precipitation in the
Tropics [e.g., Manabe and Stouffer (1988); Vellinga and
Wood (2002); Broccoli et al. (2006) in models; Peterson
et al. (2000) using paleo-observations].
At the same time, experiments with different climate
models reveal important discrepancies that have not
received much attention and remain unexplained. It has
been shown that the magnitude and time scale of the
AMOC weakening in response to a fixed amount of
anomalous freshwater depends, among other factors,
on the location of the anomaly, with a stronger and
more rapid response if the latter is applied directly in
the area of deep-water formation as compared to a
more southern perturbation (Rahmstorf 1996; Manabe
and Stouffer 1997; Gregory et al. 2003; Goelzer et al.
2006). Furthermore, while the models agree on the sur-
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face cooling in the North Atlantic and the surface and
subsurface warming in the southern and tropical Atlantic, different authors report subsurface temperature
changes in the mid- and high latitudes of the North
Atlantic of the opposite sign: Manabe and Stouffer
(1988, 1997) and Rind et al. (2001) show strong negative temperature anomalies developing in mid- and
high latitudes of the North Atlantic from the surface to
the bottom, while Knutti et al. (2004) and Rühlemann
et al. (2004) report on strong subsurface warming (with
a magnitude of several degrees) within the upper 1000
m in the Atlantic northern high latitudes. Together with
the surface cooling, this can induce significant reversed
vertical temperature gradients. Apart from that, the
rate of recovery differs strongly between model experiments (e.g., Stouffer et al. 2006).
It is natural that surface changes associated with a
weakening or a complete shutdown of the AMOC attracted the primary attention, because they can directly
affect the regional and global climate. However, as we
will show below, subsurface temperature and salinity
changes are important because they determine the
mechanism and rate of the AMOC recovery after cessation of the anomalous freshwater flux. This plays a
role in the interpretation of paleoclimate data and the
understanding of mechanisms of past abrupt climate
changes. For example, the strong vertical temperature
inversion in high latitudes of the North Atlantic during
stadial (cold) Atlantic events is crucial for the rapid
onset of Dansgaard–Oeschger warm events simulated
by Ganopolski and Rahmstorf (2001). They are also an
essential element of the mechanism of self-sustained
deep-decoupling oscillations found in some models.
These have been proposed to explain millennium-scale
climate variability during glacial times (Winton 1997;
Shaffer et al. 2004).
Here, we show that opposite subsurface temperature
patterns in the northern North Atlantic are obtained in
experiments with different locations of freshwater perturbations. First, this result is interesting in the framework of model intercomparison. In all the experiments
cited above, hosing is alternatively applied in the high
northern latitudes (e.g., Stouffer et al. 2006), farther
south in the subtropics (e.g., Rahmstorf et al. 2005) or
in an intermediate region around 50°N (e.g., Knutti et
al. 2004; Rühlemann et al. 2004), and results are usually
compared without special care. We will show that different experimental setups can induce very different
oceanic subsurface anomalies and AMOC recovery
mechanisms. Second, we will discuss some paleoclimatic implications of subsurface response to changes in
the AMOC. These changes might be relevant for the
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assessment of environmental impacts of a possible future AMOC reduction in response to global warming.
The model and experiments are described in section
2. Subsurface temperature anomalies are discussed in
section 3 and implications for the AMOC recovery are
discussed in section 4. Robustness of the results to details of the perturbation and to oceanic mixing parameterization is tested in section 5. Results are discussed
in section 6.

2. Model and experimental setup
The model used in this study is the CLIMBER-3␣
coupled climate model of intermediate complexity
(Montoya et al. 2005). It consists of the Potsdam
statistical–dynamical atmospheric model version 2
(POTSDAM-2; Petoukhov et al. 2000) coupled to a
global, 24-layer ocean general circulation model based
on the Geophysical Fluid Dynamics Laboratory
(GFDL) Modular Ocean Model version 3 (MOM-3)
code and to the dynamic and thermodynamic sea ice
module of Fichefet and Maqueda (1997). The oceanic
model has a horizontal resolution of 3.75° ⫻ 3.75°. It
uses a weak background vertical diffusivity ( ⫽ 0.1 ⫻
10⫺4 m2 s⫺1) and a second-order-moment advection
scheme for tracers (Prather 1986) that strongly reduces
numerical diffusivity (Hofmann and Maqueda 2006). A
parameterization of boundary enhanced mixing depending both on near-bottom stratification and roughness of topography (Ledwell et al. 2000) is implemented, following Hasumi and Suginohara (1999). This
leads locally to vertical diffusion coefficients of up to
10⫺4 m2 s⫺1 for example over rough topography. Instead of a grid-based horizontal diffusivity, an isopycnal
diffusion coefficient of iso ⫽ 1000 m2 s⫺1is applied. In
the upper layer, the K-profile parameterization (Large
et al. 1994) is used in order to better represent the
mixed layer. The atmospheric POTSDAM-2 model has
a coarse horizontal resolution (7.5° latitude and 22.5°
longitude) and is based on the assumption of a universal vertical structure of temperature and humidity,
which allows reducing the three-dimensional description to a set of two-dimensional prognostic equations
for temperature and humidity. Description of atmospheric dynamics is based on a quasigeostrophic approach and a parameterization of the zonally averaged
meridional atmospheric circulation. The synoptic processes are parameterized as diffusion terms with a turbulent diffusivity computed from the atmospheric stability and horizontal temperature gradients. Heat and
freshwater fluxes between the ocean and the atmosphere are computed on the oceanic grid and applied
without any flux adjustments. The wind stress is computed as the sum of the National Centers for Environ-

FIG. 1. Maximal depth of the turbulent mixed layer given by the
model over the annual cycle in (a) the control run and in experiments (b) S-5080N and (c) S-2050N after 100 yr of anomalous
forcing. In (a), the hatched areas represent the two forcing areas
used in the study (see text).

mental Prediction–National Center for Atmospheric
Research (NCEP–NCAR) reanalysis wind stress climatology (Kalnay et al. 1996) and the wind stress anomaly
calculated by the atmospheric model relative to the
control run. The reader is referred to Montoya et al.
(2005) for a description of the coupling and more details on the oceanic mixing parameterization, and to
Mignot et al. (2006) for a discussion on the model’s
sensitivity to oceanic vertical diffusivity.
The control model run has been integrated under
present-day boundary conditions for more than 5000 yr.
It yields an overturning circulation in the Atlantic of
about 12 Sv, with deep-water formation occurring both
in the Nordic Seas and in the Irminger Sea south of the
Greenland–Scotland ridge (Fig. 1a). Note that it
reaches much shallower depths in this latter area. Two
specific experiments that differ in the location where
the forcing is applied constitute the core of the study
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(Fig. 1a). Note that in all experiments, in spite of the
fact that the model uses an explicit free surface, the
perturbation consists in an extraction of salt, so that the
volume of the ocean is unperturbed. In the first experiment (S-5080N), a negative anomalous salt flux corresponding to 0.35 Sv of freshwater flux was uniformly
added in the high latitudes of the North Atlantic, between 50° and 80°N. This region covers the sites of
deep-water formation in the model. This setup is similar to the one of the Coupled Model Intercomparison
Project (CMIP; Stouffer et al. 2006). In the second experiment (S-2050N), an anomalous salt flux of identical
amplitude (0.35 Sv) was added to the North Atlantic
between 20° and 50°N. This region is located south of
the deep-water formation sites and was used by several
authors to investigate the possible bistability of the meridional overturning circulation (e.g., Wang 2005;
Rahmstorf et al. 2005). Note that since the forcing areas
differ in both experiments, the anomalous flux imposed
at each grid cell (expressed in m s⫺1) differs. Both experiments were integrated for 100 yr with anomalous
forcing and an additional 300 yr without the forcing.
Additional experiments were performed in order to investigate the sensitivity of the results to the strength
and duration of the freshwater perturbation and to the
oceanic vertical diffusivity. Details will be given below.

3. Subsurface temperature anomalies
After 100 yr of integration with 0.35-Sv anomalous
equivalent freshwater flux, the AMOC is strongly reduced in both experiments. Deep-water formation in
the Nordic Seas and south of the Greenland–Scotland
ridge has ceased, as can be inferred from the very shallow mixed layer depth in Figs. 1b,c compared to the
control run (Fig. 1a). In the case of the southern forcing
region (S-2050N), ventilation down to about 600-m
depth is still enabled around 60°N (Fig. 1c). This is
much shallower than the maximum depths reached in
the control simulation (more than 2000 m, Fig. 1a) and
does not result in deep-water formation. The time scale
for the AMOC shutdown also differs in the two experiments, as seen in Fig. 2a: it is much more abrupt in
experiment S-5080N where deep-water formation sites
are directly capped by the surface freshwater anomaly.

FIG. 2. (a) Time series of the maximum overturning circulation
(solid) and overflow over the Greenland–Scotland ridge (dashed)
annual averages in experiments S-2050N (cold case, gray) and
S-5080N (warm case, black), respectively. The perturbation
(equivalent to a freshwater flux of 0.35 Sv) was applied during 100
yr (black vertical line) before being removed. (b)–(d) The cor-

←
responding time series for the surface air temperature in the
North Atlantic region (60°–90°N), the Atlantic ocean heat transport at 48°N, and the Atlantic subsurface temperature averaged
between 40° and 80°N and between 100 and 700 m for the two
experiments, respectively.

4888

JOURNAL OF CLIMATE

VOLUME 20

FIG. 4. Zonally averaged temperature anomaly in the Atlantic
after 100 yr of anomalous forcing in experiments (a) S-5080N
(warm case) and (b) S-2050N (cold case), respectively, as compared to the control run. The black contour line represents 0 K.

FIG. 3. Sea surface temperature anomaly in the Atlantic after
100 yr of anomalous forcing as compared to the control run in
experiments (a) S-5080N (warm case) and (b) S-2050N (cold
case), respectively. The black contour lines represent 0 K. (c), (d)
Same as (a), (b), but for the temperature at 300-m depth.

In S-2050N, the freshwater-induced salinity anomalies
are carried to the north by the oceanic circulation itself
(e.g., Goelzer et al. 2006). This is why time scales are
longer while the amplitude of the reduction is smaller
(see also Rahmstorf 1996; Manabe and Stouffer 1997).
The pattern of sea surface temperature difference to
the control run is qualitatively the same for both experiments (Figs. 3a,b), and corresponds to the classic
picture associated with a reduction of the northward
oceanic heat transport [e.g., Manabe and Stouffer
(1988) in equilibrium experiments; Vellinga and Wood
(2002) in transient experiments]: the South Atlantic is
warmer than the control run by 0.5–2 K while a cooling

of up to 8 K occurs in the North Atlantic. In the latter
basin, cooling is maximal (12 K in S-5080N and 10 K in
S-2050N) in the deep-water formation regions as a result of the shutdown of deep convection. The anomalous surface air temperature show the same qualitative
north–south dipole, with maximum amplitude over
the Nordic Seas being higher in S-5080N, as shown in
Fig. 2b.
On the other hand, strong differences between the
two experiments arise at an intermediate depth in the
northern North Atlantic (Figs. 3c,d). In the S-2050N
experiment, temperature anomalies at 300 m are of the
same sign as surface anomalies. In S-5080N, a strong
warm anomaly is found north of 50°N. In the North
Atlantic Tropics and subtropics, the waters at 300 m are
colder than in the control run, but the anomaly is much
reduced as compared to S-2050N at corresponding latitudes. Southern Atlantic subsurface is anomalously
warm in both experiments.
The zonally averaged fields further document these
Atlantic subsurface temperature anomalies (Fig. 4).
The warming of the northern North Atlantic in
S-5080N is maximal between 300 and 700 m, and
reaches more than 8 K locally. We will refer to this
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FIG. 5. Horizontal oceanic currents at 300-m depth in (a) the control run and (b) 50 yr after the
beginning of the perturbation in experiment S-5080N.

situation as the “warm case.” Together with a strong
surface cooling, this implies vertical temperature inversions of more than 10 K within the upper 300 m. When
the forcing is applied between 20° and 50°N, the cold
surface anomalies reach down to about 1000-m depth
(“cold case”). They are maximal above 600-m depth,
which is approximately the pycnocline depth in the control run (Mignot et al. 2006).
The fundamental difference between the two experiments arises from different ventilation patterns and
emerges already during the first years after the beginning of the perturbation (Fig. 2d). In the high-latitude
forcing case (S-5080N, warm case), ventilation is rapidly and completely suppressed in the northern North
Atlantic (Fig. 1b). Without any contact to the surface,
the intermediate waters of the northern North Atlantic
are protected from intense atmospheric cooling. On the
other hand, the wind-induced circulation still enables
ventilation in the tropical and subtropical Atlantic (e.g.,
Luyten et al. 1983) and northward transport of warm
waters. This pathway is illustrated in Fig. 5b showing
the horizontal circulation in the North Atlantic at
300-m depth 50 yr after the beginning the perturbation.
It can be shown that this circulation pattern is established within the first decades after the beginning of the
perturbation and then remains stable as long as the
freshwater is applied. Obviously, the intergyre connection is strongly reduced as compared to the initial state
with an active AMOC (Fig. 5a), but it still exists. However, in the absence of convection, surface heat loss is
drastically reduced and this small transport of warm
waters from the south is sufficient to distort the vertical
isotherms resulting from deep-water formation in the
control run. This explains the warm subsurface
anomaly seen in Figs. 3c and Fig. 4a. In the cold case
(S-2050N), on the other hand, ventilation of intermediate layers around 60°N (Fig. 1c) is sufficient for the
surface cooling to reach intermediate depths (Fig. 4b).
The reduction of the cross-equatorial heat transport ex-

plains surface and subsurface warming in the South Atlantic in both experiments.
The intermediate depth ventilation around 60°N also
impacts the anomalous salinity structure of the Atlantic
(Fig. 6a): in the warm case, the negative salinity
anomaly imposed at the surface rather remains strictly
confined to the upper 200 m. Below this upper layer,
water masses are anomalously salty as compared to the
control run. This results from northward advection of
tropical waters, the same mechanism that induces the
warm subsurface anomalies (e.g., Fig. 6b). In the cold
case, the negative salinity anomaly penetrates down
through ventilation to about 1000-m depth (Fig. 6a), as
does the negative temperature anomaly (Fig. 6b). The
fact that the subtropical anomaly reaches the high latitudes after subduction also contributes to the subsurface fresh anomaly in Fig. 6a. However, this does not
explain the cold temperature anomaly in Fig. 6b. Finally, the vertical density structure from the two experiments is rather similar below the surface layer (Fig. 6c):
the deep and intermediate water masses in the North
Atlantic are slightly lighter than in the control run, because of the warm anomaly in the warm case (S-5080N)
and of the fresh anomaly in the cold case (S-2050N).
Note that Levermann and Griesel (2004) showed that
the pycnocline depth is stable under hosing perturbations in the model.

4. Consequences for the recovery of the AMOC
The preindustrial climate as simulated by the control
run of CLIMBER-3␣ is monostable in response to the
water flux anomalies imposed here: the AMOC recovers as soon as the anomalous salt forcing is removed.
Time series of this recovery are yet very different in the
two experiments (Fig. 2a). The resumption from the
warm case is abrupt and very fast (decadal time scales),
while it is much more gradual (centennial time scales)
for the cold case. As seen from Fig. 2, the average
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FIG. 6. (a) Salinity, (b) temperature, and (c) density profiles averaged in the Atlantic between
40° and 80°N after 100 yr of anomalous forcing in the Atlantic northern high latitudes (warm case,
black lines) and in the Atlantic midlatitudes (cold case, gray lines). The dashed black line shows
the same profiles in the control run.

surface air temperature in the North Atlantic (Fig. 2b)
and the oceanic heat transport in the Atlantic at 48°N
(Fig. 2c) closely follow the recovery of the AMOC (Fig.
2a). Salinity stratification is in fact much less favorable
for the recovery in the warm case because of a much
more pronounced halocline (Fig. 6a). In the absence of
meridional heat transport, this difference in recovery
time scales must thus result from the difference in temperature stratification.
In the warm case, sea surface salinity (SSS) in the
hosing area starts to increase rapidly after the cessation
of the anomalous freshwater flux, while SST changes
little (Fig. 7c). This leads to an increase of mixed layer
density that eventually exceeds that of the underlying
layer. Convection starts first in the area where the SSS
anomalies are smallest (compared to surrounding area)
and the temperature inversion is strongest. These conditions are met in the area of strong wind-driven upwelling southeast of Greenland (Fig. 7a). Here, the
mixed layer depth reaches several hundred meters already a few months after the cessation of anomalous
freshwater flux (Fig. 8a, years 102–105). Consequently,
the subsurface layer cools rapidly through air–sea interactions. Convection thus gradually weakens as the
subsurface reservoir is damped, while it starts again in
a more northward location (Fig. 8a, years 105–107).
This is still not sufficient to switch deep convection on
permanently (Fig. 8a, years 108–110), but it has enabled
an increase of the density of intermediate water masses
in the northern North Atlantic by cooling the relatively

salty water mass (Fig. 9). This increases the meridional
density gradient and drives the AMOC recovery. A
weak circulation and shallow ventilation (Fig. 8a,
around year 110) then brings salty water to high latitudes. As the fresh anomaly has at least partly been
evacuated by the early convective spikes, it only takes
about a decade for full deep convection to recover in
the Nordic Seas. Note that the recovery of Atlantic
overflow in S-5080N experiment starts simultaneously
with the increase of the AMOC and reaches its full
strength already during the first decade after the end of
the hosing experiment.
The situation is very different in the experiment
S-2050N where ventilation operates only south of the
sill for 200 yr after the end of hosing. It is only then that
the convection resumes north of the sill and that the
overflow starts to recover (Fig. 8b). In this experiment,
the persisting intermediate depth ventilation around
60°N is enough to progressively evacuate the fresh surface anomaly, reestablish the northward density gradient, and allow the circulation to slowly intensify (Fig.
2a). This is a relatively slow process because unlike
temperature, salinity is a conservative tracer that can
only be evacuated by ocean circulation. Advection of
salt from the Tropics by the resuming overturning circulation itself further contributes to this gradual recovery (e.g., Stommel 1961). However, since the freshwater perturbation was applied in the subtropics, at least
part of it subducted in the center of the subtropical
gyre. Therefore, the subtropical waters advected by the
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FIG. 7. Resumption mechanism in S-5080N. (a) (colors) Difference between SST and temperature at 300 m at year 100, i.e., at the end of the perturbation; a positive difference corresponds
to subsurface temperatures warmer than SST. (contours) Curl of the wind stress in winter (January–March) of the first year after the end of the perturbation; continuous (dashed) contours are
for positive (negative) values and are every 1 ⫻ 10⫺8 dyn cm⫺3 with the zero line in bold. Positive
wind stress curl corresponds to upward Ekman velocity (upwelling). (b) Maximum oceanic mixed
layer depth during the first winter of year 101, i.e., the year following the end of the perturbation.
(c) Sea surface salinity, sea surface temperature, and turbulent mixed layer depth evolution at
grid box marked in gray in (a), (b). The end of the perturbation is marked with the vertical black
line at Jan101.

resuming circulation itself are not as salty as in the
warm case. This further delays the recovery. The mixed
layer gradually deepens during this slow process. More
than 200 yr after the cessation of the perturbation,
mixed layer depths exceed 1200 m both in the Irminger
and Nordic Seas. It further deepens in the Nordic Seas
during the following 100 yr.
The gradual recovery of the AMOC from the cold
case thus occurs through the progressive deepening of
initially shallow ventilation in high latitudes and evacuation of the freshwater locally while the intensifying
circulation further evacuates the freshwater that was
added in the subtropics and progressively brings rela-

tively salty tropical waters to the north. Note that the
cyclonic wind forcing and the associated Ekman upwelling operates essentially equally in both experiments. However, in the cold case, it is not sufficient to
induce an abrupt recovery because stability of the water
column is strongly maintained by the subsurface cold
anomalies. In the warm case, it is combined with the
strong vertical temperature inversion that facilitates destabilization of the water column. Note also that in the
warm case, convection starts as soon as a few months
after the end of the perturbation. This initial fast response is inconsistent with a purely advective mechanism. It is rather due to an initial destabilization of the
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FIG. 8. Latitude–time evolution of maximum mixed layer depth in the northern North Atlantic
for experiment (a) S-5080N (warm case) and (b) S-2050N (cold case). Note the change of time
scale at year 120. In (a), contours are interpolated from yearly data until year 150 and from data
sampled every 20 yr from year 160 on. In (b), snapshot results recorded every 5 yr are used.

water column as explained above. Only then does the
salt advection mechanism come into play. The latter is
more efficient in the warm case since saltier subtropical
waters were less affected by the freshwater perturbation.
The dynamics of the AMOC recovery is thus very
different in both experiments, yielding time scales of
the order of decades in the warm case and centuries in
the cold case. In the next section, we analyze the robustness of these findings to details of the experimental
setup, namely, the magnitude and duration of the perturbation, its time evolution, and the oceanic vertical
diffusivity.

5. Sensitivity analysis
Let us first investigate the sensitivity of the results to
the magnitude of anomalous freshwater flux imposed
on the North Atlantic. Experiments similar to the ones
described above were performed with an anomalous
salt flux equivalent to 0.1, 0.2, and 0.5 Sv of freshwater,
respectively. The same types of anomalies develop in
all cases, irrespective of the forcing magnitude (Fig.
10a). The magnitude of the anomaly increases with the
strength of the perturbation. This increase is rather linear in the cold case while it saturates for strong perturbations in the warm case. The warm anomaly is the
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FIG. 9. Anomalous (a) salinity, (b) temperature, and (c) density profiles in the warm case. The
profiles are Atlantic averages between 55° and 80°N and computed as the difference to the
control run. The dashed line shows the anomalous profile after 100 yr of anomalous forcing and
the continuous line is at year 110, i.e., 10 yr after the end of the perturbation.

result of a balance between horizontal circulation and
diffusion. The saturation can be understood through
the maximum distortion of isotherms that can be induced by this balance. The AMOC recovery time is
always longer in the corresponding cold case (Fig. 10b).
In the warm case, it is of the order of a few decades for
all the perturbation magnitudes that we tested. In the
cold case, it increases approximately linearly with the
magnitude of the perturbation and is of the order of
one to two centuries.
An additional pair of experiments was performed to
investigate the sensitivity of the results to the perturbation duration. Figure 11 shows the response of
AMOC and overflow to 0.35 Sv of anomalous freshwater imposed over 1000 yr. This experiment is admittedly
rather extreme but it shows that qualitative differences
between the cold (gray) and warm (black) cases are the
same as for shorter perturbations (cf. Fig. 2). Subsurface temperature anomalies are slightly stronger in case
of a longer forcing (Fig. 10a, open circles), because the
equilibrium is not reached in the shorter experiments
(100 yr). This supports the fact that the sign of subsurface temperature changes is not a transient effect and
does not depend on the duration of the water hosing. It
is an important point in order to compare the results to
previous work. More discussion is given in section 6. In
the cold case, time needed for the AMOC to recover
80% of its initial value is slightly longer than in the
100-yr perturbation experiment (Fig. 10b, open circles).

In the warm case, it is even shorter and the AMOC
overshoots before eventually stabilizing.
The steplike forcing scenarios applied above are extremely simplified, and probably not realistic to represent, for example, the massive discharges of icebergs
that are believed to have taken place in the past (e.g.,
Heinrich 1988). A freshwater input increasing and decreasing more progressively with time (e.g., linearly) is
less straightforward in terms of interpretation but probably more realistic. Several experiments were carried
out with such forcing scenarios, and Fig. 12 shows that
the results presented above are robust: in the warm
case, both the shutdown and the recovery of the
AMOC are much more abrupt than in the cold one.
Note that the recovery begins before the perturbation
ceases completely. It only requires that the imposed
freshwater anomaly is weaker than a threshold value
that can be counteracted by the ventilation and the
circulation itself in the cold case and the temperatureinduced destabilization of the water column associated
to wind-driven upwelling in the warm case, as explained
in section 4.
Finally, robustness of the results to the oceanic vertical diffusivity  was tested. No qualitative differences
in the results were found when the standard background value  ⫽ 0.1 ⫻ 10⫺4 m2 s⫺1 was increased to
 ⫽ 0.3 ⫻ 10⫺4 m2 s⫺1 (Fig. 10, triangles). Maximum
subsurface temperature anomalies are of the same order of magnitude. Recovery time scales are also well
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FIG. 11. As in Fig. 2a, but when the anomalous forcing is
applied for 1000 yr.

FIG. 10. (filled circles) (a) Subsurface temperature anomaly averaged in the North Atlantic between 40° and 80°N and between
300- and 700-m depth and (b) time (years) needed for the AMOC
to reach 80% of its initial value after cessation of anomalous
freshwater flux in experiments S-2050N (cold case, gray) and
S-5080N (warm case, black), respectively, with different magnitudes of the freshwater anomaly. For each experiment, the
anomaly has been applied for 100 yr. (open circles) Same but for
the experiments where the 0.35Sv of equivalent freshwater
anomaly are applied during 1000 yr. (triangles) Same as filled
circles, but with an increased oceanic vertical diffusivity ( ⫽
0.3 ⫻ 10⫺4 m2 s⫺1).

separated for both experiments. It is larger by up to 50
yr in S-5080N and by 75 yr in S-2050N for  ⫽ 0.3 ⫻
10⫺4 m2 s⫺1 as compared to  ⫽ 0.1 ⫻ 10⫺4 m2 s⫺1.
These findings give us confidence in the robustness of
the results. A discussion of the applicability of our results to other models and to the findings of previous
studies is given in section 6.

vection sites) or in the Atlantic midlatitudes. We found
that although both experiments lead to a rapid shutdown of deep-water formation and the AMOC and to a
surface cooling in the North Atlantic, they induce radically different subsurface temperature anomalies, depending on the possibility for intermediate depth ventilation to take place or not. When the latter is suppressed, the subsurface waters in the North Atlantic are
completely isolated from the cold atmosphere in the
northern North Atlantic and only the subtropical ventilation is active. Propagation of warm water masses at
the intermediate depth into the northern North Atlantic leads to robust warm subsurface anomalies and the
development of a strong vertical temperature inversion
in the Nordic Seas (warm case). In the case of active
intermediate depth ventilation, subsurface waters are
cooled by contact with the atmosphere (cold case).
These two cases have been observed in previous
studies: Manabe and Stouffer (1997) and Rind et al.
(2001) reported a subsurface cooling in response to the

6. Conclusions and discussion
We used the coupled climate model CLIMBER-3␣
to investigate the vertical thermal structure in the Atlantic following a cessation of deep-water formation.
For this, we analyzed several experiments where a surface freshwater perturbation was applied either in the
high latitudes of the North Atlantic (over the deep con-

FIG. 12. As in Fig. 2a, but for the forcing scenario represented
with the dotted black line (right scale).
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shutdown of the AMOC while Rühlemann et al. (2004)
and Knutti et al. (2004) observed a warming. Our study
sheds light on understanding these differences: the sign
of the anomaly depends on whether intermediate ventilation continues or is shut down completely under
freshwater perturbation and the magnitude and region
of water hosing required to completely shut down intermediate water formation is model dependent. This
might explain the apparent difference of our results
with those from Manabe and Stouffer (1997). In their
experiments where freshwater hosing is applied between 50° and 70°N, a strong subsurface cooling developed, while in similar experiment S-5080N, we found a
subsurface warming. A possible explanation for this difference is that intermediate convection was still active
in their experiment, which should thus rather be compared to our S-2050N experiment, where we also find
subsurface cooling. The CMIP intercomparison involves both models of intermediate complexity and
fully coupled general circulation models (Stouffer et al.
2006). Subsurface anomalies induced in response to the
application of 0.1 Sv of anomalous freshwater over the
deep-water formation region are very weak because the
freshwater perturbation is not sufficient to significantly
alter the overturning. However, warm anomalies are a
general feature of the subsurface temperature structure
in response to the application of 1 Sv of anomalous
freshwater over the deep convection sites of the models, that is, when deep convection is off in all models
(J. Yin 2005, personal communication). Using a climate
model of intermediate complexity with glacial boundary conditions, Flueckiger et al. (2006) find a strong
subsurface cooling for a freshwater perturbation of 0.2
Sv (as compared to an on-state with the same freshwater flux), and a subsurface warming for a large freshwater flux (0.4 Sv). This differs from our results, where
the sign of the subsurface anomaly does not depend on
the strength of freshwater forcing. It is unclear whether
this is due to differences between the models or if it is
related to the different climate states.
We showed that the subsurface temperature structure has crucial implications for the recovery of the
AMOC once the freshwater perturbation is removed.
When a warm reservoir has developed in subsurface,
the recovery occurs on decadal time scales. Indeed, SSS
rises rapidly and, with the help of wind-driven upwelling, the water column can be easily destabilized.
This gives rise to intense flushes of deep-water formation that evacuate the warm subsurface anomaly very
quickly through air–sea interactions and erode the surface fresh anomaly. These initial flushes allow a rapid
increase of the subsurface northward density gradient.
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A sustainable AMOC and permanent deep-water formation in the North Atlantic thus occur within another
decade. In experiments where the AMOC was perturbed in midlatitudes, and where subsurface cold
anomalies were maintained by intermediate depth ventilation, the AMOC recovery is much more gradual
(typically over a century). It is the weak and shallow
residual circulation associated with this ventilation that
progressively evacuates the freshwater and brings at the
same time relatively salty tropical waters to the north.
These results where shown to be robust to various
details of the experimental setup, such as the duration,
magnitude, and time evolution of the freshwater perturbation, and the oceanic vertical mixing. They are
consistent with Stouffer and Manabe (2003) who underlined the influence of temperature distribution in
subsurface and deeper layers of the Atlantic Ocean on
the final state of the AMOC. Furthermore, we believe
that they can help understanding and interpreting the
diversity of the models’ responses to hosing experiments and in particular the AMOC recovery (Stouffer
et al. 2006). We emphasize that the relatively “slow”
recovery observed in S-2050N is in fact typical for most
water hosing experiments. It is associated with a positive advection–salinity feedback as already discussed by
Rahmstorf (1996) or Goelzer et al. (2006). The real
novelty here is the relatively fast (decadal time scales)
recovery detected in S-5080N. The mechanism is initiated by an abrupt startup of convection in the high
latitudes, which leads to fast initial recovery of the
AMOC. Only after that does the salinity advection
feedback come into play. Thus, the decadal recovery
time scale in S-5080N is explained as the time scale of
baroclinic adjustment to imposed density changes. In
S-2050N, a complete recovery of the AMOC can only
happen after a complete overturning of Atlantic water
masses, that is, indeed on a centennial time scale.
The experiments were carried out with a climate
model of intermediate complexity, and we cannot rule
out that atmospheric variability (missing in CLIMBER3␣) might be important for the subsurface temperature
anomalies. However, a strong subsurface warming was
also reported by Knutti et al. (2004) who used the
ECBILT-CLIO model, which has a rather realistic extratropical variability. Moreover, the results of the 1-Sv
hosing show a subsurface warming in all the coupled
GCMs of the CMIP experiment (J. Yin 2005, personal
communication). Finally, SST anomalies are very similar in both runs (Figs. 3a,b), so that we do not expect
strong differences in the atmospheric response of the
two experiments. Therefore, we do not believe that our
results are just an artifact due to missing atmospheric
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variability. On the other hand, missing atmospheric
feedback could possibly be important for the fast recovery mechanism. In particular, Schiller et al. (1997)
find an important feedback of SST anomalies on the
atmospheric cyclonic circulation over the Norwegian
Sea. In their model, this feedback stabilizes deep-water
formation in the North Atlantic. More generally, differences in the mean climate state might also be important for the impact of anomalous freshwater input, both
in terms of subsurface temperature response and in
terms of MOC recovery.
Beyond these modeling results, our findings have a
series of more general implications. In particular, large
subsurface temperature anomalies associated with a
possible future reduction of the AMOC can have significant geochemical impacts (e.g., for the stability of
the ocean clathrates reservoir). In the present climate,
the latter are present at a depth of several hundred
meters and below and several studies have shown that
a warming of several degrees would strongly affect their
stability. (e.g., Archer and Buffett 2005; Schicks et al.
2006). Furthermore, although our results were obtained
in idealized water hosing experiments performed for
modern climate conditions, they may also have important implications for understanding mechanisms of
abrupt climate changes during the last glacial cycle. Our
results demonstrate that if convection and ventilation
are completely suppressed in the high latitudes of the
North Atlantic by enhanced freshwater flux, the recovery of the AMOC after cessation of anomalous freshwater flux occurs abruptly and air temperature rises
within several decades by about 6 K on average over
the northern North Atlantic. When the perturbation is
applied for a sufficiently long period, AMOC, overflow,
and air temperature even overshoot their equilibrium
values. This resembles the dynamics of the Dansgaard–
Oeschger warm events recorded during the last glacial
cycle in Greenland and other locations, and corroborates the results of simulations of Dansgaard–Oeschger
events obtained with two-dimensional ocean models
(Winton 1997; Ganopolski and Rahmstorf 2001). Interestingly enough, a pronounced warming of the subsurface water masses during cold (stadial) conditions in the
Nordic Seas was reported by Rasmussen and Thomsen
(2004), though the interpretation of benthic isotopes
remains ambiguous. Additional simulations, especially
using glacial climate conditions, would be needed to
corroborate applicability of our results to the mechanism of Dansgaard–Oeschger events. In particular,
some of the Dansgaard–Oeschger events last 3000 yr or
more and show a decreasing trend over the whole interstadial. An overshooting phenomenon will probably
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not last for such a long time period. This implies that
other factors are important in setting the shape of the
events.
Another interesting implication of our results is related to the timing of the massive iceberg discharges
into the North Atlantic. Recently, Moros et al. (2002)
proposed that increased iceberg discharge during cold
stadial events may have resulted from the destabilization of marine ice shelves by a strong subsurface melting caused, in turn, by enhanced oceanic heat transport.
Alternatively, our results suggest that a considerable
subsurface warming might be caused by a complete cessation of intermediate ventilation during periods of decreased northward heat transport and the maximum
cooling in the Northern Hemisphere. This idea was first
introduced by Shaffer et al. (2004), even though subsurface warming in this simplified model as well as in
Winton’s (1997) deep-coupling–decoupling oscillations
reach much deeper down (about 3000 m) than in the
experiments shown here. The link between subsurface
warming and cessation of intermediate ventilation is
further supported by recent findings of Flueckiger et al.
(2006). In particular, this mechanism sheds some light
on the long-standing problem—why ice-rafted events
(including Heinrich events) always occurred during
cold (stadial) conditions in the North Atlantic. Here
again, glacial simulations are required for a more definitive conclusion. One possible scenario is that the
initial suppression of deep-water formation and establishing of a strong halocline in the glacial Nordic Seas
are caused by melting or small-scale instability of surrounding ice sheets and ice caps. As soon as the ventilation is ceased completely, a subsurface warming starts
to develop and via intense bottom melting of marine ice
shelves provokes a large-scale instability of the Laurentide ice sheets. This might explain an apparent synchrony of ice-rafted events observed in different locations during the glacial age. The basal melting of ice
shelves, whose depth ranges from a few hundred of
meters to more than 1 km for the modern climate (Antarctica), is indeed very sensitive to the water temperature and increases by 10 m yr⫺1 for each 1 K of water
temperature rise (e.g., Rignot and Jacobs 2002).
Thereby if the subsurface temperature rose during glacial stadials by 0–5 K, it could lead to a complete melting of ice shelf in a matter of decades. While the mechanism of teleconnection between different ice sheets is
promising, one has to admit that the degree of coupling
between grounded ice and ice shelves remains a controversial issue.
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