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Scaling relations between Atlantic overturning cells
Dynamical consequences of a deep boundary current sustained by turbulent mixing
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Abstract The Atlantic meridional overturning is dominated
by two cells which might be associated with North Atlantic
Deep Water (NADW) and Antarctic Bottom Water (AABW).
On long time scales, both cells require some process which
provides potential energy for the flow. While it is still under
discussion whether in case of the upper cell (NADW) this
energy is provided by turbulent mixing or Southern Ocean
surface wind stress, we argue that in case of the bottom cell,
turbulent mixing is the main driver.

We exploit the fact that strong mixing between NADW
and AABW has been observed in both hemispheres and that
on their southward path branches of upper and bottom cells
merge along the western boundary. We argue that density
differences within the southward branch of the bottom cell,
which are necessary to sustain a western boundary current
on long time scales, arise mainly from mixing with relatively
light water of northern origin.

As a result we obtain scaling relations for the depen-
dence of strength and vertical extent of the bottom water
cell on the amount of NADW and the density difference
∆ρG between inflowing AABW from the south and inflow-
ing NADW from the north. The bottom cell’s volume trans-
port increases with both the strength of the upper cell and
density difference∆ρG. Counter-intuitively, the vertical ex-
tent of the bottom cell decreases for increasing volume trans-
port, which might be relevant for the interpretation of paleo-
climatic data. The scaling relations are supported by simula-
tions with the coupled climate model CLIMBER-3α which
contains a coarse resolution oceanic general circulation model.
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Fig. 1 Zonally averaged view of Atlantic circulation. Panel a: zonally
integrated stream function of preindustrial equilibrium of CLIMBER-
3α (see appendix B) with contour line differences of 1 Sv= 106m3 s−1.
Panel b: Conceptual configuration for the scaling considerations. Vol-
ume transport (solid arrows) advects density in the upper cell (m) and
the bottom cell (M). Mixing along the southward flow (Γ ) decreases
the density of water of Antarctic origin. Mixing within the bottom
cell γ creates a density difference between dense inflowing (ρSOB) and
relatively light out-flowing bottom water (ρb) and leads to upwelling
within the overturning cell. The vertical extent of the cells is denoted
by h and H, respectively.
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1 Introduction

The abyssal ocean is referred to as the water below the main
thermocline, i.e. below a depth of about 1000m. In spite of
its huge volume, our general understanding of its circulation
remains incomplete. North Atlantic Deep Water (NADW)
and Antarctic Bottom Water (AABW) are the dominant wa-
ter masses of the deep Atlantic circulation. AABW is a cold
and fresh water mass of very high density. In the Atlantic
Ocean, it is comprised of Weddel Sea Deep Water, which is
formed in the Southern Ocean around the Antartic continent,
and recirculating lower Circumpolar Deep Water, which en-
ters the Atlantic via the Drake Passage. It circulates below
4000m depth and proceeds on its way northward through a
number of deep basins connected by channels through frac-
ture zones at depths of typically 4200m to 4500m. Along its
path, it encounters the southward flowing NADW, which is
warmer and more saline. The latter is formed in the North
Atlantic basin and flows southward below 2000m along the
western continental slope. As a result of its higher density,
AABW is generally found below NADW.

Interaction between NADW and AABW is crucial for a
fundamental understanding of the role and stability of this
circulation both in past (Boyle and Keigwin 1982; Curry
et al 1988; Rahmstorf 2002) and future climate (Broecker
et al 1999; Hattermann and Levermann 2009). The oceanic
uptake and transport of nutrients and greenhouse gases are
prominently determined by the formation of deep water and
its circulation in the different ocean basins (Ganachaud and
Wunsch 2002).

Because of its complex path through topography, the
core of northward AABW is not generally situated beneath
the southward flow of NADW. In particular, Murray and
Reason (1999) showed that the existence of deep topographic
channels, which are not always properly resolved in models
in spite of their considerable impact on motion and temper-
ature of bottom waters, allow AABW to infiltrate basins re-
mote from its source without excessive dilution. Still, obser-
vations show that through mixing, AABW is a major con-
tributor to lower NADW (Luyten et al 1993) shifting it to-
wards higher density as it moves southward in the South At-
lantic (Reid 1989). Similarly AABW is reported to become
warmer and more saline on its path northward (Sloyan and
Rintoul 2000) and strong mixing of the two in the Brazil
Basin (Sloyan and Rintoul 2000), around the equator (Rhein
et al 1998) and in the western North Atlantic (Mauritzen et al
2002) has been observed.

Almost 30 years ago, Whitehead and Worthington (1982)
noted that water of Antarctic origin is modified by mixing
with North Atlantic Deep Water already well south of the
equator. Similarly, properties of NADW formed in north-
ern high latitudes are constantly evolving along their path
and one should thus use the terms AABW and NADW with

care. However, in a latitude-depth view of the flow field,
one can clearly distinguish two overturning cells in the deep
Atlantic: the waters of Antarctic origin (AABW) flowing
northward along the bottom and returning southward roughly
between 2500 and 4000m depth, and the waters of North
Atlantic origin, sinking in high northern latitudes and prop-
agating southward around 1000-2500m depth. In this paper,
we will deviate from the notation of the majority of obser-
vational literature by denoting NADW only the southward
branch of the upper overturning cell, i.e. the water of North
Atlantic origin. We will use the term AABW to refer to
the bottom waters entering the Atlantic from the south. The
southward branch of the bottom overturning cell, does not
have a clear notation in this paper but we will not refer to it
as NADW nor lower NADW even though this is often done
in observational literature. The reason is that for the discus-
sion in this paper it is important to distinguish the two cells
by their origin as opposed to their properties.

Both proxy data (Adkins et al 2002) and modeling re-
sults (Ganopolski et al 1998; Kitoh et al 2001; Hewitt et al
2001; Shin et al 2003; Otto-Bliesner et al 2007) suggest that
during the last glacial maximum, NADW was shallower and
that the vertical extent of the bottom cell in the Atlantic basin
was larger than at present. While the formation of AABW
near the Antarctic coast seems to have been rather constant
(Duplessy et al 1988; Broecker et al 1990), it remains un-
clear how AABW was distributed to the ocean basins. In
particular, no information exists on the relative strengthof
Atlantic and Indo-Pacific AABW. Concerning present cli-
mate, first attempts to investigate variability of AABW flow
into the Atlantic from data (e.g. (Hall et al 1997) and (Lime-
burner et al 2005)) do not allow to draw clear conclusions
for longer timescales.

Using forced oceanic general circulation models (OGCM),
Goodman (1998) and Brix and Gerdes (2003) linked global
AABW to NADW via an interaction with the Antarctic Cir-
cumpolar Current (ACC). England (1993) suggested that the
interbasin exchange of NADW is controlled by AABW. Ka-
menkovich and Goodman (2000) examined the sensitivity to
vertical diffusivity specifically for AABW entering the At-
lantic. In their theoretical interpretation of the simulations
they used the ad-hoc assumption that a shoaling of the up-
per cell is accompanied by an increase in vertical extent of
the bottom cell, such that the sum of the vertical extent of
both cells is constant. They found that both cells increased
in strength for increasing vertical diffusivity, while thever-
tical extent of the bottom cell decreased.

Here we propose that mixing with NADW provides the
energy source to sustain the Atlantic bottom overturning cell
(section 2). On this basis and the assumption that the re-
turn flow of the overturning cells is predominately a west-
ern boundary current, we derive scaling relations that link
strength and vertical extent of the Atlantic bottom cell to the
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strength of NADW (section 3). Note that this study does not
tackle the mechanisms of AABW production nor that of the
global strength of AABW, but merely addresses the ques-
tion of how much AABW of a given density can sustain a
bottom overturning cell in the Atlantic. In section 4, the scal-
ing relations are compared to simulations with the coupled
ocean-atmosphere-sea-ice model of intermediate complex-
ity CLIMBER-3α, which contains an oceanic general cir-
culation model with 3.75◦ horizontal resolution and 24 ver-
tical levels. A detailed description of the model is given in
appendix B and by Montoya et al (2005). Sensitivity exper-
iments with respect to Southern Ocean wind stress (Schewe
and Levermann 2009), vertical diffusivity (Mignot et al 2006),
Atlantic surface freshwater flux (Levermann et al 2005) and
atmospheric CO2 concentrations (Levermann et al 2007) have
been carried out as well as an integration with glacial bound-
ary conditions (Montoya and Levermann 2008)

2 Energy source for sustaining the bottom cell

From an energetic perspective it is clear that a deep merid-
ional overturning circulation can only be sustained if some
process provides the necessary potential energy for the up-
welling within the cell (Sandström 1908; Kuhlbrodt 2008).
Otherwise the deep ocean would fill up with dense water
(through, for example, deep water formation processes in the
Nordic Seas or around Antarctica) without an energetic rea-
son for the water to upwell and close the overturning loop.
This concept has been widely accepted for the upper cell
of NADW. It is however equally true for the bottom cell
(Kuhlbrodt et al 2007).

The upper cell in the Atlantic is in direct contact with
the ocean surface. Thus atmospheric fluxes play a domi-
nant role in determining its properties. Whether potentialen-
ergy is predominantely provided by turbulent mixing (Munk
and Wunsch 1998; Wunsch and Ferrari 2004) or the large-
scale divergence of Southern Ocean winds in combination
with topographic feature of Drake Passage (Toggweiler and
Samuels 1998) is still under debate (Kuhlbrodt et al 2007).

The bottom cell is lacking such atmospheric forcing. Still,
density gradients are necessary to maintain the flow. On the
bases of observations as described in the introduction, we
argue here that the necessary energy to sustain the bottom
cell is provided by mixing with surrounding water, in partic-
ular water of North Atlantic origin. In other words, mixing
provides the buoyancy necessary for the waters of Antarctic
origin to upwell along their Atlantic path.

While the northward flow of AABW in the Atlantic is
confined to bottom topography, the southward branch of the
bottom cell returns mainly above topographic features. Ob-
servations show that together with the southward branch of
the upper (NADW) cell it flows predominately as a west-
ern boundary current (WBC) (Molinari et al (1992); Sme-

thie et al (2000); Weatherly et al (2000), figure 2). - a fact
that we will use to derive scaling relations between the two
cells. In section 3, we will thus mainly exploit the following
two assumptions:

1. Energy to sustain the bottom overturning cell in the At-
lantic is provided through mixing with NADW

2. NADW and the southward branch of the bottom cell
form a deep Western Boundary Current in most of the
Atlantic basin

Both statements are based on observations as we argued
in the introduction. Though mixing between AABW and
NADW has been reported in the whole Atlantic it is not nec-
essarily stongest along the western boundary (Rhein et al
1998; Sloyan and Rintoul 2000; Mauritzen et al 2002). Note
that it is not necessary for the upcoming scaling relations
that mixing takes place everywhere within the return flow
of the bottom cell. We will assume, however, that mixing
is stronger for increased inflow of either of the two water
masses, NADW and AABW.

Fig. 2 Zonal cross-section of the northward velocity field at 20◦S of
pre-industrial equilibrium simulation of CLIMBER-3α (red depicts
northward and blue southward flow, the contour level difference is
0.1cm s−1). NADW and the return branch of the bottom cell flow south-
ward in a WBC.

3 Scaling relations

Figure 1b depicts the conceptual configuration that is meant
to mimic interaction of the two overturning cells and that is
the basis for the following scaling arguments. Volume trans-
port of the upper cell is denoted bym and that of the bot-
tom cell byM. The dominant physical processes included
are the advection of density by the cells as well as mixing
within the bottom cell and between both overturning cells.
Note that for the sake of clarity we neglect diapycnal mix-
ing within the NADW cell. Observations show that verti-
cal mixing in the pycnocline is indeed small in the Atlantic
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(Moum and Osborn 1986; Ledwell et al 1993; Oakey et al
1994; Gregg et al 2003). Consequently the corresponding
upwelling within the Atlantic basin should be small.

3.1 Scaling relations for the bottom cell

In the following we will explore the two hypothesis phrased
in section 2. Near the western boundary the momentum bal-
ance equation reduces to

µ ·ρ0 ·∂ 2
x v = ∂y p,

whereµ andρ0 ≡ 103 kg ·m−3 are eddy viscosity and refer-
ence density of the ocean, respectively.p denotes the pres-
sure andv the meridional velocity. Integration over a verti-
cal plane crossing the southward branch of the bottom cell
at, say 35◦S, yields a scaling for its volume transport

M =
D3 ·H
µ ·ρ0

·∂y p

whereH is the vertical extent of the bottom return flow and
D = (µ/β )1/3, the width of the frictional boundary layer,
is given by eddy viscosity and the north-south gradient of
the Coriolis parameterβ (Munk 1950). In the horizontal
plane at the center of the overturning cell, the meridional
pressure gradient vanishes consistent with the absence of a
meridional flow. We can therefore relate the meridional pres-
sure gradient to the mean density gradient through∂y p =

g ·H · ∂yρ , whereg is given by gravity. The corresponding
scaling yields

M = K ·H2
· (ρB −ρb) (1)

with K ≡ g/(β ρ0L) andL the meridional extent of the bot-
tom cell.ρB andρb denote the densities at the northern and
southern end of the southward branch of the bottom cell (fig-
ure 1b). Similar equations have been obtained in the frame-
work of boundary layer theory (Munk 1950) and have been
used in zonally averaged ocean models (Wright et al 1998)
as well as conceptual models of the overturning (Stommel
1961; Rahmstorf 1996; Gnanadesikan 1999).

Further scaling can be obtained from the vertical den-
sity balance within the bottom cell. Near the ocean bottom,
vertical mixing of temperature and salinity is enhanced due
to rough topography and reduced stratification (Toole et al
1994; Polzin et al 1997; Ledwell et al 2000; Moum et al
2002). In equilibrium the downward buoyancy transport by
mixing within the cell has to be balanced by upward advec-
tion. Thus integration of the tracer equation along a hori-
zontal plane in the center of the bottom cell yields a second
expression for the volume transportM

δρ0 ·M = γ ·
ρSOB −ρb

H
(2)

We give a detailed derivation of this relation in appendix A.
Note that we are aware that the northward inflow of AABW

Fig. 3 Volume transport of Atlantic reverse bottom overturning cell as
a function of its vertical extent for different values of thevertical diffu-
sivity (κ increases in steps of 0.1·10−4 m2 s−1). A direct consequence
of the southward flow being a WBC in most of the Atlantic basin that
obeys a vertical balance of advection and diffusion is that the volume
transport of the bottom cell decreases with increasing vertical extent.
Numerical values are obtained by comparison with the simulations in
section 4 and are given in table 1. The red curve corresponds to the
value κ = 10−4 m2 s−1 used for comparison with the simulations in
section 4.

into the Atlantic and the southward return flow along the
western boundary do not lie on top of each other (figure 2).
Yet, despite the complicated path of AABW along bottom
topography, observations show strong mixing between the
two water masses (section 1). Similar expressions were used
by Kamenkovich and Goodman (2000) for the bottom cell
and for mixing through the pycnocline by Gnanadesikan (1999).
In this advection-diffusionbalance,ρSOB denotes the density
of the inflowing AABW (compare figure 1b),γ = κ ·L ·D is
a constant given by geometry and the vertical mixing coef-
ficient κ ; δρ0 is the scale of a vertical density difference.
From the density balance equation for the inflowing branch
of AABW we find immediately thatρSOB −ρB = δρ0 which
eliminatesρB from the problem.

Thus the assumption that the return flow of the bottom
cell is predominantely a WBC (equation 1) in vertical advection-
diffusion balance (equation 2) leads to an expression for its
volume transport as a function of its vertical extent

M =
γ
H

·
H3

H3−H3
0

(3)

Figure 3 showsM as a function ofH for different values
of vertical diffusivity κ . In contrast to a WBC with negligi-
ble upwelling within the cell, vertical extent of the bottom
cell decreases with increasing volume transport. Note that,
from equation (3),H is bound from below and can not be
smaller thanH0 ≡ (γ/(K ·δρ0))

1/3, i.e. a minimum extent



5

of the bottom cell is imposed by the assumptions made in
section 2.

3.2 Scaling relations between the cells

The existence of a sustained bottom overturning cell de-
mands the existence of a process that transforms the in-flowing
dense bottom waterρSOB into lighter out-flowing water of
densityρb. As we argued on the basis of observations in
section 2 the necessary potential energy is provided predom-
inantly by density exchange between the southward flow-
ing branch of the two cells (McCartney and Talley 1984;
Rhein et al 1998; Sloyan and Rintoul 2000; Laurent et al
2001). The exchange is determined by their mutual density
difference∆ρ ≡ ρb − ρD and the mixing coefficientΓ =

κ · L ·D/δ whereδ is the penetration depth of the mixing.
The corresponding equation is obtained through the density
balance from the tracer equation of the southward flowing
branch of the bottom cell

Γ ·∆ρ = M · (ρB −ρb)+ γ ·
ρSOB −ρb

H
(4)

The diffusive mass flux between the two overturning cells
Γ · ∆ρ has to be balanced by advective (first term on the
right) and diffusive (second term on the right) mass flux
within the cell. Inserting equations (1) and (2) into the den-
sity balance (4) yields the exchange equation

Γ ·∆ρ =
M2

K ·H2 + Mδρ0 (5)

Together with equation (3), it describes the bottom cell as a
function of its difference in density to NADW (∆ρ). Through
the diffusion termΓ · ∆ρ , AABW becomes lighter along
its path in the Atlantic, because dense water is mixed into
NADW. In equilibrium, this density gain of NADW has to
be balanced by advection within the NADW cellΓ ·∆ρ =

m · (ρD −ρN) whereρN is the density of the water mass en-
tering the Atlantic basin from the north (compare figure 1b).
Inserting this equation into expression (5) yields an intrin-
sic equation for the vertical extentH as a function of the
NADW volume transport and the external density difference
∆ρG ≡ ρSOB −ρN between the inflowing water masses

m ·∆ρG =

(

M ·
m+Γ

Γ
+ m

)

·
M ·H

K ·H3
0

(6)

whereM = M (H) is taken from equation (3). Equation (6)
is the central scaling relation. It is an intrinsic equationfor
H as a function of the volume transport of NADWm and
the density difference between the inflowing water masses
∆ρG. Through equation (3) we obtain a solution for the vol-
ume transport of the bottom cellM. The three parameters
K, H0 andΓ are given by geometry and the vertical mixing
coefficient.

3.3 Structure of solutions

Let us discuss the structure of solutions of equation (6) by
considering two idealized situations in which one of the two
external quantities,m and∆ρG, are kept constant, respec-
tively. The upper panel of figure 4 shows solutions of equa-
tion (6) for different fixed values of NADW volume trans-
portm. An increase in∆ρG enhances∆ρ and thus the diffu-
sive buoyancy flux between the cells. Consequently, volume
transport of the bottom cell intensifies with increasing∆ρG.
In its lower panel figure 4 shows the solutions for constant
∆ρG. With increasing strength of the upper cellm, volume
transport of the bottom cell also intensifies. This is due to the
fact that the meridional density gradient within the bottom
cell is increased through enhanced mixing with NADW.

This process is saturated in the limit of strong NADW
(m → ∞). In this case of infinite advection, NADW indeed
reaches it lowest density, namely that of the inflowing wa-
ter massρN . Using the governing equation (6) and the rela-
tion (3) we can derive an intrinsic expression for this satura-
tion curveM∞ = M∞ (∆ρG) ≡ lim(m→∞) M
(

M∞ (M∞ +Γ )

Γ KH3
0∆ρG

)3

=
Γ ∆ρG − (M∞ +Γ )δρ0

Γ ∆ρGH3
0

(7)

which is given as the red curve in the upper panel of fig-
ure 4. For very strong mixing between the overturning cells
(Γ → ∞), we can derive an upper bound for the saturation
valueM∞ = M∞ (m)≡ lim(Γ→∞) M analytically. In this limit
Equation (6) becomes

m ·∆ρG = (M∞ + m) ·
M∞ ·H∞

K ·H3
0

(8)

which can be solved form → ∞ using equation (3)

M∞
∞ =

(

∆ρG − δρ0

∆ρG

)1/3

K ·H2
0 ·∆ρG (9)

H∞
∞ =

(

∆ρG

∆ρG − δρ0

)1/3

H0 (10)

M∞
∞ ≡ lim(Γ ,m→∞) M andH∞

∞ ≡ lim(Γ ,m→∞) H represent ab-
solute upper and lower bounds for M and H, respectively,
because of the assumption of infinitely strong mixing.

Note that obviously, bothm and∆ρG might vary simul-
taneously. The solution structure discussed in figure 4 relate
only to idealized situations where one of the two quantities
is kept fixed or one is dominating the other.

4 Comparison with climate model simulations

As a simple illustration for the scaling relations, we apply
anomalous freshwater flux to the ocean surface in the North
Atlantic in CLIMBER-3α, in order to obtain equilibria with
different strength of NADW overturning (for details see ap-
pendix B). The model applies a second order moment tracer
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Fig. 4 Solutions of the governing equation (6) for different values
of fixed upper cell strengthm (upper panel) and for different values
of fixed density difference between the inflowing water masses ∆ρG

(lower panel). Consistent with the physical mechanism at play AABW
volume transport increases with increasing density difference between
the inflowing water masses∆ρG. For constant density difference, the
volume transports of AABW in the Atlantic varies along with that of
NADW. In the limit of strong NADW a saturation is reached (redcurve
in upper panel). The saturation values ofM andH depend only on the
mixing coefficient and geometry. For numerical values of theparame-
ters see table 1.

advection scheme (Prather 1986) which has negligible nu-
merical diffusivity (Hofmann and Maqueda 2006). The low
background value of vertical diffusivity used ofκ = 0.1 ·
10−4m2s−1 is consistent with observations in the ocean in-
terior (Ledwell et al 1998) and results in∼3 Sv of upwelling
through the pycnocline in the Atlantic (Mignot et al 2006).
The model thus reproduces the assumptions used to derive
the scaling relations that upwelling within the main pycno-
cline of the Atlantic is negligible . The effect of enhanced
mixing over rough topography and in regions of decreased
stratification is parameterized following (Hasumi and Sug-

∆ρG = 0.4 kg ·m−3

∆ρm = 0.4 kg ·m−3

δ ρ0 = 0.22kg ·m−3

κ = 10−4 m2 · s−1

β = 10−10/6 m−1 · s−1

δ = 100m
D = 2.25·106 m

L = 2·107 m
k = 120·m4 kg−1 s−1

Table 1 Numerical values for the solution shown in figures 5, 6 and 7.

inohara 1999). This leads to averaged vertical diffusivities
of κ = 0.1 · 10−4m2s−1 at about 1000m depth,κ = 0.2 ·

10−4m2s−1 at about 2000m depth andκ = 0.6 ·10−4m2 s−1

at about 3000m depth. This increase of vertical mixing with
depth, which might be even more pronounced in the real
ocean, supports the assumption of section 3 that diapycnal
mixing is negligible in the pycnocline but has to be taken
into account for the bottom cell.

Figure 5 shows the volume transport of the bottom cell
M as a function of the strength of the upper cellm. The sim-
ulations show thatM weakens along withm. This is con-
sistent with the scaling for constant density difference∆ρG

(figure 4b). Due to the anomalous freshwater flux to the
North Atlantic it can be expected that the density difference
∆ρG = ρSOB−ρN increases, which would tend to strengthen
M. Thus this effect competes with the weakening effect for
M due to weakened NADW. The simulation results in fig-
ure 5 suggest a dominance of the influence of the NADW
strengthm over the influence of the density difference∆ρG.
For comparison the solid line provides a solution of the cen-
tral scaling relation (6) for constant∆ρG = 0.4kg m−3, using
parameter values of table 1. The dashed line gives the cor-
responding saturation valueM∞ = 6.2 Sv for large values of
m for the specific parameter choice. It is bound from above
by the analytically derivedM∞

∞ = 7.1 Sv from equation (9).
Figure 6 shows the numerical solution for the vertical

extentH of the bottom cell, which decreases with increas-
ing NADW strengthm both as a result of the scaling and in
the simulations. The characteristic monotonous decline sat-
urates atH∞ = 1154m which compares well with the lower
boundH∞

∞ = 1148m derived above for infinitely strongm.
Note that the limit valuesM∞ andH∞ are completely deter-
mined by the external density difference∆ρG which might
vary in the simulations and naturally in the real ocean. This
might be specifically important for paleoclimatic situations
for which limited information is available.

With respect to vertical extent, the two overturning cells
exhibit qualitatively different behaviour. Figure 7 showsthe
vertical extenth of the upper cell as a function of its vol-
ume transportm (black dots). Contrary to the bottom cell
(equation (3)),h increases withm in our simulations. The
fundamental difference to the bottom cell lies in the absence
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Fig. 5 Theoretical prediction and model simulations: Volume transport
M of the bottom Atlantic cell as a function of that of the uppercell m.
Both overturning cells strengthen together, but the bottomcell strength
saturates for strong upper cell atM∞ = 6.2 Sv.

Fig. 6 Vertical extent of the bottom cell H as a function of upper
strength m. Though Atlantic bottom cell strength increaseswith m, its
vertical extent decreases. It saturates atH∞ = 1126 m. The definition
of H and its error bars is detailed in appendix B.

of strong mixing-driven upwelling of NADW across the At-
lantic pycnocline. Since NADW flows as a WBC in most of
the basin,m andh are related through the meridional den-
sity difference∆ρm between its northern and southern ends
by m = k ·h2 ·∆ρm (Analogue to equation (1) for the bottom
cell). The simulation results in figure 7 are consistent witha
constant meridional density difference∆ρm above the pycn-
ocline (black curve in figure 7). The red dots and red curve
in figure 7 show the overall vertical extent of the southward
flowing waterh+H. Similar to Kamenkovich and Goodman
(2000) we find that the sumh + H is relatively constant in
our simulations. It is consistent with the scaling of the ver-
tical extent of the bottom cellH under the assumption of

NADW being a WBC with little diffusive upwelling within
the Atlantic basin and constant∆ρG.

Fig. 7 Vertical extent of southward flowing water masses. The verti-
cal extent of the upper cell increases with its volume transport con-
sistent with low diffusion-driven upwelling within the Atlantic basin.
The overall height of southward flowing water masses H+h is approx-
imately constant as previously found by (Kamenkovich and Goodman
2000).

5 Conclusions and Discussion

We propose scaling relations for volume transport and ver-
tical extent of the bottom overturning cell in the Atlantic.
The main assumptions are that (1) the potential energy nec-
essary to sustain an overturning cell is provided by turbulent
mixing with lighter NADW of northern origin and (2) the
bottom cell return flow is predominantly a western boundary
current and therefore driven by a meridional density gradient
within the cell. Note that this does not imply that AABW is a
WBC on its northward path nor does it prohibit strong north-
ward recirculation of the southward flowing waters. Based
on these hypotheses which are supported by observations,
we derive expressions for the strength and vertical extent of
the bottom cell as functions of the volume transport of deep
water entering from the north and the external density differ-
ence∆ρG between inflowing AABW and inflowing NADW
into the Atlantic.

The scaling is illustrated by comparison with coupled
climate simulations. The simulations show an intensification
of the bottom cell along with the upper cell and a somewhat
counter-intuitive decrease in vertical extent for increasing
volume transport of the bottom cell. Both aspects are con-
sistent with the scaling relations in the case where the in-
fluence of the upper cell volume transport dominates that of
varying∆ρG. This situation is probably dependent on the ex-
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perimental set-up. It is however noteworthy that the counter-
intuitive decrease in vertical extent of the bottom cell with
increasing volume transport on both the upper and bottom
cell can be reproduced in a coupled climate model. This in-
verse behaviour is a direct consequence from the presented
scaling and arises from the fact that the bottom cell is in a
vertical balance of advection and diffusion. Since a lot of
paleoclimatic proxies are rather a measure for the amount of
water of a certain origin above the core than of the volume
transport of this water mass, this result might be important
for the interpretation of paleoclimatic data.

The same qualitative behaviour was found by Bi et al
(2001) in coupled model simulations of a scenario with in-
creasing atmospheric CO2-concentrations. Simulations us-
ing a forced ocean model suggested a seesaw between the
two overturning cells (Seidov et al 2001). A follow-up study
with a coupled climate model (Seidov et al 2005) led to
the opposite behaviour when performing the same experi-
ments. Both results are reconcilable with the presented scal-
ing if the density difference between the inflowing water
masses (NADW and AABW)∆ρG varied during the sim-
ulation which was not investigated in the studies.

Interestingly, the Paleoclimate Modeling Intercompari-
son Project (PMIP) found that the density contrast between
AABW and NADW at their source region is a major con-
trolling factor for the strength of the modern and glacial
AMOC in coupled model simulations (Weber et al 2007).
The change in∆ρG from modern to glacial conditions varies,
however, greatly among different models. In agreement with
the presented scaling the five models which showed almost
no variation of∆ρG are the ones where the strength of both
cells increased in LGM as compared to modern conditions.
Further analysis of our scaling relations are needed to inter-
pret the results for models with varying∆ρG.

Note that the simulations with CLIMBER-3α are far
from perfect. First it should be kept in mind that surface
wind stress was fixed to present day climatology and that
the atmospheric component does not resolve any form of
variability. The oceanic circulation reproduces some coarse
features of real ocean, but has a number of deficiencies.
For example, the strength of the upper cell is with∼12 Sv
too weak compared to observations (Ganachaud and Wun-
sch 2003; Talley et al 2003) and the entire overturning is
too shallow. AABW does reach all the way north to the
Greenland-Scotland-ridge and in the Southern hemisphere
flows partially east of the mid-Atlantic ridge which should
be the case only north of the equator. Meso-scale eddy trans-
port is not resolved but parameterized following Gent and
McWilliams (1990). The main result of this study is thus the
scaling analysis and its qualitative rathern than quantitative
measure. The results should be validated against paleo ev-
idence and using simulations with models of varying com-
plexity.

Note also that we assume that diapycnal mixing in the
main pycnocline is small, which seems to be observed in
the ocean. Strong mixing in the upper ocean could signif-
icantly change the results described here. If the buoyancy
flux that sustains the meridional density gradient within the
bottom cell originates from the surface because of strong
mixing in the pycnocline, then the strength of the upper cell
might actually play an opposite effect onM. In this case the
buoyancy from the surface is transported away by the upper
cell towards the Southern Ocean. Thus the stronger the up-
per cell, the weaker the buoyancy forcing of the bottom cell.
This mechanism would counteract the effect described here.
Since many climate models apply larger values of diapyc-
nal or vertical diffusivity than is observed and used in our
simulation, further investigation of the issue is needed.

As a consequence of weak mixing in the pycnocline,
both our simulations and scalings show that the dynamics
of the NADW cell differs fundamentally from that of the
bottom cell. This is due to the different sources of poten-
tial energy. While the upper cell in simulations and scal-
ing was driven by Southern Ocean wind stress, the bottom
cell needs to be driven by mixing. Consequently, the rela-
tion between vertical extent and volume transport of the up-
per cell is consistent with a WBC with very little diffusion-
driven upwelling within the basin, i.e. vertical extent in-
creases along with volume transport. The upwelling within
the bottom overturning circulation, on the other hand, is con-
sistent with a vertical advection-diffusion-balanceand there-
fore driven by mixing. Consequently, the vertical extent of
the bottom cellH decreases with increasing volume trans-
portM (equation (3)).

In the limit of very strong NADW inflow the properties
of the bottom cell are merely a function of the density differ-
ence between the inflowing water masses∆ρG. These satu-
ration relationsM∞ (∆ρG) andH∞ (∆ρG) can be used as a
scale for the bottom cell and provide a transformation for-
mular for paleodata.

A Derivation of the Advection-Diffusion balance
equation

In this section we give a derivation for equation (2) which reflects the
vertical balance of eddy-diffusion and advection of density within the
Atlantic bottom cell. Note that we seek an expression for thelarge scale
relation between the overturning strengthM and the densities within
the bottom overturning cell. As in (Munk 1966) and (Munk and Wun-
sch 1998), we assume a local balance of the vertical terms of the equi-
librium tracer equations and a linear dependence of densityon both
temperature and salinity as well as the same eddy-diffusivity for tem-
perature and salinity to get

κ ·∂ 2
z ρ = w ·∂zρ (11)

Note that in most of the ocean∂zρ ≤ 0 and∂ 2
z ρ ≤ 0 which yields,

in regions where equation (11) is valid, an upwellingw ≥ 0. For a
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spatially constant coefficient of vertical mixingκ , we obtain a general
solution

ρ (z) = ρSOB −δ ρ0 ·

∫ z/H

0
dη eI(H·η) (12)

whereδ ρ0 is a constant of integration and

I (H ·η)≡

∫ H·η

0
dz′

w(z′)
κ

(13)

The integration interval starts at the center of the inflowing AABW
branch where the density is defined asρSOB. At the depth of the south-
ward return flow of the bottom cell equation (12) becomes

ρSOB −ρb = δ ρ0

∫ 1

0
dη eI(H·η) (14)

The upwelling velocityw has a maximum valuewmax at the center
of the overturning cell. In order to obtain a scaling of the overturning
strength and the density differences, let us focus on the specific func-
tional form ofw(z). By changing integration variables in equation (13)
we obtain

I (H ·η) =

∫ η

0
dη ′ H ·w(η ′ ·H)

κ
=

H ·wmax

κ
·

∫ η

0
dη ′ f

(

η ′
)

Here f (η ′) ≡ w(H ·η ′)/wmax is a dimensionless which describes the
shape ofw(z) but not its scaling. Sincew≥ 0, I(Hη) has a maximum at
η = 1. In equation (15) this maximum appears in the exponential and
therefore dominates the integral. By use of the saddle-knotapproxima-
tion we can replace the integral by the value at the maximum ofthe
exponent which leads to

ρSOB −ρb ≈ δ ρ0 ·H ·
wmax

κ
·C (15)

The constantC ≡
∫ 1

0 dη f (η ′) depends only on the normalized func-
tional form of w(z). For a quadratic profile it isC = 2/3, for a fourth
order polynomialC = 4/5. We do not use this parameter for tuning
purposed but simply apply the limit of an infinite order polynomial,
C = 1, which corresponds to a very sharp transition of the upwelling
velocity. Assuming horizontally uniformwmax, an integration over the
horizontal plane in the center of the cell yields equation (2).

B Details of the simulations with CLIMBER-3α

Starting from the pre-industrial equilibrium simulation of CLIMBER-
3α (Montoya et al 2005) with background vertical diffusivityκ =
0.1 ·10−4m2 s−1, we applied anomalous freshwater flux to the ocean
surface in the Atlantic. In order to test the robustness of the mecha-
nism we conducted two classes of experiments. We first conducted four
experiments with anomalous freshwater flux of−0.4,−0.2,−0.1 and
0.1Sv in the tropical Atlantic (18.75◦N to 18.75◦S and from 11.25◦W
to the western Atlantic coast) which are shown as triangles in figures 5,
6 and 7. For these experiments, the freshwater flux was compensated by
a negative flux in the tropical Pacific (7.5◦N to 7.5◦S and from 138.7◦E
to the American Pacific coast).

In the second class of experiments (plotted as solid dots in fig-

ures 5, 6 and 7) we prescribed the momentum flux at the surface of

the ocean from the NCEP-NCAR reanalysis (Kalnay et al 1996) and

applied an anomalous freshwater fluxes of 0.05,0.075,0.1 and 0.15Sv

directly to the convection site regions (52◦N to 80◦N by 48◦W to 15◦E,

excluding regions of shallow water along the northern European coast

at 52◦N to 64◦N by 12◦W to 8◦E and along the Greenland coast at

63◦N to 72◦N by 31◦W to 22◦W) without compensation. This set-up

allows us to demonstrate the robustness of the mechanism andcaptures

a larger range of NADW overturning strength. In order to assure quasi-

equilibrium, all simulations where started from a control run with more

than 4000 simulation years and were run for at least 3000 years with

anomalous freshwater forcing. The strength of the upper overturning

cell m was defined as the volume transport crossing the Atlantic from

33.75◦N to 33.75◦S. Due to the different physical nature of the At-

lantic reverse bottom cell, its strengthM was computed as the mini-

mum of the stream function at 33.75◦S. The vertical extentH of the

return flow was diagnosed as half the difference between 5000m depth

and the depth of the zero-line of the stream function at 18.75◦S. The

vertical extent of the upper cellh was defined as the distance between

the zero-line of the stream function and its maximum at the same lat-

itude, 18.75◦S. The error-bars were obtained by taking minimum and

maximum of the same heights between 33.75◦S and the equator. These

definitions were chosen to capture the conceptual ideas usedin the the-

ory.
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